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Foreword

The Intergovernmental Panel on Climate Change (IPCC)
was jointly established by our two organizations in 1988,
under the chairmanship of Prof. Bert Bolin, in order to: (i)
assess available scientific information on climate change,
(ii) assess the environmental and socio-economic impacts
of climate change, and (iii) formulate appropriate response
strategies.

The IPCC First Assessment Report was completed in
August 1990. The Report became a standard work of
reference, widely used by policymakers, scientists and
other experts, and represented a remarkable co-ordinated
effort by hundreds of specialists from all over the world.

Following the completion of the IPCC First Assessment
Report and the holding of the Second World Climate
Conference (Geneva, October-November, 1990),
intergovernmental negotiations began on the elaboration of
a UN Framework Convention on Climate Change
(UNFCCC). Appreciating that the treaty negotiators
would need the most up-to-date information on climate
change, the Panel in 1991 undertook to review critically
the key conclusions of its 1990 Report in the light of new
data and analyses. The Panel published its 1992 update a
few months ahead of the UN Conference on Environment
and Development (Rio de Janeiro, June, 1992), where the
Convention was signed by most of the world’s nations.

In 1991-93, after some reorganization and with the
endorsement of UNEP and WMO, the Panel committed
itself to produce a Second Assessment Report in 1995,
covering the same range of topics as in 1990 as well as the
new subject area of technical issues related to the
economic aspects of climate change. The Panel was aware
that the Conference of the Parties to the UNFCCC (CoP)
was likely to meet before the 1995 report was complete. It
therefore undertook to produce for the first session of the
CoP, a Special Report covering selected key topics of
particular interest to the UNFCCC. The Special Report
consists of:

* Radiative Forcing of Climate Change, with a
Summary for Policymakers

* An Evaluation of the IPCC 1S92 Emission
Scenarios, also with a Summary for Policymakers

¢ IPCC Technical Guidelines for Assessing Climate
Change Impacts and Adaptations

» IPCC Phase I Guidelines for National Greenhouse
Gas Inventories

The present volume, Climate Change 1994, contains the
first two items on radiative forcing of climate change and
an evaluation of emission scenarios. The two Guidelines
are stand-alone documents and are being published as
such.

As usual in the IPCC, success in producing this report
has depended upon the enthusiasm and co-operation of
busy scientists and technical experts world-wide. We are
exceedingly pleased to note here the very special efforts
undertaken by the IPCC in ensuring the participation of
experts from the developing and transitional economy
countries in its activities, in particular in the writing,
reviewing and revising of its reports. This has been a
worthwhile and timely capacity-building exercise. The
experts have given of their time very generously, and
governments have supported them, in the enormous
intellectual and physical effort required, often going
substantially beyond reasonable demands of duty. Without
such conscientious and professional involvement the JPCC
would be greatly impoverished. We express to all these
experts our grateful and sincere appreciation for their
commitment.

We take this opportunity to express our gratitude, for
nurturing another IPCC report through to a successful
completion, to: Prof. Bolin, the Chairman of the IPCC, for
his able leadership; the Co-Chairmen of the three IPCC
Working Groups, Sir John Houghton and Drs L.G. Meira
Filho, R.T. Watson, M.C. Zinyowera, J.P. Bruce and
Hoesung Lee; the Technical Support Units of the Working
Groups; and to the IPCC Secretariat in Geneva under the
leadership of Dr N. Sundararaman, the Secretary of the
IPCC.

G.O.P. Obasi

Secretary-General
World Meteorological Organization

Elizabeth Dowdeswell

Executive Director
United Nations Environment
Programme
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Part I

Radiative Forcing of Climate Change

Prepared by Working Group I

IPCC reports are formally described as “approved” or “accepted”. An “approved”
report has been subject to detailed, line-by-line discussion and agreement in a plenary
session of the relevant IPCC Working Group. For practical reasons only short
documents can be formally approved, and larger documents are “accepted” by the
Working Group, signifying its view that a report presents a comprehensive, objective
and balanced view of the subject matter. In this Part, the Summary for Policymakers
has been approved, and Chapters 1 to 5 have been accepted by Working Group I.






Preface to WGI Report

This report is the third produced by the Scientific
Assessment Working Group of IPCC. The first
comprehensive report on Climate Change (1990)
concluded that continued accumulation of anthropogenic
greenhouse gases in the atmosphere was likely to lead to
measurable climate change. The 1990 report also
introduced the concept of the Global Warming Potential
(GWP) which allows the cumulative warming effect of
different gases to be compared. Values for the GWPs of a
range of greenhouse gases were published, the values
including both the direct component due to the gas itself,
and the indirect component arising from the breakdown
products of greenhouse gases.

The IPCC Supplementary Report (1992) confirmed the
essential conclusions of the 1990 assessment concerning
our understanding of climate and the factors affecting it. It
reported progress in quantifying two factors other than
anthropogenic greenhouse gases which influence radiative
forcing: the depletion of ozone in the stratosphere (by
CFCs), and the effect of aerosols produced primarily by
industrial emissions but also by biomass burning and other
processes. Further research in atmospheric chemistry was
revealing a more complicated picture than was first
thought, and the updated values of GWP in the 1992 report
quoted only the direct component of the GWP, and not the
indirect.

A second comprehensive assessment, spanning all
working groups, will be completed in late 1995. It has
been recognised, however, that the first Conference of the
Parties (scheduled for March 1995) of the United Nations
Framework Convention on Climate Change (UNFCCC)
would require, at an earlier date, scientific and technical
advice on several key issues. This 1994 report has been
prepared to help meet this need and covers two main
topics.

The first topic concerns the relative importance
(determined here using the concept of radiative forcing) of
anthropogenic increases in atmospheric concentrations of
different greenhouse gases and aerosols. The latest
information is presented about the sources and sinks of
greenhouse gases and aerosols, and values of GWP are
updated.

The second topic, concerning the stabilisation of
greenhouse gas concentrations in the atmosphere, arises in
the context of Article 2 of the UNFCCC:

“The ultimate objective of this Convention and any
related legal instruments that the Conference of the
Parties may adopt is to achieve, in accordance with the
relevant provisions of the Convention, stabilization of
greenhouse gas concentrations in the atmosphere at a
level that would prevent dangerous anthropogenic
interference with the climate system. Such a level should
be achieved within a time-frame sufficient to allow
ecosystems to adapt naturally to climate change, to
ensure that food production is not threatened and to
enable economic development to proceed in a

’

sustainable manner.’

The 1995 report from all three IPCC Working Groups
will address issues raised by Article 2 more
comprehensively, including the likely impacts of different
levels and time-scales of stabilisation. The present report
presents a preliminary investigation into levels of
greenhouse gas emissions that might lead to stable
atmospheric concentrations.

This report was compiled between February 1993 and
September 1994 by 25 Lead Authors from 11 countries;
for their enthusiasm, commitment and sheer hard work we
express our grateful thanks. Over 120 contributing authors
from 15 countries submitted draft text and information to
the Lead Authors and over 230 reviewers from 31
countries submitted valuable suggestions for improvement
during the two-stage review process, and to them also we
eXpress our sincere appreciation.

The task of keeping the whole process together and on
schedule fell to the IPCC Secretariat in Geneva -
Narasimhan Sundararaman (IPCC Secrctary), Sam
Tewungwa, Rudie Bourgeois, Cecilia Tanikie, Chantal
Ettori - and to the Working Group 1 Technical Support
Unit in Bracknell - Bruce Callander, Neil Harris, Kathy
Maskell, Fay Mills, Aric Kattenberg and, in particular
recognition of her careful and thorough work in preparing
the text of the report for final publication, Judy Lakeman.
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For their endurance, diligence, and persistent good-humour
we are very grateful. Lastly we acknowledge with
appreciation the work of the Graphics Section of the UK
Meteorological Office, who prepared the final diagrams
for this publication.

Bert Bolin
IPCC chairman

John Houghton
Co-chair (UK) IPCC WGI

L. Gylvan Meira Filho
Co-chair (Brazil) IPCC WGI

Preface to Part I



Dedication

ULRICH SIEGENTHALER: 1941 to 1994

The present IPCC 1994 report is dedicated to our long-
time friend Uli Siegenthaler. Uli has made major
contributions to the scientific community and to the
Intergovernmental Panel on Climate Change, which has
benefited from his sound scientific background, his
profound understanding of climate processes, and his long-
term experience in the field of Earth System Science. As a
lead author, he was actively involved and interested in the
IPCC debate, and his efforts helped shape this and past
IPCC assessments into excellent reference books.

Uli Siegenthaler was born in 1941 in the Bernese
Oberland, Switzerland, and started his scientific career
studying physics at the Eidgendssische Technische
Hochschule in Ziirich. After receiving his master’s degree,
he joined the group of Prof. H. Oeschger at the Physics
Institute in Bern, where he completed his thesis studies on
the application of stable isotopes to water cycle studies. In
Bern Uli married llse, and together they raised a family of
two children.

His research was characterised by quality and by a
readiness to cross interdisciplinary boundaries. His style
was quiet and modest. At the Physics Institute of the
University of Bern he was the leader of the carbon cycle
modelling group and was deeply involved in the
development of various carbon cycle models, well known
by experts as the box-diffusion model, the outcrop-
diffusion model, and the HILDA-model. He also helped
shape the carbon cycle studies at Princeton University. It
is a reflection of the quality of Uli’s research that the Bern-
carbon cycle model is used in the present and previous
IPCC assessments as a reference for scenario calculations.

Certainly, his models of the oceanic uptake of
anthropogenic CO, have set the standards for work in this
area. His many review articles demonstrate his in-depth
knowledge of the global carbon cycle and the problems
related to the anthropogenic perturbation in particular. As
well as the future evolution of the carbon cycle he was also
interested in past natural variations of the atmospheric CO,
levels, and Uli’s models of ice-age CO, concentrations
have been used by many other researchers.

Uli Siegenthaler was not only a brilliant scientist, but
also an cxcellent teacher. He shared his broad knowledge
and his scientific interest with his students teaching many
different courses on Earth System Science as well as
Introductory Physics and Atomic Physics. His sound
theoretical background and his clear logic made every one
of his lectures a special event. He was an excellent
advisor: his friendly and quiet character combined with his
scientific excellence created a pleasant and stimulating
environment for his many students over the years, and we
all could count on his thorough and honest, yet gentle,
critique of our work.

Uli Siegenthaler’s death in July 1994 was a great loss to
us and the scientific community. For all of us, Uli was a
good friend. We will sorely miss his kind and gentlemanly
manner as well as his scientific creativity.

This tribute was prepared by Fortunat Joos, Thomas Stocker, Hans
Ocschger and colleagues, Climate and Environmental Physics, Physics
Institute, Sidlerstr. 5, CH-3012 Bern, in response to the unanimous wish
of all the Lead Authors that this report should be dedicated to the memory
of Uli Siegenthaler.
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EXECUTIVE SUMMARY

Introduction

In its first Scientific Assessment of Climate Change in
1990 the IPCC concluded that the increase of greenhouse
gas concentrations due to human activities would result in
a warming of the Earth’s surface. “Radiative forcing” is
the name given to the effect which these gases have in
altering the energy balance of the Earth—atmosphere
system and, using this concept, the 1990 report introduced
a tool for policymakers, the Global Warming Potential,
which allowed the relative warming effect of different
gases to be compared. Other factors, natural and human,
also cause radiative forcing. The 1990 report not only
examined these factors but also reviewed a wide range of
information on how climate has behaved in the past and
how it might change in the future as a result of human
influence.

The 1992 IPCC Supplementary report reviewed the key
conclusions of the 1990 report and affirmed the basic
understanding of climate change contained in the 1990
report. It did, however, provide more detail on two sources
of negative radiative forcing — depletion of ozone in the
stratosphere, and aerosols derived from anthropogenic
emissions.

The scope of the present report covers only those factors
which cause radiative forcing of climate change, and
includes updated values of Global Warming Potentials.
The full range of topics related to climate, including the
response of climate to radiative forcing, will be covered in
the second IPCC Scientific Assessment, scheduled for
publication in 1995.

Major new results since IPCC 1992

These new findings add to the detail of our knowledge but
do not substantially change the essential results concerning
radiative forcing of climate which appeared in the 1990 or
the 1992 IPCC scientific assessments.

* Revised values of Global Warming Potentials
(GWPs) — compared to GWPs listed in the 1992
IPCC report most values are larger by typically 10 to
30%. The uncertainties in the new GWPs are
typically +35%.

* Revised methane GWP — includes both direct and
indirect effects. While the product of the revised
GWP for methane and the current estimated annual
anthropogenic emissions is significantly less than
that of carbon dioxide over a 100-year time horizon,
it is comparable over a 20-year time horizon.

* Stabilisation of atmospheric carbon dioxide
concentrations — a range of carbon cycle models
indicates that stabilisation of atmospheric carbon
dioxide concentration at all considered levels between
one and two times today’s concentrations (that is to
say, between 350 and 750 ppmv!) could be attained
only with global anthropogenic emissions that
eventually drop to substantially below 1990 levels.

» Improved estimation of forcing by aerosols — model
calculations indicate that the negative radiative
forcing from sulphate aerosols and aerosols from
biomass burning, when globally-averaged, may be a
significant fraction of the positive radiative forcing
caused by anthropogenic greenhouse gases since the
pre-industrial era. However, the estimates of the
aerosol radiative forcing are highly uncertain,
moreover the forcing is highly regional and cannot
be regarded as a simple offset to greenhouse gas
forcing.

* Recent low growth rate of carbon dioxide
concentration is not unusual> — between 1991 and
1993 the rate of increase in the atmospheric

11 ppmv = 1 part per million by volume.

2 In the sense that anomalies in the growth rate of atmospheric
carbon dioxide are not unusual. The anomaly of the early 1990s
does have some unusual features in terms of its magnitude,
duration and its coincidence with the decrease in the growth rate
of methane, but it remains too carly to identify either the causes
of the 1990s’ anomaly or its significance to the long-term growth
of carbon dioxide. See the box: “Variations in the growth rates
of carbon dioxide and mecthane concentrations” to be found on
page 24.



concentrations of carbon dioxide slowed
substantially compared to the average rates of
increase over the previous decade. However, the
modern observational record for carbon dioxide
since the 1950s contains other periods of similarly
low growth rates. In the latter half of 1993, the
carbon dioxide growth rates increased.

*  Sharp reduction in methane growth rate — the rate
of increase of the atmospheric abundance of methane
has declined over the last decade, slowing
dramatically in 1991 to 1992, though with an
apparent increase in the growth rate in late 1993.

*  Climatic impact of Mt. Pinatubo — the eruption of
Mt. Pinatubo in June 1991 produced a large,
transient increase of stratospheric aerosols which
resulted in a surface cooling over about 2 years
estimated from observations to be about 0.4 °C,
consistent with model simulations which predicted a
global mean cooling of 0.4 to 0.6 °C.

*  Global carbon budget — New estimates of terrestrial
carbon uptake during the 1980s have better
quantificd the known sinks, particularly forest
regrowth in the Northern Hemisphere.

Sources of radiative forcing and their magnitude

Anthropogenic and natural factors cause radiative forcing
of various magnitudes and of different signs. The concept
of radiative forcing enables us to compare the potential
cffects of different factors, though care must be taken
where these factors have large secasonal or regional
variation.

First, we consider the gases carbon dioxide, methane,
nitrous oxide and the halocarbons which have increased
through human activities and which are well-mixed
throughout the atmosphere.

¢ The increase in carbon dioxide (CO,) since the pre-
industrial cra (from about 280 to 356 ppmv) makes
the largest individual contribution to greenhouse gas
radiative forcing: 1.56 Wm-2, consistent with
previous [PCC reports.

* The increase of methane (CHy) since pre-industrial
times (from 0.7 to 1.7 ppmv) contributes about
0.5 Wm to radiative forcing.

* The increase in nitrous oxide (N,O) since pre-
industrial times (from about 275 to about 310 ppbv!)
contributes about 0.1 Wm'? to radiative forcing.

Radiative Forcing of Climate Change

e The observed concentrations of halocarbons,
including CFCs 11, 12, 113, 114, 115, methyl-
chloroform and carbon tetrachloride, have resulted in
a direct radiative forcing of about 0.3 Wm2.

* The atmospheric concentrations of a number of
HCFCs and HFCs, which are being used as
substitutes for halocarbons controlled under the
Montreal Protocol have increased substantially.
Their combined contribution to radiative forcing is,
however, still less than 0.05 Wm2 because of their
low atmospheric concentrations.

Second, we consider changes in concentrations of ozone
and aerosols which are believed to contribute significantly
to radiative forcing. Patterns of historical change in these
constituents are strongly regional in character, leading to
two important consequences: (i) estimates of their
globally-averaged radiative forcing are less certain than for
the well-mixed gases (because the patterns of change are
not well-quantified) and (ii) any negative forcing due to
aerosols cannot be regarded as a simple offset to the effect
of greenhouse gases (because the regional patterns of the
forcings are different). Nevertheless, we report such
estimates in order to provide a broad indication of their
relative magnitude.

* Limited observations and model simulations suggest
that tropospheric ozone in the Northern Hemisphere
has increased since pre-industrial times resulting in a
global average radiative forcing of 0.2 to 0.6 Wm™.

* Halocarbon-induced depletion of ozone in the
stratosphere has resulted in a negative global average
radiative forcing of about -0.1 Wm2. This has
occurred mainly since the late 1970s over which
period it has been of similar magnitude, but opposite
sign, to the forcing caused by the halocarbons. Prior
to the onset of significant ozone depletion the
radiative forcing due to the halocarbons was between
+0.1 and 0.2 Wm™.

* Anthropogenic particles in the atmosphere, derived
from emissions of sulphur dioxide and from biomass
burning, exert a net negative radiative forcing. The
direct forcings, globally averaged, are probably in
the ranges -0.25 to -0.9 Wm for sulphate aerosols
and -0.05 to -0.6 Wm2 for aerosols from biomass
burning. The indirect effect of aerosols, due to their
effect on cloud properties, may cause a further
negative forcing of a magnitude similar to the direct
effect. The forcing shows large regional variations,

' 1 ppbv = 1 part per billion (thousand million) by volume.
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with the largest values in industrialised regions in the
Northern Hemisphere.

Third, we consider natural factors which can also exert
positive or negative radiative forcings.

» Since about 1850 a change in the Sun’s output may
have resulted in a positive radiative forcing
estimated at between 0.1 and 0.5 Wm™2,

*  Some volcanic eruptions, such as that of Mt. Pinatubo
in June 1991, result in a short-lived (a few years)
increase in aerosols in the stratosphere, causing a
large (about -4 Wm2 in the case of Mt. Pinatubo)
but short-lived negative radiative forcing of climate.
The effect of the Mt. Pinatubo eruption has been
detected in the observed temperature record.

Trends in greenhouse gas and aerosol concentrations

* Over the decade 1980 to 89 the atmospheric
abundance of CO, increased at an average rate of
about 1.5 ppmv (0.4% or 3.2 billion tonnes of
carbon) per year as a result of human activities,
equivalent to approximately 50% of anthropogenic
emissions over the same period.

» The rate of increase of the atmospheric abundance of
methane has declined over the last decade, slowing
dramatically in 1991 to 1992, though with an
apparent increase in the growth rate in late 1993. The
average trend over 1980 to 1990 is about 13 ppbv
(0.8% or 37 million tonnes of methane) per year.

* The atmospheric abundance of nitrous oxide
increased at an average annual rate (1980 to 1990) of
about 0.75 ppbv (0.25% or 3.7 million tonnes of
nitrogen) per year. The observations indicate that the
growth rate varied during this period.

* The rates of increase of atmospheric concentrations
of several major ozone-depleting halocarbons have
fallen, demonstrating the impact of the Montreal
Protocol and its amendments and adjustments. The
total amount of organic chlorine in the troposphere
increased by only 1.6% in 1992, about half of the
rate of increase (2.9%) in 1989.

* The monitoring network for tropospheric ozone is
sparse, making detection of global trends difficult.
Since the 1960s concentrations of tropospheric
ozone have almost certainly increased over large
parts of the Northern Hemisphere but trends during
the 1980s were small and of variable sign.
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* Anthropogenic aerosol and precursor emissions have
increased over the past 150 years, but while local
trends (positive and negative) in concentrations are
evident, no clear picture emerges of a contemporary
global trend in atmospheric concentrations of
anthropogenic aerosols in the size range important
for radiative forcing.

The stabilisation of greenhouse gas concentrations

Several carbon cycle models have been used to study the
implications for future atmospheric concentrations of
carbon dioxide, of a range of global anthropogenic
emission scenarios. The same models have been used to
study the broad implications, in terms of emissions, of
stabilising carbon dioxide concentrations in the range
350 ppmv (near current levels) to 750 ppmv. Differences
in projected concentrations and emissions between models
are typically +15%; additional uncertainties arise from the
various assumptions and simplifications used. The
following results emerge:

¢ If carbon dioxide emissions were maintained at
today’s levels, they would lead to a nearly constant
rate of increase in atmospheric concentrations for at
least two centuries, reaching about 500 ppmv
(approaching twice the pre-industrial concentration)
by the end of the 21st century.

* A stable level of carbon dioxide concentration at
values up to 750 ppmv can be maintained only with
anthropogenic emissions that eventually drop below
1990 levels.

» To a first approximation the eventual stabilised
concentration is governed more by the accumulated
CO, emissions from now until the time of
stabilisation, and less by the exact path taken to
reach stabilisation. This means that, for example, for
a given stabilisation scenario, higher emissions in
early decades imply lower emissions later on. For the
range of arbitrary stabilisation cases studied,
accumulated emissions to the end of the 21st century
were between 300 and 430 GtC! for stabilisation at
350 ppmv, between 880 and 1060 GtC for
stabilisation at 550 ppmv, and between 1220 and
1420 GtC for stabilisation at 750 ppmv. For
comparison the corresponding accumulated
emissions for IPCC 1S922 emission scenarios are 770
to 2190 GtC.

' 1GtC = 1 billion tonnes of carbon.
2 In 1992 IPCC producted six scenarios, termed 1S92a—f, for
futurc emissions of greenhouse gases and their precursors.
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If methane emissions were maintained at today’s levels,
atmospheric concentrations would effectively stabilise
within 50 years at about 1900 ppbv, 11% higher than at
present. Conversely, a reduction in annual methane
emissions to levels about 35 million tonnes (roughly 10%
of anthropogenic emissions) below current levels would
stabilise concentrations at today’s levels. (This calculation
assumes that natural sources and atmospheric losses of
methane are not affected by changing climate and
atmospheric composition over the next century.)

If emissions of nitrous oxide were maintained at today’s
levels, atmospheric concentrations would effectively
stabilise after several centuries at about 400 ppbv, 30%
higher than at present and 50% above pre-industrial levels.
Conversely a reduction of more than 50% of
anthropogenic sources would stabilise concentrations at
today’s level of about 310 ppbv.

In contrast to the long-lived greenhouse gases, aerosols

Radiative Forcing of Climate Change

and tropospheric ozone are rapidly removed from the
atmosphere and stabilisation of precursors would lead
quickly to stable atmospheric concentrations.

The predictions of changes in atmospheric chlorine
loading indicate that the depletion of stratospheric ozone
should peak within the next decade and then slowly
recover during the first half of the next century.

Global Warming Potential

Revised GWPs have been calculated. Furthermore, GWPs
have been calculated for a number of new species, in
particular hydrochlorofluorocarbons (HCFCs), hydro-
fluorocarbons (HFCs) and perfluorocarbons (PFCs).

The GWP concept is difficult to apply to short-lived
species (for example, oxides of nitrogen, non-methane
hydrocarbons and aerosols). New tools need to be
developed to characterise their radiative forcing.




Radiative Forcing of Climate Change

1 What is Radiative Forcing?

The ultimate energy source for all weather and climate is
radiation from the Sun (called solar or short-wave
radiation). Averaged globally and annually, about a third
of incoming solar radiation is reflected back to space. Of
the remainder, some is absorbed by the atmosphere, but
most is absorbed by the land, ocean and ice surfaces. The
solar radiation absorbed by the Earth’s surface and
atmosphere (which amounts to about 240 Wm™?2) is
balanced at the top of the atmosphere by outgoing
radiation at infrared wavelengths (Figure 1). Some of the
outgoing infrared radiation is trapped by the naturally
occurring greenhouse gases (principally water vapour, but
also carbon dioxide (CO,), ozone (O,), methane (CH,) and
nitrous oxide (N,O)) and by clouds, which keeps the
surface and troposphere! about 33 °C. warmer than it
would otherwise be. This is the natural greenhouse effect.
In an unperturbed state, the net incoming solar radiation at
the top of the atmosphere, averaged over the globe over

Net incoming solar

radiation
240 Wm~2
Incoming
solar radiation
343Wm—2

Solar radiation
passes through the
clear atmosphere

/5

long periods of time, must be balanced by net outgoing
infrared radiation (Figure ).

A change in average net radiation at the top of the
troposphere (known as the tropopause). because of a
change in either solar or infrared radiation, is defined for
the purpose of this report as a radiative forcing. A
radiative forcing perturbs the balance between incoming
and outgoing radiation. Over time climate responds to the
perturbation to re-establish the radiative balance. A
positive radiative forcing tends on average to warm the
surface; a negative radiative forcing on average tends to
cool the surface. As defined here, the incoming solar
radiation is not considered a radiative forcing, but a change
in the amount of incoming solar radiation would be a
radiative forcing.

ATMOSPHERE

! The troposphere is the lower part of the atmosphere from the
surface to around 10-15 km.

Net outgoing infrared
radiation

240 Wm-2

Some solar radiation is
reflected by the earth’s
surface and the atmosphere

103 Wm—2

Some of the infrared
radiation is absorbed
and re-emitted by the
greenhouse gases.
The effect of this is to
warm the surface
and the troposphere

Figure 1: A simplified diagram illustrating the global long-term radiative balance of the atmosphere. Net input of solar radiation
(240 Wm2) must be balanced by net output of infrared radiation. About a third (103 Wm2) of incoming solar radiation is reflected and
the remainder is mostly absorbed by the surface. Outgoing infrared radiation is absorbed by greenhouse gases and by clouds keeping

the surface about 33 °C warmer than it would otherwise be.
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For example, an increase in atmospheric CO,
concentration leads to a reduction in outgoing infrared
radiation and a positive radiative forcing. For a doubling of
the pre-industrial CO, concentration, in the absence of any
other change, the global mean radiative forcing would be
about 4 Wm™2. For balance to be restored, the temperature
of the troposphere and of the surface must increase,
producing an increase in outgoing radiation. For a
doubling of CO, concentration, the increase in surface
temperature at equilibrium would be just over 1 °C, if other
factors (e.g., clouds, tropospheric water vapour and
acrosols) are held constant. Taking internal feedbacks into
account, the 1990 [PCC report estimated that the increase
in global average surface temperature at equilibrium
resulting from a doubling of CO, would be likely to be
between 1.5 and 4.5 °C, with a best estimate of 2.5 °C.

Other anthropogenically emitted gases which act in the
same way as CO, and contribute to an enhanced
greenhouse effect arc CH,, NZO, and CFCs and other
halocarbons. Some minor atmospheric constituents, such
as the nitrogen oxides (NO,) and carbon monoxide (CO),
although not important greenhouse gases in their own
right, can influence the concentration of some greenhouse
gases (tropospheric ozone in particular) through
atmospheric chemistry. Contributions of this kind are
known as indirect radiative forcings.

Human activity has also led to an increase in the
abundance of acrosols in the troposphere, mainly produced
by oxidation of sulphur dioxide and from biomass burning,
which cause a direct radiative forcing through their
reflection and absorption of solar radiation. An indirect
radiative forcing effect is believed to result from the
influence of acrosols on the size of cloud droplets, and
hence on cloud reflectivity. The radiative effects of
acrosols are mainly negative and tend to cool the surface.

Natural factors, such as an increase in aerosols in the
stratosphere produced by volcanic activity, or changes in
the Sun’s output, can also lead to radiative forcing.

The magnitude and timing of climate change due to
human depend on the ultimate
concentrations of greenhouse gases and aerosols and their

activities will

rates of growth and on the detailed response of the climate
system.

Radiative forcing, averaged globally, has been used to
compare the potential climatic effect of different climate
change mechanisms. For a range of mechanisms there
appears to be a similar relationship between global mean
radiative forcing and global mean surface temperature
change. However, the applicability of global mean
radiative forcing to mechanisms such as changes in ozone
or tropospheric aerosols which are spatially very
inhomogencous, is unclear. The degree of offset between
the positive global mean radiative forcing from greenhouse
gases and the negative forcing from aerosols may be an
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unreliable guide to the climatic consequences. For
example, even a net global mean radiative forcing of zero
could still lead to regional and possibly even global-scale
climate changes, if the forcing mechanisms have different
geographical distributions. This issue is beginning to be
addressed through the use of climate models and a more
detailed assessment can be expected in the 1995 IPCC
report. Because of these problems, we avoid summing the
various positive and negative contributions of the human-
induced global mean radiative forcing to produce a net
anthropogenic forcing.

It should also be noted that climate variations are
believed to occur in the absence of any radiative forcing as
a result of the complex interactions between the
atmosphere and oceans and, possibly, the cryosphere, land
surface and biosphere.

2 Carbon Dioxide (CO,)

2.1 How Has the Atmospheric Concentration of CO,
Changed in the Past?

CO, levels in the atmosphere have increased since the pre-
industrial period! from about 280 to about 356 ppmv
(Figure 2a). We know this from analysis of air trapped in
ice cores and, since the late 1950s, from precise, direct
measurements of atmospheric concentration. The radiative
forcing due to this increase is 1.56 Wm2 (Figure 3).
Evidence that the observed increase in atmospheric CO,
concentration is due to anthropogenic activity comes from
the following facts.

* The long-term rise in atmospheric CO, closely
follows the increase in anthropogenic CO, emissions
(Figure 2a).

* Although CO, is well-mixed in the atmosphere,
concentrations are slightly higher in the Northern
Hemisphere (due to higher emissions). The increase
in the inter-hemispheric gradient is growing in
parallel with CO, emissions.

* Fossil fuel and biospheric carbon have a lower ratio
of the carbon isotope '3C to the isotope '2C. Fossil
fuels contain no “C because of their age. Decreases
since pre-industrial times in the 13C:12C isotope ratio
and in '“C are fully consistent with the addition of
fossil fuel and biospheric carbon by human activity.

Average rates of CO, concentration increase during the
1980s were 0.4% or 1.5 ppmv/yr. This is equivalent to
3.2 GtC/yr, approximately 50% of total anthropogenic CO,

! The pre-industrial period is defined as the average over several
centuries before 1750.
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emissions. On decadal time-scales, the proportion of
anthropogenic CO, emissions remaining in the atmosphere
has stayed remarkably constant (at around 50%). The
growth rate of atmospheric CO, concentration slowed
during 1991 to mid-1993, although recently rates of
growth have started to rise (Figure 2b). Short-term changes
in growth rate are common in the past record of CO,. See
box on “Variations in the growth rates of CO, and CH,
concentrations”.

2.2 Sources and Sinks of CO, — Our Current
Knowledge of the Carbon Budget

Our understanding of the carbon cycle has improved since

previous IPCC reports, particularly in our knowledge of

how the removal of CO, from the atmosphere is

distributed between the sinks in the ocean and on land, and
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in the preliminary quantification of feedbacks.
Considerable quantitative uncertainty remains regarding
the processes which contribute to the sinks on land and in
the ocean.

The main anthropogenic sources of CO, are the burning
of fossil fuels (with additional contributi(;ns from cement
production) and land-use changes. Over the period 1980 to
1989 the average emissions from fossil fuel burning and
cement production were 5.5 + 0.5 GtC/yr.

Land-use changes cause both release and uptake of CO,.
On average, CO, will be released to the atmosphere if the
original ecosystem stored more carbon than the modified
ecosystem which replaces it. Deforestation acts as a CO,
source. In the current (1980 to 1989) budget, tropical
deforestation is estimated to result in an average emission
to the atmosphere of 1.6 + 1.0 GtC/yr. However, in
Northern Hemisphere mid- and high latitudes there are
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ARE THE COa
SATURATED?
The greenhouse effect of CO, is mainly due to its
absorption bands between wavelengths of 14 um! and
18 um. There is a current misconception that, because
there is already so much CO, in the atmosphere,
absorption is saturated and addition of more CO, will
not increase the greenhouse effect. Infrared absorption
by CO, is well understood and over a small part of the

ABSORPTION BANDS

spectrum, at the wavelength of strongest absorption
(15 um), increasing CO, causes little change in radiative
forcing because absorption is indeed almost saturated
there. However, at wavelengths greater and smaller than
I5um there is considerable capacity for increased
absorption and an enhancement of the greenhouse
effect.

At present concentrations of CO,, the relationship
between concentration change and radiative forcing is
strongly non-lincar. For greenhouse gases with much
smaller atmospheric concentrations the relationship is
lincar. This partly explains why changes in gases such
as CFCs in the present atmosphere have a larger effect
on radiative forcing, molecule for molecule, than does
CO,. The calculation of the radiative effects of CO,
explicitly includes overlap with water vapour (a
particularly important greenhouse gas) and clouds.

'um = 1 millionth of a metre.

arcas where forests are regrowing after clearing in the past
and where scquestration of CO, from the atmosphere is
now occurring; we estimate a net sink of 0.5 + 0.5 GtC/yr.
The latest estimate of net CO, release due to global land-
use changes is 1.1 = 1.2 GtC/yr. This figure is lower than
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that quoted in IPCC 1990 (1.6 £ 1.0 GtC/yr) because of the
inclusion of the estimate for Northern Hemispheric mid-
and high latitude uptake in regrowing forests.

The oceans are a large sink of anthropogenic CO,. At
present net global oceanic uptake cannot be measured
directly: it is estimated using models which describe the
exchanges between the surface and deep ocean and the
atmosphere. Such models can be tested by comparing the
distribution of radiocarbon (released as a result of atom
bomb tests in the 1950s and 1960s) from observations with
model simulations.

Table 1 shows that summation of the best current
estimates of CO, sources, sinks and atmospheric storage
leads to an apparent unattributed terrestrial sink of 1.4 =
1.5 GtC/yr. In previous IPCC reports this apparent
imbalance in the carbon budget was referred to as a
“missing sink”, a term now felt to be inappropriate as sink
mechanisms have been identified which could account for
the imbalance.

CO, fertilisation

Photosynthesis can be stimulated by increased levels of
CO,. Studies carried out on small-scale experimental
stands of vegetation, under optimal conditions of water and
nutrient supply, suggest potential increases in
photosynthesis of 20 to 40% when CO, is doubled.
However, attempting to quantify the effect on a global
scale is much more difficult. When the availability of
water and nutrients is taken into account the fertilisation
effect is likely to be reduced; several model results suggest
reduction by around a half. The interaction of CO,
fertilisation with the nitrogen cycle also has to be
considered; model results of this effect are contradictory.
During the 1980s CO, fertilisation may have accounted for
a sink of 0.5 to 2.0 GtC/yr.

Table 1: Annual average anthropogenic carbon budget for 1980 to 1989. CO, sources, sinks and storage in the

atmosphere are expressed in GtClyr.

CO, sources

(1) Emissions from fossil fuel and cement production 55+0.5
(2) Net emissions from changes in tropical land-use 1.6x1.0
(3) Total anthropogenic emissions = (1)+(2) 7.1+1.1
Partitioning amongst reservoirs

(+4) Storage in the atmosphere 32x02
(5) Ocean uptake 2008
(0) Uptake by Northern Hemisphere forest regrowth 05x05
(7} Additional terrestrial sinks (CO, fertilisation, nitrogen fertilisation,

climatic effects) = [(D+(2)]-[(H+()+(O)] 14+15
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Figure 3: Estimates of the globally averaged radiative forcing due to changes in greenhouse gases and aerosols from pre-industrial
times to the present day and changes in solar variability from 1850 to the present day. The height of the bar indicates a mid-range
estimate of the forcing whilst the lines show the possible range of values. An indication of relative confidence in the estimates is given
below each bar. The contributions of individual greenhouse gases are indicated on the first bar for direct greenhouse gas forcing. The
major indirect effects are a depletion of stratospheric ozone (caused by the CFCs and other halocarbons) and an increase in the
concentration of tropospheric ozone. The negative values for aerosols should not necessarily be regarded as an offset against the
greenhouse gas forcing because of doubts over the applicability of global mean radiative forcing in the case of non-homogeneously
distributed species such as aerosols and ozone (see Section 1 and Section 7).

Nitrogen fertilisation

Ecosystems receive substantial inputs of anthropogenic
nitrogen, which in many areas can act as a fertiliser and
could have increased terrestrial carbon storage by 0.2 to
1.0 GtC/yr in the 1980s. However, high levels of nitrogen
addition are often associated with acidification and high
surface ozone concentrations, which in the long term may
damage ecosystems and possibly reduce carbon storage.

2.3 CO, Concentrations in the Future

Understanding how CO, concentrations will change in the
future requires adequate knowledge of the relationship
(including its quantification) between CO, emissions and
atmospheric concentration using models of the carbon
cycle (see the box “Modelling the carbon cycle”).

Two questions are considered:

For a given CO, emission scenario, how might CO,
concentrations change in the future?

For a given CO, concentration profile leading to
stabilisation of the level of concentration, what
anthropogenic emissions are implied?

Results from a range of different carbon cycle models
are considered in order to assess the sensitivity of
calculated emission and concentration profiles to model
formulation. However, model intercomparison alone gives
an underestimate of uncertainty because the calculations
performed have the following limitations:

The carbon cycle models were calibrated to balance
the contemporary carbon budget according to earlier
estimates (IPCC 1990 and 1992), rather than the
budget shown in Table 1 which was not finalised
until after the model calculations had becn
completed. The differences between the 1990 and
1992 budgets and the budget in Table 1 are: (i) a
change in the estimate of atmospheric accumulation
from 3.4 to 3.2 GtCl/yr, and (ii) a reduction in the net
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MODELLING THE CARBON CYCLE

Carbon is exchanged between the atmosphere, the oceans, the terrestrial biosphere (Figure 4), and, on geological time-
scales, with sediments and sedimentary rocks. Fossil fuel burning, cement manufacture, and forest harvest and other
changes of land-use transfer carbon (as CO,) to the atmosphere. Although the anthropogenic flux of CO, is small
compared with mean natural fluxes (Figure 4), it is sufficient to perturb the carbon cycle. The additional anthropogenic
CO, cycles between the atmosphere, ocean, and marine and terrestrial biospheres. The net uptake of anthropogenic
CO,, particularly by the deep ocean, occurs slowly (for the oceans: on a time-scale of centuries), so addition of
anthropogenic CO, has a long-lasting effect on atmospheric concentration. For example, if CO, emissions were held
constant at present day levels, atmospheric concentrations would continue to rise for at least two centuries.

Key processes in the carbon cycle include:

*  The exchange of CO, between the atmosphere and ocean.

*  The exchange of CO, between the surface waters and long-term storage in the deep ocean.
*  The net release or uptake of CO, from changes in land-use practices (e.g., deforestation).

*  The photosynthetic uptake of CO, by land plants; the transfer of their carbon into long-term storage in wood and
soils; the response of these processes to changing CO, and climate, and the release of CO, back to the
atmosphere through plant and soil respiration.

To examine the relationship between CO, emissions and atmospheric concentration and to calculate future
concentration levels we need a model of the carbon cycle which explicitly includes all of the above elements.
However, most carbon cycle models include only simple representations of terrestrial biotic processes. The oceanic
components vary in complexity from a few simplified equations to spatially explicit, detailed descriptions of ocean
biology, chemistry, and transport processes. Attempts to model the effect of climate feedbacks on the carbon cycle are
only just beginning and are not included in most carbon cycle models. The calculation of future CO, concentrations

also requires assumptions regarding future anthropogenic CO, emissions.

source from changing land-use due to the inclusion
of a sink (0.5 GtC/yr) in Northern Hemisphere forest
regrowth. Atmospheric concentration changes
calculated by models calibrated using the 1990 and
1992 budgets are lower by as much as 5 to 10% (for
given cmissions) and emissions higher by a similar
amount (for given concentrations), compared with
results of models calibrated using the budget in
Table 1.

* The models include a sink term dependent on CO,
concentration (i.e., acting like a simple CO,
tertilisation effect) in order to balance the 1980 to
1989 carbon budget. This is an oversimplification
because: (i) CO, fertilisation is much more complex
than this: it depends on water and nutrient
availability and on the state of the future biosphere
(for example, deforestation of large areas would
incvitably lead to a weaker CO, fertilisation effect)
and (i1) other sink mechanisms exist which are
currently not modelled. but in reality are likely to

play a part in the carbon budget (e.g., nitrogen
fertilisation).

* No attempt is made to model climate feedbacks on
the carbon cycle (see Section 2.4).

2.3.1 For a given CO, emission scenario, how might CO,
concentrations change in the future?
Six greenhouse gas emission scenarios were described in
[PCC (1992), based on a wide range of future assumptions
regarding economic, demographic and policy factors. The
anthropogenic CO, emissions for these scenarios are
shown in Figure 5a. IS92c, which has the lowest CO,
emissions, assumes low population growth, low economic
growth and severe constraints on fossil fuel supplies. The
highest emission scenario (IS92e) assumes moderate
population growth, high economic growth, high fossil fuel
availability and a phase out of nuclear power. Figure 5b
shows the resulting CO, concentrations. All show
increases in concentration well above pre-industrial levels
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by 2100 (75 to 220% higher). None of the scenarios show
a stabilisation of concentration before 2100, although
1S92¢ produces slow growth in CO, concentration. 1592a,
b, e and f all produce a doubling of the pre-industrial CO,
concentration before 2070 with rapid rates of concentration
growth. Neither 1S92c¢ nor d results in doubled pre-
industrial CO, concentrations by 2100.

Stabilisation of current global emissions of CO, does
not lead to stabilisation of CO, concentration by 2100.
CO, concentrations reach about 500 ppmv by the end of
the 21st century (Figure 5c) and calculations show that
concentrations continue to increase slowly for several
hundred years.

2.3.2 For a given CO, concentration profile leading to
stabilisation, what anthropogenic emissions are
implied?

In the context of the ultimate objective of the UN

Framework Convention on Climate Change (quoted in the

preface to Part I of this report), it is important to

investigate, for all the greenhouse gases, the emission
profiles which would lead to stabilisation of their
concentration in the atmosphere. In this section CO, is
considered; because of the complex nature of the lifetime
of atmospheric CO,, the calculations for CO, are relatively
complex and therefore require considerable explanation.
The stabilisation of other greenhouse gases, CH, and N,0O,
for which the calculations are simpler, are considered in
later sections.

Carbon cycle models have been used to calculate the
emissions of CO, which would lead to stabilisation at a
number of different concentration levels (i.e., the inverse
of the type of calculation considered in Section 2.3.1).
These calculations are designed to illustrate the
relationship between CO, concentration and emissions.
Concentration profiles have been devised (Figure 6) which
stabilise at CO, concentrations from 350 to 750 ppmv (for
comparison, the pre-industrial CO, concentration was
close to 280 ppmv and the 1993 concentration was
356 ppmv).

The calculations which have been made so far are
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Figure 5: (a) Prescribed anthropogenic emissions of CO, (from
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range carbon cycle model (a range of results from different
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(¢) CO, concentrations resulting from constant projected year
2000 emissions (using the model of Wigley).

necessarily limited in their scope and ranges. They are
designed to illustrate the relationship between CO,
concentration and emissions. The selection of the range of
concentrations from 350 ppmv to 750 ppmv was arbitrary
and should not be construed as having any policy
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implications. Many different stabilisation levels, time-
scales for achieving these levels, and routes to stabilisation
could have been chosen. Those in Figure 6 give a smooth
transition from the current rate of CO, concentration
increase to stabilisation. As a result, the year of
stabilisation differs with stabilisation level from around
2150 for 350 ppmv to 2250 for 750 ppmv.

Figure 7 shows the model-derived profiles of total
anthropogenic emissions (from fossil fuel use, changes in
land-use and cement production) that lead to stabilisation
following the concentration profiles shown in Figure 6.
Initially emissions rise, followed some decades later by
quite rapid and large reductions. Stabilisation at any of the
concentration levels studied (350 to 750 ppmv) is only
possible if emissions are eventually reduced well below
1990 levels (Figure 7). For comparison the emissions from
1S92a, ¢ and e are shown up to 2100 in Figure 7.
Emissions for all the stabilisation levels studied are lower
than those for IS92a and e, even in the first few decades of
the 21st century. Emissions for the IS92c Scenario lie
between the emissions which in this study achieve
stabilisation at 450 and 550 ppmv.

The concentration profiles here are illustrative.
Stabilisation at the same level, via a different route, would
produce different curves from those shown in Figure 7.

Table 2: Emissions of carbon accumulated from 1990 to
the end of the 21st century leading to stabilisation of CO,
concentration at 350, 450, 550, 650, and 750 ppmv. The
range of uncertainty is derived from the spread of model
results. For comparison the accumulated emissions are
also shown for the I1S92 emission scenarios.

Accumulated emissions
from 1990 to 2100
(GtC)

e 2190

f 1830

a 1500

b 1430

d 980

c 770

Stabilisation Case

350 ppmv 300-430
450 ppmv 640-800
550 ppmv 880-1060
650 ppmv 1000-1240
750 ppmv 1220-1420
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Figure 6: Profiles of atmospheric CO, concentration leading to stabilisation at 350, 450, 550, 650 and 750 ppmv. Doubled pre-
industrial CO, concentration is 560 ppmv. The radiative forcing resulting from the increase in CO, relative to pre-industrial levels is
marked on the right-hand axis. Note the non-linear nature of the relationship between CO, concentration change and radiative forcing.

However, to a first approximation, the total amount of
emitted carbon accumulated over time (the area under the
curves in Figure 7), is relatively insensitive to the
concentration profile used. Stabilisation at a lower
concentration implies lower accumulated emissions
(Figure 8). Stabilisation of CO, concentration at or below
750 ppmv (the highest level studied) would require
accumulated emissions from 1990 to 2100 lower than
those occurring under the 1S92a, b, e and f Scenarios
(Table 2) and even lower in the next two centuries.

Figure 8 also shows the amount of carbon which
accumulates in the atmosphere (known as the airborne
fraction). On the century time-scale, the airborne fraction

depends on the level of stabilisation, ranging from 15-25%
(for 450 ppmv) to 30-40% (for 750 ppmv) of total
anthropogenic emissions.

Although the range of results from different models is
indicated in Figures 7 and 8, this is an underestimate of
uncertainty. Changing the assumptions regarding the
strength of the CO, fertilisation term indicated that future
atmospheric concentration may vary by about £15% from
the stabilisation levels shown in Figure 6. The results in
Figure 7 and 8 do not account for possible climate
feedbacks on the carbon cycle (see Section 2.4). Different
assumptions about land-use changes would give different
results. For example, if large areas were deforested the
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Figure 7: Illustrative anthropogenic emissions of CO, leading to stabilisation at concentrations of 350, 450, 550, 650 and 750 ppmv
following the profiles shown in Figure 6 (using a mid-range carbon cycle model). The range of results from different models is
indicated on the 450 ppmv profile. The emissions for the 1S92a, ¢ and e Scenarios are also shown on the figure. The negative emissions
for stabilisation at 350 ppmv are an artefact of the particular concentration profile imposed.
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VARIATIONS IN THE GROWTH RATES OF CARBON DIOXIDE AND METHANE CONCENTRATIONS

Observations of carbon dioxide (CO,) since the 1950s show regular annual increases in both concentration and rate of
concentration growth, albeit with year to year variations in the growth rate (Figure 2). During the period 1991 to 1993,
the rate of increase of CO, per year slowed substantially (to as low as 0.5 ppmv/yr from more than 1.5 ppmv/yr)
(Figure 2b). There are numerous examples in the record of short periods where growth rates are higher or lower than
the long-term mean. The most recent observations indicate that growth rates of CO, are now increasing.

The rate of methane (CH,) concentration increase has declined over the last decade, slowing dramatically in 1991 to
1992, though with an apparent increase in the growth rate in late 1993 (Figure 9b). The slow down in growth in 1991
to 1992 was a maximum at high latitudes in the Northern Hemisphere, suggesting a drop in emissions as a possible
explanation. Longer-period variations in the growth rate of CH, occurred in the 1920s and 1970s as observed from air
trapped in ice cores.

At present it is unclear what mechanisms account for these recent variations in the growth rate of CO, and CH,.
Although the decrease in growth rates of CO, and CH, occurred during roughly the same period, the decreases may be
due to independent mechanisms. Further analysis of global observations during the most recent period should allow
better assessment of the causes of the recent “anomalous” growth rates. Such studies should eventually improve our
understanding of the global cycles of these important trace gases.

Because of the variability at the year-to-year time-scale, growth rates averaged on a decadal time-scale should be

considered when looking at anthropogenic trends.

2.4 Climate Feedbacks Associated with the Carbon

capacity of the biosphere to act as a sink would be
Cycle

reduced, hence more CO,, would remain in the atmosphere.

Conversely, afforestation efforts could increase the
capacity of the biosphere, and less CO, would remain in
the atmosphere. While certain robust conclusions emerge
from the model studies, uncertainties exist and these
results must be considered a “first look”.

Higher temperatures and precipitation can increase
photosynthesis and plant growth and hence increase carbon
storage in living vegetation and litter (a negative
feedback). The storage of carbon in soil tends to decrease
with increasing temperature due to increased rates of
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Figure 8: Anthropogenic CO, emissions shown in Figure 7 accumulated from 1990 to 2200 plotted against the final stabilised
concentration. For example, accumulated emissions of between 1200 and 1600 GtC lead to stabilisation at a concentration of 550
ppmv. The figure also shows the amount of CO, (in GtC) remaining in the atmosphere at each stabilisation level. The difference
between accumulated emissions and atmospheric increase represents the accumulated uptake by the ocean and the marine and
terrestrial biospheres. The range of results from different models is indicated by the shaded area.




Radiative Forcing of Climate Change

25

Table 3: A summary of key greenhouse gases affected by human activities.

Co, CH, N,O CFC-12 HCFC-22 CF,(a
(a CFC perfluoro-
substitute) carbon)

Pre-industrial 280 ppmv 700 ppbv 275 ppbv Zero zero zero
concentration
Concentration 355 ppmv 1,714 ppbv 311 ppbv 503 pptvt 105 pptv 70 pptv
in 1992
Recent rate of 1.5 13 0.75 18-20 7-8 1.1-1.3
concentration ppmv/yr ppbv/yr ppbv/yr pptv/yr pptv/yr pptv/yr
change per
year (over
1980s) 0.4%/yr 0.8%/yr 0.25%/yr 4%/yr 7%/yr 2%/yr
Atmospheric (50-200)t+ A2-17)Ftt 102 13.3 50,000
lifetime
(years)

11 pptv = 1 part per trillion (million million) by volume.

11 No single lifetime for CO, can be defined because of the different rates of uptake by different sink processes.
11t This has been defined as an adjustment time which takes into account the indirect effect of methane on its own lifetime.

decomposition (a positive feedback). Soils which are
flooded can store large amounts of carbon in the form of
peat. Drying (due to changes in precipitation and/or
evapotranspiration), and possibly warming, of such regions
would release additional CO,.

Global ecosystem models which include the CO,
fertilisation effect and attempt to model the effect of
changes in temperature and precipitation on plant growth
and decomposition are now providing insight into the issue
of future terrestrial carbon storage. Some models also
allow for the effect of redistribution of vegetation in
response to changes in climate. In response to climate
change resulting from gradually increasing CO,
concentration, model results suggest release of carbon due
to die-back of vegetation of 1 to 4 GtC/yr for a period of
decades to centuries, followed by carbon accumulation.
Results suggest increased carbon storage of 100 to
200 GtC after several centuries. Assumptions about land-
use affect these conclusions, with high rates of simulated
deforestation leading to reduced storage or even net
emission of CO,,.

Climate feedbacks also influence the storage of carbon
in the ocean through changes in sea surface temperature,
ocean circulation and the marine biological pump.

Additional insights into climatic feedbacks come from
ice core records going back over many thousands of
years (known as palaeo-records). A clear correlation
between atmospheric CO, concentration and global
temperature (especially d—uring warming periods) is
evident in much of the palaeo-record over long time-
scales, with increases of about 80 ppmv occurring during

deglaciations. This relationship between CO,
concentration and temperature may carry forward into
the future, possibly causing a significant positive climate
feedback on CO, fluxes.

3 Methane (CHy)

Methane is another naturally occurring greenhouse gas
whose concentration in the atmosphere is growing as a
result of human activities (rice paddies, animal husbandry,
landfills, biomass burning and fossil fuel production and
use) (Figure 9a). Globally, methane increased by 7% over
the decade from 1983. However, the 1980s were
characterised by declining growth rates, dropping from
16 ppbv/yr in 1980 to about 10 ppbv/yr by 1990. Growth
rates slowed dramatically in 1991 and 1992, although very
recent data suggest that growth rates started to increase in
late 1993 (see the box on “Variations in the growth rates of
CO, and CH, concentrations”). The magnitudes of sinks
and, especially, individual sources of methane, are less
well known than its atmospheric increase (Table 4).
However, carbon isotope measurements indicate that about
20% of the total annual methane emissions are related to
fossil fuel use (e.g., combustion, coal mines, natural gas
production and distribution, and petrolcum industry
operations). In total, anthropogenic activities are
responsible for 60-80% of current methane emissions
(Table 4). The direct radiative forcing due to the increasc
in methane concentration since pre-industrial times is
about 0.5 Wm™ (Figure 3).

CH, has clearly identified chemical feedbacks. The main
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ATMOSPHERIC CHEMISTRY

While chemical and physical reactions in the lower
atmosphere have a small impact on carbon dioxide
(CO,) concentrations, they control the abundance and
lifetime of other greenhouse gases. A key process to
understand is the way these reactions influence the
concentration and spatial distribution of the hydroxyl
radical (OH) which has a major role in atmospheric
chemistry as it is highly reactive and acts to remove a
number of greenhouse gases from the atmosphere.

The major sink mechanism for methane (CHy) is
reaction with OH. Increasing tropospheric methane
concentrations will lead to decreased OH concentrations
and to an increased methane lifetime. Reduction in
tropospheric OH can also indirectly increase the
abundance of some other greenhouse gases and ozone-
depleting substances.

CH, oxidation in the presence of oxides of nitrogen
(NO,) produces ozone (O,), another greenhouse gas.
When NO_ is present in low concentrations, the CH,
oxidation destroys O,. Overall, methane oxidation is a
net ozone source. When CH, is destroyed in the
stratosphere, the chlorine and nitrogen cycles that
destroy Oy arc suppressed, thus increasing stratospheric
O, abundances. The destruction process also produces
stratospheric water vapour which acts as a greenhouse
gas and plays a role in stratospheric chemistry, tending
to destroy some O,

Non-methane hydrocarbons, carbon monoxide and
NO,, whilc not important greenhouse gases in their own
right, can have important indirect effects on radiative
forcing through the production and destruction of
tropospheric ozone and their influence on OH and
methane concentrations. There are not enough baseline
global and regional monitoring data for these species to
derive the contributions from the different emission
sources 1o their respective global distributions.

removal process for CH, is reaction with the hydroxyl
radical (OH). Addition of CH; to the atmosphere reduces
the concentration of tropospheric OH concentration which
can subscquently feed back and reduce the rate of CH,
removal. A recent analysis has shown that these chemical
feedbacks result in an adjustment time for the addition of a
pulse of CH, to the atmosphere of 14.5 + 2.5 years, as
compared with the “budget™ lifetime of 10 * 2 years used
in previous [PCC reports, when no account was taken of
the cttect of CH, on its own lifctime. Use of this longer
adjustment time increases the direct radiative cffect, of a
given emission of CH,: so part of what was previously
included under the indirect effect of methane is now

accounted for in the direct effect. This new adjustment -
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Table 4: Estimated sources and sinks of methane for 1980
to 1990. All figures are in Tgf(CH )/yr). Current global
burden is 4850 Tg(CH ,).

(a) Observed atmospheric increase, estimated sinks and
sources derived to balance the budget .

Individual estimates Total

Atmospheric increase 37 (3540)
Sinks of atmospheric CH,
tropospheric OH 445 (360-530)
stratospherc 40 (3248)
soils 30 (15-45)
Total atmospheric sinks 515 (430-600)

Implied sources (sinks +
atmospheric increase) 552 (465-640)

(b) Inventory of identified sources.

Individual estimates Total

Natural sources 160 (110-210)
Anthropogenic sources:

Fossil fuel related 100 (70-120)

Total biospheric 275 (200-350)
Total anthropogenic sources 375 (300-450)
Total identified sources 535 (410-660)

T 1 Tg =1 million million grammes which is equivilent to 1
million tonnes.

time has been used when calculating the GWP for methane
and contributes to a slightly larger value compared with
the 1990 IPCC report (see Section 9).

In addition, chemical feedbacks resulting from addition
of CH, increase the concentrations of other greenhouse
gases (in particular, tropospheric O, and stratospheric
water vapour); these are the indirect effects of CH, (see the
box on “Atmospheric chemistry”).

At present the emission of CH, (from a combination of
anthropogenic and natural sources) must exceed the
removal because the atmospheric abundance is increasing,.
CH, has a short adjustment time compared with CO, and
so stabilisation of emissions would lead relatively quickly
to a stable concentration. If current emissions were held
constant, CH, concentrations would stabilise in less than
50 years at about 1900 ppbv (11% higher than at present).
A reduction in annual methane emissions to levels about
35 million tonnes (roughly 10% of anthropogenic
emissions) below current levels would stabilisc
concentrations at today’s levels. (This calculation assumes
that natural sources and atmospheric losses of methane are
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Figure 9: (a) CH, concentration derived from Antarctic ice cores over the past 1000 years. Direct observations of CH, concentration
from Cape Grim, Tasmania, are included to demonstrate the smooth transition from ice core to atmospheric measurements. The
radiative forcing resulting from increases in CH, relative to the pre-industrial period are indicated on the right-hand axis. The effect of
overlap with N, O is accounted for according to IPCC (1990). (b) Globally averaged CH, concentration for 1983 to 1993 showing the

decline in growth rate during 1992 and 1993.

not affected by changing climate and atmospheric
composition over the next century.)

As for COZ, there are climate feedbacks which involve
CH4. In particular, methane emissions from northern
wetlands, permafrost areas and decomposition of methane
hydrates (clathrates) in continental shelf regions are
sensitive to changes in temperature and precipitation.
Measurements show that increases in either temperature or
duration of water-logging increase methane emissions (a
positive feedback). Conversely, a lowering of the water
table in northern wetlands/peat lands may lcad to a
reduction in emissions of methane (a negative feedback).

Other insights into climate feedbacks come from palaeo-
records which show a clear positive correlation between
CH, concentration and global surface temperature on time-
scales of order 10,000 years. CH, changes are typically
about 300 ppbv during deglaciations. Recent results have

also shown CH, changes of up to about 100 ppbv
associated with more abrupt temperature fluctuations on
the century time-scale. These shorter time-scale
correlations are believed to result from changes in net
fluxes from wetlands as a rapid response to climate
change. Therefore the link between CH, concentration and
temperature may carry forward into the future, with
perhaps an additional effect due to clathrate
decomposition.

4 Nitrous Oxide (N,0)

There are many small sources of N,O, both natural and
anthropogenic, which are difficult to quantify. The main
anthropogenic sources are from agriculture (especially the
development of pasture in tropical regions), biomass
burning, and a number of industrial processes (e.g.. adipic
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Figure 10: Globally averaged, annual mean N,O concentration (ppbv) from 1977 to 1993 obtained from NOAA-CMDL flask
sampling network. Pre-industrial N,O concentration was around 275 ppbv. The radiative forcing resulting from increases in N,O
relative to the pre-industrial period is indicated on the right-hand axis. The effect of overlap with CH, is accounted for according to

IPCC (1990).

acid and nitric acid production). A best estimate of the
current (1980s) anthropogenic emission of N,O is 3 to
8 Tg(N)/yr. Natural sources are probably twice as large as
anthropogenic ones. Although sources/sinks cannot be well
quantified, atmospheric measurements and evidence from
ice cores show that the atmospheric abundance of N,O has
increased since the pre-industrial era, which is most likely
due to human activities (Figure 10). The average growth
rate over the past four decades is about 0.25%/yr
(0.8 ppbv/yr). In 1992 atmospheric levels of N,O were
311 ppbv; pre-industrial levels were about 275 ppbv. The
radiative forcing due to the change in N,O since pre-
industrial times is about 0.1 Wm (Figure 3).

N,O, removed mainly by photolysis (breakdown by
sunlight) in the stratosphere. has a long lifetime (about 120
years) which has implications for achieving stable
concentrations, If emissions were held constant at today’s
level, the N,O abundance would climb from 311 ppbv to
about 400 ppbv over several hundred years. In order for
N,O abundances to be stabilised near current levels,
anthropogenic sources would need to be reduced by more
than 50%.

5 Halocarbons

Halocarbons containing fluorine. chlorine and bromine are
significant greenhouse gases on a per-molecule basis. The
chlorine and bromine containing species are also involved
in the depletion of the ozone layer:; the emissions of many
such compounds are controlled by the Montreal Protocol
and its subsequent amendments and adjustments.

The tropospheric growth rates of the major

anthropogenic source species for stratospheric chlorine and
bromine (CFCs, carbon tetrachloride, methylchloroform,
halons) have slowed significantly (Figure 11), in response
to substantially reduced emissions, as required by the
Montreal Protocol and its subsequent amendments and
adjustments. For example, the 1993 CFC-11 annual growth
rate was 25 to 30% of that observed in the 1970s and
1980s. The total amount of organic chlorine in the
troposphere increased by only 1.6% in 1992, about half of
the rate of increase (2.9%) in 1989. Peak total
chlorine/bromine loading in the troposphere is expected to
occur in 1994, but the stratospheric peak will lag by about
3 to 5 years, so stratospheric abundances will continue to
grow for a few more years before declining.
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Figure 11: CFC-11 concentration from [978 to 1992 from the
ALE-GAGE global sampling network. Monthly mean clean air
values are shown for three sites: Ireland, Oregon and Tasmania.
CFCs are entirely of anthropogenic origin and did not exist in the
atmosphere prior to the 1950s. The radiative forcing resulting
from increases in CFC-11 relative to the pre-industrial period are
indicated on the right-hand axis.
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With phase out dates for the production and
consumption of CFCs and other ozone-depleting
substances now fixed by international agreement, several
hydrochlorofluorocarbons (HCFCs) and hydrofluoro-
carbons (HFCs) are being manufactured and used as
substitutes. The growth in the atmospheric concentration
of HCFC-22 has been observed for several years and is
currently about 7% per year. The direct global warming
potentials of most HCFCs and HFCs are less than those of
the compounds they replace, although some HFCs have
substantial global warming potentials. Perfluorocarbons,
which have been proposed as CFC substitutes in some
applications and are by-products of some industrial
processes, have very long atmospheric lifetimes (several
thousand years) and are extremely powerful greenhouse gases.

The atmospheric residence times of CFC-11 and
methylchloroform are now better known. Model studies
simulating atmospheric abundances using known
emissions suggest best-estimated lifetimes of 50 years for
CFC-11 and 5.4 years for methylchloroform, with
uncertainties of about 10%. These models, calibrated
against CFC-11 and methylchloroform, are used to
calculate the lifetimes, and hence GWPs, of other gases
destroyed only in the stratosphere (other CFCs and nitrous
oxide) and those which are highly reactive with
tropospheric OH (HCFCs and HFCs).

The contribution to direct radiative forcing due to
increases in the halocarbons since pre-industrial times is
about 0.3 Wm2 (the largest contributions come from
CFC-11, CFC-12 and CFC-113). As well as this positive
direct effect, the halocarbon induced loss of ozone in the
lower stratosphere represents an indirect radiative forcing
which is negative (see Section 6.1).

6 Ozone (O,)

Ozone is an important greenhouse gas present in both the
stratosphere and troposphere. Changes in ozone can cause
radiative forcing by influencing both solar and infrared
radiation. The net radiative forcing is strongly dependent
on the vertical distribution of ozone change and is
particularly sensitive to changes around the tropopause
level, at which height trends are difficult to estimate due to
a lack of reliable observations. Estimation of the radiative
forcing due to changes in ozone is thus more complex than
for the well-mixed greenhouse gases.

6.1 Stratospheric Ozone

Decreases in stratospheric ozone have occurred since the
1970s. The most obvious feature is the annual appearance
of the Antarctic ozone hole in September and October. The
October average total ozone values over Antarctica are
50-70% lower than those observed in the 1960s. The
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ozone loss occurs at altitudes between about 14 and 24 km
and is caused by the chlorine and bromine compounds
released in the stratospheric decomposition of halocarbons
(principally CFCs and halons).

Statistically significant losses in total ozone have also
been observed in the mid-latitudes of both hemispheres. In
the Northern Hemisphere the trends in the 1980s are larger
in local winter and spring than in summer or autumn, while
in the Southern Hemisphere the trends show little seasonal
variation. At Northern mid-latitudes in winter and spring
the ozone losses amount to about a 10% decrease since
around 1970. The weight of recent scientific evidence
strengthens the conclusion that the mid-latitude ozone loss
is due largely to anthropogenic chlorine and bromine
compounds. Little or no downward trend in ozone has
been observed in the tropics (20°N-20°S).

A variety of techniques indicates that ozone losses have
occurred in the lower stratosphere (around 20 km altitude)
where the bulk of the ozone resides. A statistically
significant trend is also observed at 40 km, but this makes
a small contribution to changes in total column ozone and
has a negligible effect on radiative forcing.

Record low global ozone levels were measured over the
past two years. Anomalous ozone decrecases were observed
in the mid-latitudes of both hemispheres, with Northern
Hemispheric decreases being larger than those in the
Southern Hemisphere. The Antarctic ozone depletions in
1992 and 1993 were the most severe on record, with ozone
losses of more than 99% between 14 and 19 km in October
1993. The globally averaged ozone values were 1-2%
lower than would be expected from an extrapolation of the
trend prior to 1991 and allowing for the natural
fluctuations resulting from the solar cycle and quasi-
biennial oscillation. The 1994 global ozone levels are
returning to values close to those expected from the long-
term downward trend.

Since the stratospheric abundances of halocarbon
compounds are expected to continue to grow for a few
more years (see Section 5), continuing global ozone losses
are expected for the remainder of the decade (other things
being equal), with a gradual recovery throughout the first
half of the 21st century.

A loss of ozone in the lower stratosphere over the past
15 to 20 years has led to a globally averaged radiative
forcing of about -0.1 Wm2, This negative radiative forcing
represents an indirect effect of CFCs and halons (the
compounds thought to be largely responsible for the ozone
loss) which, over the last 15 to 20 years, may have
partially offset their direct warming effect. However,
because the pattern of stratospheric ozone loss is not
spatially uniform (it occurs mainly in mid-latitudes and
polar regions), offsetting the direct and indirect global
mean radiative forcing may not correctly reflect the
climatic response (see Section 1). Prior to the onset of
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significant ozone depletion, the globally averaged radiative
forcing caused by the increase in halocarbons was between
+0.1 and +0.2 Wm™,

6.2 Tropospheric Ozone

In the troposphere ozone is produced from various short-
lived precursor gases (carbon monoxide (CO), nitrogen
oxides (NO,) and non-methane hydrocarbons (NMHC))
and as a result of chemical feedbacks involving CH,.
Ozone can also be transported into the troposphere from
the stratosphere. Changes in tropospheric ozone
concentration are highly spatially variable, both regionally
and vertically, making assessment of global long-term
trends extremely difficult. Observations show that free
tropospheric ozone has increased above many locations in
the Northern Hemisphere over the last 30 years. There is
also some evidence (from measurements made at high
mountain sites in Europe) that levels have increased in the
Northern Hemisphere since the early 1900s. Over the last
decade, trends were small or non-existent. Model
simulations and the limited observations together suggest
that tropospheric ozone may have doubled in the Northern
Hemisphere since pre-industrial times, an increase of
around 25 ppbv. In the Southern Hemisphere, a decrease
has been observed since the mid-1980s at the South Pole;
in the hemisphere as a whole there are insufficient data to
draw strong inferences.

Such changes in ozone have potentially important
conscquences for radiative forcing. Although detailed
quantification is not possible, due to uncertainties in the
size and distribution of the ozone change since pre-
industrial times, estimates of the radiative forcing are of order
a few tenths of a Wm (tentatively put at 0.2 to 0.6 Wm™2),

6.3 The Importance of NO

Our identification of the major physical and chemical
processes affecting ozone in the troposphere is much
further advanced than our ability to calculate or predict
ozone concentrations. Uncertainties in the global budget of
tropospheric ozone are associated primarily with our lack
of knowledge of the distribution of Oy and its short-lived
precursors (NO_, NMHC and CO). Observations of NO,
are just beginning to reveal the atmospheric distribution
and large variability in these ozone-producing species, but
even with the observed distributions we cannot define the
importance of anthropogenic sources (e.g.. transport of
surface pollution out of the boundary layer, direct injection
by aircraft) relative to natural sources (lightning,
stratospheric air) in controlling the global NO_
distribution. Current estimates of anthropogenic NO,
sources attribute 24 Tg(N)/yr to fossil fucl combustion at
the surtace, 0.5 Tg(N)/vr to aircraft emissions, 8 Tg(N)/yr
to biomass burning and an unknown. but significant
fraction of the 12 Tg(N)/yr released from soils,
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Anthropogenic emissions dominate natural sources by far,
but emissions from different sources cannot be directly
compared and their impact is primarily local or regional.

Aircraft release NO, directly into the free troposphere.
Such emissions could increase ozone concentration at
altitudes where ozone is at its most effective as a
greenhouse gas. The radiative forcing resulting from such
emissions could thus be more important than equivalent
NO, emissions at the surface. Until the various
contributions to NO, and O, levels in the free troposphere
can be better quantified, the relative importance of the
various NO, sources in perturbing O amounts cannot be
reliably estimated. However, reasonable upper limits may
be placed on the radiative forcing due to increased O,
produced by the NO, relative to that from the CO, emitted
by aircraft. Aircraft emit about 3% of total CO, emissions
from fossil fuel combustion and a similar fraction of
anthropogenic NO,. Our current best guess is that the
positive radiative forcing due to the release of NO, from
aircraft could be of similar magnitude or smaller than the
effect of CO, released from aircraft. These estimates are
preliminary and may well change in future assessments.

Aircraft also emit carbon monoxide, water vapour, soot
and other particles, sulphur gases and other trace
constituents which have the potential to cause radiative
forcing. The impact of such emissions has not yet been
properly assessed.

7 The Effect of Tropospheric Aerosols

Aerosols are suspensions of particles (diameter range 103
to 10 um) in the atmosphere. Tropospheric aerosols are
formed by dispersal of material from the surface (e.g., soil
dust), by direct emissions of material into the atmosphere
(e.g., smoke) and by chemical reactions in the troposphere
which convert gases (such as sulphur dioxide) into
particles. The release of sulphur dioxide from fossil fuel
combustion, and organic and elemental carbon, mainly
from biomass burning, are the main anthropogenic sources
of aerosols.

The addition of anthropogenic aerosols to the
troposphere can influence the radiative balance of the Earth
in two major ways: (i) through absorption and through
scattering of solar radiation back to space, known as the
direct effect and (ii) by acting as nuclei on which cloud
droplets form, aerosols can influence the formation,
lifetime and radiative properties of clouds (e.g., increase the
amount of solar radiation they reflect): the indirect effect.

There are many uncertainties associated with estimating
the climatic influence of aerosols. Aerosols are highly
variable regionally, in both concentration and chemical
composition, and observations of their spatial distribution
in the atmosphere (currently and in the past) are lacking.
Both the direct radiative effect of aerosols and their ability
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to modify cloud properties are strongly influenced by
particle size and composition. As a result, the radiative
effects of the anthropogenic component of aerosols cannot
be related to aerosol mass loading in a simple way. The
radiative effects of anthropogenic aerosols are relatively
large compared with their mass contribution because most
anthropogenic aerosols are in the size range which is most
radiatively active.

New estimates of both the direct and indirect effect of
anthropogenic aerosols in the troposphere have become
available since IPCC 1992. In order to compare different
acrosol effects it is useful to express them in terms of
globally averaged values of radiative forcing. The direct
radiative forcing due to increases in sulphate aerosol since
1850, averaged globally, is estimated to lie in the range
-0.25 to -0.9 Wm2, The direct effect of aerosol from
biomass burning is estimated to lie in the range -0.05 to
-0.6 Wm. Calculations of the indirect effect of aerosols
are at an early stage. Preliminary results suggest that the
radiative effect of aerosols on cloud radiative properties is
probably a negative forcing and may be of similar
magnitude to the direct effect. Note that in the global
average the total aerosol induced radiative forcing is
negative, but the absorption of solar radiation by
carbonaceous aerosols may cause local positive radiative
forcing. It is interesting to compare these estimates with
the direct radiative forcing due to increases in greenhouse
gases since pre-industrial times (+2.1 to +2.8 Wm?) (see
Figure 3), although, as pointed out in Section 1, it is
unlikely to be appropriate to add the negative global
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radiative forcing of acrosols to the positive global radiative
forcing of greenhouse gases.

Figure 12 shows the spatial distribution of direct
radiative forcing due to sulphate aerosols derived from a
radiative transfer model forced with a model derived
sulphate distribution. The largest forcing occurs over or
close to regions of industrial activity. Over the eastern
USA, central Europe, and eastern China, sulphate forcing
may have offset much of, or in places been greater than,
the greenhouse gas forcing. In other areas, particularly the
Southern Hemisphere, the negative aerosol forcing is much
weaker and greenhouse gas forcing dominates. However,
care must be taken when comparing regional radiative
forcing in this way. For cxample, a local net forcing of
zero Wm™> does not necessarily imply a lack of climate
change, because climate change over a region can be
affected by changes in circulation as the atmosphere
responds to radiative forcing in another region (i.c., local
forcing does not necessarily govern local response).

Tropospheric aerosols have a lifetime of only a few
days, unlike most greenhouse gases which have lifetimes
of tens to hundreds of years. So the atmospheric
concentration of aerosols responds rapidly to changes in
emissions. Control of sulphate emissions, motivated by
other environmental considerations for instance, would
immediately reduce the amount of aerosols in the
atmosphere. In contrast, reductions in CO, emissions have
a much slower effect (see Section 2.3). Emissions of
aerosols and their precursors therefore create no long-term
commitment to radiative forcing, in contrast to CO, and
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Figure 12: Modelled geographic distribution of annual mean direct radiative forcing (Wm2) from anthropogenic sulphate aerosols in
the troposphere. The negative radiative forcing is largest over or close to regions of industrial activity.
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other long-lived greenhouse gas emissions.

8 What Else Influences Radiative Forcing?

8.1 Solar Variability

We know that total solar irradiance varies with an 11-year
cycle. Space-borne satellite measurements available since
1978 show that over the most recent sunspot cycle the
changes in solar irradiance were equivalent to a radiative
forcing of about 0.2 Wm-2. This may initially seem
significant, given that it is an appreciable fraction of the
forcing duc to greenhouse gases over the same period.
However, these changes in solar irradiance are cyclical in
nature and it is believed that, due to the thermal inertia in
the climate system, only a small amount of the possible
temperature change resulting from such transient changes
in irradiance is realised. In contrast, the changes in
greenhouse gases represent a sustained and cumulative
cffect over many decades.

Recent satellite observations show a relationship
between total solar irradiance and other indicators of solar
activity which allows a tentative reconstruction of past
total solar irradiance. Although there is considerable
uncertainty in estimating solar irradiance before direct
measurements began, changes in solar irradiance since
1850 may have contributed a natural radiative forcing of
around (.3 Wm"? (Figure 3). Future forcing due to changes
in solar irradiance could be negative or positive.

8.2 Volcanic Activity

Volcanic cruptions can act to increase the amount of
aerosol particles in the stratosphere. The dominant
radiative cffect is an increase in scattering of solar
radiation which reduces the net radiation available to the
surface/troposphere, thereby leading to cooling. Volcanoes
have the potential to produce large radiative forcing, but
the events are transitory.

The eruption of Mt. Pinatubo in the Philippines in June
1991 stands out from a climatic point of view as probably
the most important eruption this century. The largest
forcing is calculated to have been about -4 Wm™ around
one year after the eruption. This decayed to around -1 Wm*>
after 2 years. Thus, the radiative forcing resulting from Mt.
Pinatubo for the first 2 years after the eruption was
comparable, but of opposite sign, to the greenhouse gas
forcing this century (+2.1 to +2.8 Wm™). A cooling of
global surface temperature observed following the eruption
reached a maximum of 0.3 to 0.5 °C during 1992.
Simulation of the climatic effects of Mt. Pinatubo aerosols
using general circulation models (GCMs) have produced
results in good agreement with observations, with a
maximum cooling of 0.4 to 0.6 °C. Such simulations
increase confidence in the ability of GCMs to respond in a
realistic way to transient. planetary-scale radiative forcings
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of large magnitude.

Clearly, individual volcanic eruptions can produce large
radiative forcing effects, but these effects are transitory.
An important issue here is whether changes in greenhouse
gases and aerosols due to human activity are significant
compared with natural factors. A key question is therefore
whether there has been any trend in volcanic activity over
the period since industrialisation; this is unlikely.
However, variations in the occurrence of climatically
significant eruptions may be a factor in explaining some
interannual and interdecadal climate variations.

9 Global Warming Potential (GWP) — a Tool for

Policymakers
Policymakers need some measure of possible future
commitment to global warming resulting from current
anthropogenic emissions. The GWP is an attempt to
provide such a measure. The index is defined as the
cumulative radiative forcing between the present and some
chosen later time “horizon” caused by a unit mass of gas
emitted now, expressed relative to some reference gas
(here CO, is used). The future global warming
commitment of a greenhouse gas over the reference time
horizon is the appropriate GWP multiplied by the amount
of gas emitted. For example, GWPs could be used to
calculate the effect of reducing CO, emissions by a certain
amount compared with reducing CH, emissions, for a
specified time horizon.

Derivation of GWPs requires knowledge of the fate of
the emitted gas (typically not well understood) and the
radiative forcing due to the amount remaining in the
atmosphere (reasonably well understood). Consequently,
GWPs encompass the uncertainty associated with all the
topics discussed in this report. Additionally the choice of
time horizon will depend on policy considerations.

The latest estimates of GWPs are given in Table 5.
Although the GWPs are quoted as single values, the
typical uncertainty is £35% relative to the carbon dioxide
reference. The majority of GWPs are larger than those
reported in IPCC (1992), typically by 10-30%. These
increases are largely due to (i) an improved carbon dioxide
reference and (ii) improved estimates of atmospheric
lifetimes. Because GWPs are based on the radiative
forcing concept, they are difficult to apply to radiatively
important constituents that are unevenly distributed in the
atmosphere (e.g., aerosols), for the reasons discussed in
Section 1. No attempt is made to define a GWP for
aerosols.

GWPs need to take account of any indirect effects of the
emitted greenhouse gas, for example, the formation of
another greenhouse gas, if they are correctly to reflect
future warming potential. The calculation of many indirect
GWP components is not currently possible because of
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Table 5: Global Warming Potentials, referenced to the absolute GWP for CO,. The typical uncertainty is *35% relative
to the CO, reference.

Species Chemical Lifetime Global Warming Potential

Formula (yr) (Time Horizon)

20 years 100 years 500 years

Methanef CH, 14.5+2.5%% 62 24.5 7.5
Nitrous oxide N,O 120 290 320 180
CFCs
CFC-11 CFCl, 5045 5000 4000 1400
CFC-12 CF,Cl, 102 7900 8500 4200
CFC-13 CCIF, 640 8100 11700 13600
CFC-113 C,F,;Cl, 85 5000 5000 2300
CFC-114 C,F,Q, 300 6900 9300 8300
CFC-115 C,FsCl 1700 6200 9300 13000
HCFCs, etc.
HCFC-22 CF,HCI 13.3 4300 1700 520
HCFC-123 C,F;HCl, 1.4 300 93 29
HCFC-124 C,F HCI 5.9 1500 480 150
HCFC-141b C,FH,Cl, 9.4 1800 630 200
HCFC-142b C,F,H,Cl 19.5 4200 2000 630
HCFC-225ca C;FHCI, 25 550 170 52
HCFC-225¢b C,F;HCl, 6.6 1700 530 170
Carbon tetrachloride CcCl, 42 2000 1400 500
Methylchloroform CH,CCl, 5.4%0.6 360 110 35
Bromocarbons
H-1301 CF;Br 65 6200 5600 2200
Other
HFC-23 CHF, 250 9200 12100 9900
HFC-32 CH,F, 6 1800 580 180
HFC-43-10mee CH,F,, 20.8 3300 1600 520
HFC-125 C,HF; 36.0 4800 3200 1100
HFC-134 CHF,CHF, 11.9 3100 1200 370
HFC-134a CH,FCF, 14 3300 1300 420
HFC-152a C,H,F, 1.5 460 140 44
HFC-143 CHF,CH,F 35 950 290 90
HFC-143a CF,CH,4 55 5200 4400 1600
HFC-227ea C,HF, 41 4500 3300 1100
HFC-236fa C,H,F, 250 6100 8000 6600
HFC-245ca C;H,F; 7 1900 610 190
Chloroform CHClI, 0.55 15 S 1
Methylene chloride CH,Cl, 0.41 28 9 3
Sulphur hexafluoride SF 3200 16500 24900 36500
Perfluoromethane CF, 50000 4100 6300 9800
Perfluoroethane C,F, 10000 8200 12500 19100
Perfluorocyclo-butane  ¢-C,Fg 3200 6000 9100 13300
Perfluorohexane CsFla 3200 4500 6800 9900

+ The methane GWP includes the direct effect and those indirect effects due to the production of tropospheric ozone and
stratospheric water vapour. The indirect effect due to the production of CO, is not included.
T+ For methane the adjustment time is given, rather than the lifetime — see Section 3.
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inadequate characterisation of many of the atmospheric
processes involved.

The GWP value for methane in Table 5 includes both the
direct and indirect components (e.g., the formation of
tropospheric ozone), as well as the longer adjustment time
discussed in Section 3. In the 1992 IPCC report, only the
direct GWP for methane was quoted; no account was taken
of the effect of methane on its own lifetime and indirect
cffects were not quantified. For the 100 year time horizon,
the indirect contributions to the total GWP value are:
tropospheric ozone change 19 * 12% and stratospheric
water vapour change about 4%. As the range indicates, there
is substantial current uncertainty in the methane GWP.

The GWPs presented in Table 5 were calculated on the
assumption that present background atmospheric
composition remains constant indefinitely. An assumption
of increasing CO, concentrations, which lowers the
additional forcing of incremental CO, emissions, would
increase the GWP of other gases relative to CO,.

The indirect effect of CFCs and halons through
stratospheric ozone depletion, which tends to reduce the
GWPs for these gases, is not included in the values in
Table 5. Some substitutes for CFCs have lower GWPs than
the compounds they replace (e.g., short-lived gases like
HIFC-152a). On the other hand, other potential substitutes
like perfluorocarbons (such as CF, and C,F) have very
long lifetimes and hence extremely large GWPs over long
time horizons.

No GWPs are given for atmospheric constituents such
as NO, and CO, which are not important greenhouse gases
in their own right (i.e., they have no significant direct
cffect), but which are covered by the IPCC Guidelines for
National Greenhouse Gas Inventories. These gases
indirectly influence the concentration of some other
greenhouse gases (e.g., tropospheric ozone) through
atmospheric chemistry. The indirect effects for these gases
are complex and depend on when and where they are
emitted. New techniques will need to be developed to
assess their intluence on radiative forcing.

Figure 13 shows the future warming potential of current
cmissions of various species (1.e., the GWP multiplied by
estimated mean annual emissions typical of the 1980s).
The radiative forcing due to contemporary global
cmissions of anthropogenic greenhouse gases over the next
century is largest from CO,. However, the GWP weighted
cmissions of CH, are also important; over a 20-year time
horizon they are comparable to those of CO,,.

Current emissions of HFCs and perfluorocarbons are
small, making the present commitment to future radiative
forcing from these gases much less than for CO, and
methane (Figure 13). However, if emissions were to
increase in the future, their contribution to future radiative
torcing would become more important.
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SUMMARY

Interest in the carbon cycle has increased because of the
observed increase in levels of atmospheric CO, (from
~280 ppmv in 1800 to ~315 ppmv in 1957 to ~356 ppmv
in 1993) and because the signing of the UN Framework
Convention on Climate Change has forced nations to
assess their contributions to sources and sinks of CO,, and
to evaluate the processes that control CO, accumulation in
the atmosphere. Over the last few years, our knowledge of
the carbon cycle has increased, particularly in the
quantification and identification of mechanisms for
terrestrial exchanges, and in the preliminary quantification
of feedbacks.

The increase in atmospheric CO, concentration since
pre-industrial times

Atmospheric levels of CO, have been measured directly
since 1957. The concentration and isotope records prior to
that time consist of evidence from ice cores, moss cores,
packrat middens, tree rings, and the isotopic measurcments
of planktonic and benthic foraminifera. Ice cores serve as
the primary data source because they provide a fairly direct
and continuous record of past atmospheric composition.
The ice cores indicate that an increase in CO, level of
about 80 ppmv paralleled the last interglacial warming.
There is uncertainty over whether changes in CO, levels as
rapid as those of the 20th century have occurred in the
past. However, there is essentially no uncertainty that for
approximately the last 18,000 years, CO, concentrations in
the atmosphere have fluctuated around 280 ppmyv, and that
the recent increase to a concentration of ~356 ppmv, with a
current rate of increase of ~1.5 ppmv/yr, is due to
combustion of fossil fuel, cement production, and land use
conversion.

The carbon budget

The major components of the anthropogenic perturbation
to the atmospheric carbon budget are anthropogenic
emissions, the atmospheric increase, ocean exchanges, and
terrestrial exchanges. Emissions from fossil fuels and
cement production averaged 5.5 * 0.5 GtC/yr over the
decade of the 1980s (estimated statistically). The measured
average annual rate of atmospheric increase in the 1980s
was 3.2 * 0.2 GtC/yr. Average ocean uptake during the
decade has been estimated by a combination of modclling

and isotopic measurements to be 2.0 + 0.8 GtC/yr.

Averaged over the 1980s, terrestrial exchanges include a
tropical source of 1.6 * 1.0 GtC/yr from ongoing changes
in land use, based on land clearing rates, biomass
inventories, and modelled forest regrowth. Recent satellite
data have reduced uncertainties in the rate of deforestation
for the Amazon, but rates for the rest of the tropics remain
poorly quantified. For the tropics as a whole, there is
incomplete information on initial biomass and rates of
regrowth. Potential terrestrial sinks may be the result of
several processes, including the regrowth of mid-latitude
and high latitude Northern Hemisphere forests (0.5 = 0.5
G1C/yr), enhanced forest growth due to CO, fertilisation
(0.5-2.0 GtC/yr) and nitrogen deposition (0.2-1.0 GtC/yr),
and, possibly, response to climatic anomalies (0-1.0
GtC/yr). Partitioning the sink among these processes is
difficult, but it is likely that all components are involved.
While the CO, fertilisation effect is the most commonly
cited terrestrial uptake mechanism, existing model studies
indicate that the magnitude of contributions from each
process are comparable, within large ranges of uncertainty.
For example, some model-based evidence suggests that the
magnitude of the CO, fertilisation effect is limited by
interactions with nutrients and other ecological processes.
Experimental confirmation from ecosystem-level studics,
however, is lacking. As a result, the role of the terrestrial
biosphere in controlling future atmospheric CO,
concentrations is difficult to predict.

Future atmospheric CO, concentrations

Modelling groups from many countries were asked to use
published carbon cycle models to evaluate the degree to
which CO, concentrations in the atmosphere might be
expected to change over the next several centuries, given a
standard set of emission scenarios (including changes in
land use). Models were constrained to balance the carbon
budget and match the atmospheric record of the 1980s via
CO, fertilisation of the terrestrial biosphere.

Stabilisation of atmoespheric CO, concentrations

Modelling groups carried out stabilisation analyses to
explore the relationships between anthropogenic emissions
and atmospheric concentrations. The analyses assumed
arbitrary concentration profiles (i.c., routes to stabilisation)
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and final stable CO, concentration; the models were then
used to perform a series of inverse calculations (i.e., to
derive CO, emissions given CO, concentrations). These
calculations did three things: (1) assessed the total amount
of fossil carbon that has been released (because land use
was prescribed), (2) determined the partitioning of this
carbon between the ocean and the terrestrial biosphere, and
(3) ascertained what the time course of carbon emissions
from fossil fuel combustion must have been to arrive at the
selected arbitrary atmospheric CO, concentrations while
still matching the atmospheric record through the 1980s.

Results suggest that in order for atmospheric
concentrations to stabilise below 750 ppmv, anthropogenic
emissions must eventually decline relative to today’s
levels. All emissions curves derived from the inverse
calculations show periods of increasing anthropogenic
cemissions, followed by reductions to about a third of
today’s levels (i.e., to ~2 GtC/yr) for stabilisation at 450
ppmv by the year 2100, and to about half of current levels
(i.e.. ~3 GtC/yr) for stabilisation at 650 ppmv by the year
2200. Additionally, the models indicated that if
anthropogenic emissions are held constant at 1990 levels,
modelled atmospheric concentrations of CO, will continue
to increase over the next century.

Among models the range of emission levels that were
estimated to result in the hypothesised stabilisation levels
is about 30%. In addition, the range of uncertainty
associated with the parametrization of CO, fertilisation
(evaluated with one of the models) varied between +10%

CO, and the Carbon Cycle

for low stabilisation values and +15% for higher
stabilisation values. The use of CO, fertilisation to control
terrestrial carbon storage, when in fact other ecological
mechanisms are likely involved, results in an
underestimate of concentrations (for given emissions) of 5
to 10% or an overestimate of emissions by a similar
amount (for given concentrations).

Feedbacks to the carbon cycle

Climate and other feedbacks via the oceans and terrestrial
biosphere have the potential to be significant in the future.
The effects of temperature on chemical and biological
processes in the ocean are thought to be small (tens of
ppmv changes in the atmosphere), but the effects of
climate on ocean circulation could be larger, with possible
repercussions for atmospheric concentration of +100-200
ppmv. Effects of changing precipitation, temperature and
atmospheric CO, can also have effects on the terrestrial
biosphere, resulting in feedbacks to the atmosphere.
Models suggest transient losses of about 200 GtC from
terrestrial ecosystems as temperatures warm, with a
potential for long-term increases in carbon storage above
present levels by a few hundred gigatons. Patterns of
changing land-use will have a substantial effect on
terrestrial carbon storage and decrease the potential of
terrestrial systems to store carbon in response to CO, and
climate. Representation of feedbacks on the carbon cycle
through oceanic and terrestrial mechanisms need to be
improved in subsequent analyses of future changes to CO,.
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1.1 Description of the Carbon Cycle

Atmospheric CO, provides a link between biological,
physical, and anthropogenic processes. Carbon is exchanged
between the atmosphere, the oceans, the terrestrial
biosphere, and, more slowly, with sediments and
sedimentary rocks. The faster components of the cycle are
shown in Figure 1.1. In the absence of anthropogenic CO,
inputs, the carbon cycle had periods of millennia in which
large carbon exchanges were in near balance, implying
nearly constant reservoir contents. Human activities have
disturbed this balance through the use of fossil carbon and
disruption of terrestrial ecosystems. The consequent
accumulation of CO, in the atmosphere has caused a
number of carbon cycle exchanges to become unbalanced.
Fossil fuel burning and cement manufacture, together

A1

with forest harvest and other changes of land use, all
transfer carbon (mainly as CO,) to the atmosphere. This
anthropogenic carbon then cycles between the atmosphere,
occans, and the terrestrial biosphere. Because the cycling
of carbon in the terrestrial and ocean biosphere occurs
slowly, on time-scales of decades to millennia, the
effect of additional fossil and biomass carbon injected into
the atmosphere is a long-lasting disturbance of the carbon
cycle. The relationships between concentration changes
and emissions of CO, are examined through use of models
that simulate, in a simplified manner, the major processes
of the carbon cycle. The terrestrial and oceanic components
of carbon cycle models vary in complexity from a few key
equations to spatially explicit, detailed descriptions of
ocean and terrestrial biology, chemistry, and transport

Atmosphere
750

Vegetation 610
Soils and detritus 1580
2190

X

90 55

Fossil fuels and
cement production

Surface ocean
1020

Marine biota
3

Intermediate and
deep ocean
38,100

<700

Surface sediment
150

Figure 1.1: The global carbon cycle, showing the reservoirs (in GtC) and fluxes (GtC/yr) relevant to the anthropogenic perturbation as
annual averages over the period 1980 to 1989 (Eswaran et al., 1993; Potter ct al., 1993; Sicgenthaler and Sarmiento, 1993). The
component cycles are simplified and subjcct to considerable uncertainty. In addition, this figure presents average values. The riverine
flux, particularly the anthropogenic portion, is currently very poorly quantified and so is not shown here (see text). While the surface
sediment storage is approximately 150 Gt, the amount of sediment in the bioturbated and potentially active layer is of order 400 Gt.
Evidence is accumulating that many of the key fluxes can fluctuate significantly from year to year (terrestrial sinks and sources: INPE,
1992; Ciais et al., submitted; export from the marine biota: Wong ct al., 1993). In contrast to the static view conveyed by figures such
as this one, the carbon system is clearly dynamic and coupled to the climate system on scasonal, interannual and decadal time-scales

(Schimel and Sulzman, 1994; Kecling and Whorf. 1994).
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RECENT ANOMALIES

The last few decades have been characterised by a number of observed changes in the carbon cycle:

The early 1980s were characterised by a period of relatively constant or slightly declining fossil carbon
emissions. After 1985, emissions again exceeded the 1979 level; each year’s release during the latter half of
the 1980s was 0.1 to 0.2 GtC above that for the previous year (Boden et al., 1991).

Direct measurements and ice core data have revealed a general decrease in atmospheric levels of 13C relative
to 1°C by about 1%o over the last century (Friedli et al., 1986; Keeling ef al., 1989a; Leuenberger et al., 1992).
This decrease is expected from the addition of fossil and/or terrestrial biospheric carbon, both of which are
poor in '3C relative to the atmosphere. In contrast, the atmospheric 3C/!?C ratio remained nearly constant
from 1988 to 1993. This constant ratio must reflect changes in the fluxes between the ocean, terrestrial
biosphere, and atmosphere which currently are not quantified. The atmospheric record of !3C shows a
decrease of ~0.4%o between the first measurements in 1978 and the present time. The ice core record provides
information on the changing '3C levels over the past few hundred years (Friedli et al., 1986; Leuenberger et
al., 1992).

Relative to the long-term average rate of atmospheric CO, concentration increase (~1.5 ppmv/yr), the years
1988 to 1989 had relatively high CO, concentration growth rates (~2.0 ppmv/yr) while subsequent years
(1991 to 1992) had very low growth rates (0.5 ppmv/yr) (Boden et al., 1991). The magnitude of the 1988 to
1989 anomaly depends on what is defined as “normal” for the long-term trend. At Mauna Loa, Hawaii, the
1988 to 1989 increase was similar to a variation which occurred in 1973 to 1974 (see Figure 1.2). The
subsequent decrease exceeds any previous anomaly since the Mauna Loa record began in 1958. Data for 1993
indicate a higher growth rate than that for 1991 to 1992.

The CO, record exhibits a scasonal cycle, with small peak-to-peak amplitude (about 1 ppmv) in the Southern
Hemisphere but increasing northward to about 15 ppmv in the boreal forest zone (55-65°N). This cycle is
mainly caused by the seasonal uptake and release of atmospheric CO, by terrestrial ecosystems. Part of the
scasonal signal is driven by oceanic processes (Heimann et al., 1989). The amplitude of the seasonal
atmospheric CO, cycle varies with time. For instance, at Mauna Loa (see Figure 1.3; Keeling et al., 1989a), it
was roughly constant at 5.2 ppmv (peak-to-trough) from the beginning of the Mauna Loa measurements in
1958 until the mid-1970s. It then increased over the late 1970s to reach 5.8 ppmv for most of the 1980s. The
most recent data indicate a further increcase. Because the trend is not well-correlated with the CO,
concentration increase (Thompson ¢t al., 1986; Enting, 1987; Manning, 1993), it provides at best weak
evidence for CO, fertilisation of terrestrial vegetation, in contrast with interpretations that claimed strong
evidence (e.g., 1dso and Kimball, 1993). The variation in amplitude does indicate changes in terrestrial
metabolism, but not necessarily increased photosynthesis or storage.

processes. The simpler models, in general, are designed to
reproduce observed behaviour while the more complex
models arc aimed at incorporating the processes that cause
the obscrved behaviour. The latter are thus potentially
more likely to yield realistic projections of changes in
storage under conditions different from the present (e.g.,
changing climate).

Time-scales

Because CO, added to the atmosphere by anthropogenic
processes is exchanged between reservoirs having a range
of turnover times, it is not possible to define a single
atmospheric “lifetime™. This is in contrast with other

anthropogenic compounds such as N,O and the halogens
that are destroyed chemically in the atmosphere. Because
the time-scales involved in the CO, exchanges range from
annual to millennial (thousands of years), the
consequences of anthropogenic perturbations will be long-
lived. In this regard, the “turnover time” of about S years
for atmospheric CO, deduced from the rate of bomb 4CO,
removal is relevant to the initial response of
the carbon system, but it does not characterise the
much slower, long-term response of atmospheric
concentrations to the anthropogenic perturbation.

The remainder of this chapter reviews what is known
about the carbon cycle as a basis for understanding past
changes and relationships between future emissions and
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concentrations. We do not attempt to make specific
predictions of likely future changes in CO, concentration —
rather, we assess the sensitivity of the system to particular
scenarios of future emissions and concentrations. We also
analyse key areas in which quantitative understanding is
deficient. The final section of the chapter presents the
results of a set of calculations relating future CO,
concentrations and future CO, emissions. These
calculations, produced by modelling groups from many
countries following an agreed set of specifications,
explored various aspects of uncertainty.

1.2 Past Record of Atmospheric CO,

1.2.1 Atmospheric Measurements since 1958
Precise, direct measurements of atmospheric CO, started
in 1957 at the South Pole, and in 1958 at Mauna Loa,
Hawaii. At this time the atmospheric concentration was
about 315 ppmv and the rate of increase was ~0.6 ppmv/yr.
The growth rate of atmospheric concentrations at Mauna
Loa has generally been increasing since 1958. It averaged
0.83 ppmv/yr during the 1960s, 1.28 ppmv/yr during the
1970s, and 1.53 ppmv/yr during the 1980s. In 1992, the
atmospheric level of CO, at Mauna Loa was 355 ppmv
(Figure 1.3) and the growth rate fell to 0.5 ppmv/yr (see
“Recent Anomalies” box). Data from the Mauna Loa
station are close to, but not the same as, the global mean.
Atmospheric concentrations of CO, have been monitored
for shorter periods at a large number of atmospheric stations
around the world (e.g., Boden et al., 1991). Measurement
sites are distributed globally and include sites in Antarctica,
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Figure 1.2: The growth rate of CO, concentrations since 1958
(from the Mauna Loa record). The high growth rates of the late
1980s, the extremely low growth rates of the carly 1990s, and the
recent increase in the growth rate are all evident. The smooth
curve shows the same data but filtered to suppress any variations
on time-scales less than approximately 10 years.
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Figure 1.3: CO, concentrations measured at Mauna Loa, Hawaii
since 1958 showing trends and seasonal cycle.

Australia, several maritime islands, and high northern
latitude sites, but, at present, nowhere on the continents of
Africa or South America. The reliability and high precision
of the post-1957 record is guaranteed by comparing the
measured concentration of CO, in air with the concentration
of reference gas mixtures calibrated by a constant volume
column manometer. The increase shown by the atmospheric
record since 1957 can be attributed largely to anthropogenic
emissions of CO,, although considerable uncertainty exists
as to the mechanisms involved. The record itself provides
important insights that support anthropogenic emissions as a
source of the observed increase. For example, when
seasonal and short-term interannual variations in
concentrations are neglected, the rise in atmospheric CO, is
about 50% of anthropogenic emissions (Keeling et al.,
1989b) with the inter-hemispheric difference growing in
parallel to the growth of fossil emissions (Keeling et al.,
1989a; Siegenthaler and Sarmiento, 1993; Figure 1.4).

1.2.2 Pre-1958 Atmospheric Measurements and CO,-Ice
Core Record over the Last Millennium

While several sets of relatively precise atmospheric

measurements of CO, were carried out as early as the

1870s (e.g., Brown and Escombe, 1905), they did not
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Figure 1.4: Trends in CO, concentration and the growing
difference in concentration between the Northern and Southern
Hemispheres.
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allow assessment of concentration trends, as they were
neither adequately calibrated nor temporally continuous.

Mcasurements of CO, concentration from air extracted
from polar ice cores are presently the best means to extend
the CO, record through the geologically recent past. The
transformation of snow into ice traps air bubbles which are
used to determine the CO, concentration. Providing certain
conditions are met, which include no fracturing of the ice
samples, absence of seasonal melting at the surface, no
chemical alteration of the initial concentrations, and
appropriate gas extraction methods, the ice record provides
reliable information on past atmospheric CO,
concentrations (Raynaud et al., 1993). It has been
suggested  that, under certain  meteorological
circumstances, the CO, data from Greenland ice cores may
be contaminated, apparently influenced by varying levels
of carbonate dust interacting with acid (Delmas, 1993) or
organic matter deposition onto the ice sheet. Antarctic ice,
however, has been uniformly acidic throughout the
complete range of climate regimes of the last climatic
cycle, and the available evidence suggests that these data
arc reliable throughout the entire record. Data from
appropriate sites with unfractured ice are reliable to within
+3-5 ppmv (Raynaud et al., 1993). The recent ice core
record is validated by comparison with direct atmospheric
measurements (Neftel et al., 1985; Friedli et al., 1986;
Keeling et al., 1989a).

CO, and the Carbon Cycle

Several high resolution Antarctic ice cores have recently
become available in addition to the Siple core (Neftel et
al., 1985; Friedli et al., 1986) for documenting both the
“industrial era” CO, levels and the pre-industrial levels
over the last millennium (Figure 1.5). The main results are:

» The ice core record can be used in combination with
the direct atmospheric record to estimate, in
conjunction with an oceanic model, the net changes
in CO, flux between terrestrial ecosystems and the
atmosphere (Siegenthaler and Oeschger, 1987).

* The pre-industrial level over the last 1000 years
shows fluctuations up to 10 ppmv around an average
value of 280 ppmv. The largest of these, which
occurred roughly between AD 1200 and 1400, was
small compared to the 75 ppmv increase during the
industrial era (Barnola et al., in press, and Figure
1.5). Short-term climatic variability is believed to
have caused the pre-industrial fluctuations through
effects on oceanic and/or terrestrial ecosystems.

Finally, an important indicator of anthropogenically-
induced atmospheric change is provided by the '*C levels
preserved in materials such as tree rings and corals. The
14C concentration measured in tree rings decreased by
about 2% during the period 1800 to 1950. This isotopic
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Figure 1.5: CO, concentrations over the past 1000 ycars from the recent ice core record and (since 1958) from the Mauna Loa
mcasurement site. The inset shows the period from 1850 in more detail including CO, emissions from fossil fuel. Data sources: D47
and D37 (Barnola et al.. in press): Siple (Neftel et al., 1985 and Fricdli ct al., 1986) and South Pole (Siegenthaler et al., 1988). The
smooth curve is based on a 100yr running mean. All ice core measurements were taken in Antarctica.
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decrease, known as the Suess effect (Suess, 1955),
provides one of the most clear demonstrations that the
increase in atmospheric CO, is due to fossil inputs.

1.2.3 The CO, Record over the Last Climatic Cycle
Although the magnitude and rate of climate changes
observed in the palaco-record covering the last climatic
cycle may differ from those involved in any future
greenhouse warming, these records provide an important
perspective for recent and potential future changes. The
glacial-interglacial amplitudes of temperature change are
of similar order to the high estimate of equilibrium
temperature shifts predicted for a doubling of CO, levels
(Mitchell et al., 1990), although the shifts of the past took
thousands of years.

The close association between CO, and temperature
changes during glacial-interglacial transitions was first
revealed by data from the ice core record. Samples from
Greenland and Antarctica representing the last glacial
maximum (about 18,000 years before present) indicate that
CO, concentrations at that time were 190-200 ppmv, i.e.,
about 70% of the pre-industrial level (Delmas et al., 1980;
Neftel et al., 1982). Thus, an increase of about 80 ppmv
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Figure 1.6: Temperature anomalies and methane and CO,
concentrations over the past 220,000 years as derived from the
ice core record at Vostok, Antarctica.
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occurred in parallel with the warming starting at the end of
the glacial period, when the estimated glacial-interglacial
rise of the mean surface temperature of the Earth rose by
4°C over about 10,000 years (Crowley and North, 1991).
These discoveries have since been confirmed by detailed
measurements of the Antarctic Byrd core for the 8,000 to
50,000 year BP period (Neftel er al., 1988). Analyses of
ice cores from Vostok, Antarctica, have provided new data
on natural variations of CO, levels over the last 220,000
years (Barnola er al., 1987; 1991; Jouzel et al., 1993). The
record shows a marked correlation between Antarctic
temperature, as deduced from the isotopic composition of
the ice, and the CO, profile (Figure 1.6).

Clear correlations between CO, and global mean
temperature are evident in much of the glacial-interglacial
palaeo-record. This relationship of CO, concentration and
temperature may carry forward into the future, possibly
causing a significant positive climatic feedback on CO,
fluxes. Information about leads and lags between climatic
variations and changes in radiatively active trace gas
concentrations is contained in polar ice and deep sca
sediment records (Raynaud and Siegenthaler, 1993). There
is no evidence that CO, changes ever significantly (> 1
kyr) preceded the Antarctic temperature signal. In contrast,
CO, changes clearly lag behind the Antarctic cooling at
the end of the last interglacial. As temperature changes in
the South generally preceded temperature changes in the
North (CLIMAP Project Members, 1984), it cannot be
assumed that CO, changes never led northern temperaturc
changes. Comparison of atmospheric CO, concentration
and continental ice volume suggests that CO, started 1o
change ahead of any significant melting of continental ice.
It is possible that CO, changes may have been caused by
changes in climate, and that CO, and other trace gases
acted to amplify palaeoclimatic changes.

Changes in climate on time-scales of decades to
centuries have occurred in the past. The question remains
whether these changes have been accompanied by changes
in greenhouse trace gas concentrations. The Greenland ice
cores (Johnsen et al., 1992; Grootes ¢t al., 1993) show that
during the last ice age and the last glacial-interglacial
transition, there was a series of rapid (over decades to a
century) and apparently large climatic changes in the
North Atlantic region (~5 to 7°C in Central Greenland:
Johnsen et al., 1992; Dansgaard et al., 1993). These
changes may have been global in scale: the methane record
suggests the potential for parallel changes in the tropics
(Chappellaz et al., 1993). Evidence for rapid climate
oscillations during the last interglacial has also recently
been reported (GRIP Project Members, 1993). However,
because the details were not confirmed by a second core
retrieved from the same area (Grootes et al., 1993), the
possibility that these features were caused by ice-flow
perturbations cannot be discounted. The Dye 3 ice core
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from Greenland indicates that CO, concentration shifts of
~50 ppmv occurred within less than 100 years during the
last glacial period (Stauffer et al., 1984). These changes in
CO, were paralleled by abrupt and drastic climatic events
in this region. Such large and rapid CO, changes have not
been identified in Antarctica, even after accounting for the
lower time resolution of the Antarctic core (Neftel et al.,
1988). It is possible that impurities have introduced
artefacts into the Greenland CO, record (Delmas, 1993;
Barnola et al., in press), and that these features do not
represent real atmospheric CO, changes. Nevertheless,
taken together with independent support from isotopic
studies of mosses (White ¢t al., 1994), rapid CO, events
recorded during the past cannot be disregarded.

1.3 The Anthropogenic Carbon Budget

1.3.1 Introduction

The phrasc “carbon budget” refers to the balance between
sources and sinks of CO, in the atmosphere, expressed in
terms of anthropogenic emissions and fluxes between the
main reservoirs — the oceans, the atmosphere, the
terrestrial carbon pool — and the build-up of CO, in the
atmosphere. Because of the relative stability of
atmospheric CO, concentrations over several thousand
years prior to AD 1800, it is assumed that the net fluxes
among carbon rescrvoirs were close to zero prior to
anthropogenic disturbance. The data described in Section
1.2 provide the essential background for understanding the
carbon budget’s changes over time. Several approaches are
used to quantify the components of this budget (other than
atmospheric mass build-up, which can be measured
directly), often in combination.

(a) direct determination of rates of change of the carbon
content in atmospheric, oceanic, and terrestrial carbon
pools, either by observations of local inventory changes or
by local flux measurements, extrapolated globally;

(b) indirect assessment of the atmosphere-ocean and
atmosphere-terrestrial biosphere fluxes by means of carbon
cycle model simulations, either calibrated or partially
validated using analogue tracers of CO,, such as bomb
radiocarbon or tritium, or with use of chlorofluorocarbons;

(c) interpretation of tracers or other substances that are
coupled to the carbon cycle (MC/'2C and 3C/'2C ratios
and atmospheric oxygen).

The heterogeneity of some aspects of the oceanic and
terrestrial carbon systems makes reliable extrapolation of
flux measurements to the entire globe dependent on high
resolution geographic information and accurate modelling
of processes. Because of this, method (a) is used only for
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atmospheric carbon and for estimating effects of land use,
and estimates of other carbon reservoirs are based
primarily on methods (b) and (c).

1.3.2 Methods for Calculating the Carbon Budget

1.3.2.1 Classical approaches

The calculated ocean uptake rate, together with the
estimated fossil emissions and the observed atmospheric
inventory change, allows inference of the net terrestrial
biospheric balance. Figure 1.7 shows the results of a time-
series rate of change calculation for the atmospheric
carbon mass, the oceanic component, fossil emissions, and
the residual of the first three terms. In this calculation, the
time history of fossil plus cement emissions was deduced
from statistics (Keeling, 1973; Marland and Rotty, 1984,
WEC, 1993; Andres et al., 1994), atmospheric
accumulation was determined from the observational and
ice core record (e.g., Barnola et al., 1991; Boden et al,,
1991), and ocean uptake was modelled with the GFDL
ocean general circulation model (Sarmiento et al., 1992).
Ocean carbon uptake was determined by forcing the ocean
chemistry with the time history of atmospheric
concentrations to obtain uptake as a function of the non-
linear chemistry of carbon dioxide in the ocean. This
calculation illustrates the classic means by which the
carbon budget is calculated. Figure 1.8 shows the balance
of the terrestrial biosphere, now introducing the time
history of land use effects together with a calculation of
the inferred terrestrial sink over time. This calculation
illustrates the classic estimation of a “missing sink”, in
which a residual sink arises because the sum of
anthropogenic emissions (fossil, cement, changing land
use) is greater than the sum of ocean uptake and
atmospheric accumulation. Note that this approach is quite
different from the estimation of sources and sinks from the
spatial distribution of atmospheric concentrations and
isotopic composition, discussed in Section 1.3.2.3 (Keeling
et al., 1989b; Tans et al., 1990; Enting and Mansbridge,
1991).

1.3.2.2 New approaches: budget assessment based on
observations of 13C/'2C and O,/N, ratios

Several promising approaches have recently been proposed
to assess the current global carbon budget with less
dependence on models. Included are observations of
13C/12C and O,/N,, both of which are strongly influenced
by the anthropogenic perturbation of the carbon cycle.

The methods based on 13C exploit the fact that the
I3C/12C ratio in fossil fuels and terrestrial biomass is less
than that in the atmosphere. There has been a decline in the
13C/12C ratio of atmospheric CO, over the last century
(Keeling et al., 1989a). This atmospheric 13C/!12C ratio
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Industrial Carbon Emissions and Global Reservoir Changes
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Figure 1.7: Fossil carbon emissions (based on statistics of fossil
fuel and cement production), and representative calculations of
global reservoir changes: atmosphere (deduced from direct
observations and ice core measurements), ocean (calculated with
the GFDL ocean carbon model), and net terrestrial biosphere
(calculated as remaining imbalance). The calculation implies that
the terrestrial biosphere represented a net source to the
atmosphere prior to 1940 (negative values) and a net sink since
about 1960.

change propagates through the global carbon cycle,
causing isotopic ratio changes in the ocean and the
terrestrial carbon reservoirs.

Quay et al. (1992) proposed a method to determine the
global budget from repeated measurements of vertical
profiles of the '3C/'2C ratio in oceanic dissolved inorganic
carbon. In principle, these observations allow us to
determine the rate of change of the oceanic '3C/!>C ratio
which, together with the observed changes in the
atmospheric '3C/!12C ratio, provide another constraint on
the global carbon balance. The ratio permits discrimination
between oceanic and terrestrial biospheric sinks because
terrestrial uptake (photosynthesis) discriminates against the
heavy isotope (}3C) much more strongly than does ocean
uptake. A preliminary analysis based on a data set from
seven stations in the Pacific Ocean (sampled in the early
1970s and again in 1990) yielded a mean oceanic sink of
2.1 £ 0.8 GtC/yr (Quay et al., 1992).

Additional information for constraining the oceanic
carbon budget may be provided by the '*C/'*C isotopic
disequilibrium between the air and the sea (Tans et al..
1993). The disequilibrium reflects the isotopic adjustment
of the ocean to the atmospheric perturbation and can be
used to assess the atmospheric balances of '*C and CO,,
thereby discriminating between oceanic and biospheric
components. Tans et al. (1993) used this method to
estimate the net air-sea flux of CO, for the period 1970 to
1990, which they found to be less than 0.4 GtC/yr. with
unspecified error ranges.

Relative to achievable measurement precision, the
anthropogenic perturbation has a greater effect on isotopic
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Figure 1.8: The carbon balance of the terrestrial biosphere.
Annual terrestrial biosphere reservoir changes (from Figure 1.7),
land use flux (plotted negative because it represents a loss of
biospheric carbon) and the sum of the terrestrial sink processes
(e.g., Northern Hemisphere regrowth, CO, and nitrogen
fertilization, climate effects) as implied by conservation of carbon
mass.

composition of dissolved organic carbon than on its
concentration, because the former is not affected by
chemical buffering reactions. The required analytical
quality of the isotopic measurements is still high. The
uncertainty range of the current oceanic sink, as estimated
by the methods employing isotope measurements, may be
reduced substantially if an extended measurement
programimme is vigorously pursued (Heimann and Maier-
Reimer, submitted).

The trend in atmospheric oxygen, as revealed by
measurements of the oxygen to nitrogen ratio, can also be
used to assess the global carbon budget (Keeling and
Shertz. 1992: Bender et al., 1994). Oxygen in many
respects is complementary to carbon. It is consumed
during combustion and respiration and is released during
biotic carbon uptake via photosynthesis. The crucial
difference compared to carbon is that, owing to low
solubility of O, in water, the magnitude of the oceanic
oxygen pool is negligible and can be ignored in the global
oxygen balance. Therefore, measurements of the temporal
trend in atmospheric oxygen together with the known O:C
stoichiometric relations during combustion, respiration,
and photosynthesis, permit establishment of global oxygen
and carbon balances, although interannual variations in
marine photosynthesis and respiration may complicate the
interpretation of O:C data (Keeling and Severinghaus,
1994). Data are limited. as measurements of the
oxygen/nitrogen ratio have been reported for only two
years. Within 10 years it is possible that an accurate,
model-independent estimate of the oceanic carbon budget
will be achieved by this method. The atmospheric oxygen
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trend during the last several decades can also be
reconstructed from measurements of CO, and the O,/N,
ratio in glacial surface layers (firn) as a function of depth.
Preliminary results indicate past ocean CO, uptake rates
were large (> 3 GtC/yr), but associated uncertainty ranges
are also large (Bender et al., 1994).

Despite high uncertainty, these new approaches provide
a different, model-independent means of assessing the
global carbon budget. They provide only estimates of the
occanic uptake rate, however. The information gained can
help reduce the uncertainty in the net terrestrial sink
quantified by differencing, but to partition the uptake into
land usc fluxes and terrestrial sinks requires other
approaches.

1.3.2.3 Constraints from spatial distributions

The different spatial patterns of sources and sinks of
atmospheric CO, create gradients in the concentration that
vary inversely with the strength of atmospheric transport.
These spatial distributions of concentration can be
interpreted quantitatively using models of atmospheric
transport to match observed concentration distributions.
This process is known as “inversion”.

The problem of deducing sources and sinks of trace
gases from observations of surface concentrations presents
a considerable technical challenge. This is partly because
the small-scale features of the spatial distribution of
sources and sinks are blurred by atmospheric mixing. The
“reconstruction”™ process amplifies the small-scale details,
but the errors and uncertainties introduced along the way
are similarly amplified. Hence, there is a trade-off between
the spatial resolution sought and the accuracy of the
estimates obtained. Consequently, only a small number of
independent source/sink components can be reliably
determined from the data, and, in general, only the largest
spatial scales can be resolved (Enting, 1993). This
explains, in part, the range of interpretations obtained in
different studies. The uncertainty analysis of Enting et al.
(1994a), indicates that such analyses cannot, on their own,
estimate global totals of net fluxes more accurately than
the classical approach to carbon budget analysis. Thus, at
present, the constraints from the spatial distribution of CO,
act mainly as consistency checks with budgets derived
from analyses of individual budget components.

Synthesis inversions include additional information
bevond atmospheric concentration and transport, and can
suppress unwanted amplification of small-scale variations
cither by restricting the number of source components
considered. or through the use of additional constraints
such as incorporation of independent estimates of source
strengths. Inversions using two-dimensional atmospheric
transport models have been presented by Tans er al. (1989)
and Enting and Mansbridge (1989:; 1991). Three-
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dimensional modelling studies of source and sink
distributions have been presented by Keeling et al.
(1989b), Tans et al. (1990) and Enting et al. (1994a).

The main results that have been obtained from inverse
calculations using atmospheric transport modelling are:

*  Northern Hemisphere source. Inversion calculations
reveal a strong Northern Hemisphere release, as
expected from increased use of fossil fuels. This
source is so strong that it tends to obscure other
details of the source-sink distribution and is
additional confirmation of the role of fossil fuel
emissions in atmospheric concentration change.

* Northern Hemisphere sink. After subtracting the
fossil source, there is a strong net sink in the
Northern Hemisphere which may involve both
marine and terrestrial components (e.g., Tans et al.,
1990). The partitioning remains controversial
(Keeling et al., 1989b; Ciais et al., submitted), but
recent isotopic analyses suggest an appreciable
terrestrial component (Ciais et al., submitted). A
Northern Hemisphere sink, as estimated by inverse
calculations, is consistent with results from terrestrial
studies that suggest sinks are the result of changing
land use (e.g., Dixon et al., 1994) and nitrogen
deposition (largely confined to the industrialised
Northern Hemisphere) (e.g., Schindler and Bayley,
1993).

* Indirect evidence of the existence of a tropical biotic
sink. The net equatorial source from oceanic
outgassing and changes in tropical land use is
smaller than expected based on other estimates (see
Sections 1.3.3.3 and 1.3.3.4), consistent with a role
for nutrient and CO, fertilisation and forest
regrowth.

* Southern Ocean source. Most studies indicate a
source (probably oceanic) at high southern latitudes.

* Southern Hemisphere sink. The net Southern
Hemisphere sink (which is presumably oceanic,
given the small proportion of Southern Hemisphere
land) is weaker than expected in comparison with
northern ocean sinks.

1.3.3 Sources and Sinks of Anthropogenic CO,

1.3.3.1 Fossil carbon emissions

The dominant anthropogenic CO, source is that generated
by the use of fossil fuels (coal, oil, natural gas, etc.) and
production of cement. The total emissions of CO, from the
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use of fossil carbon can be estimated based on documented
statistics of fossil fuel and cement production (Keeling,
1973; Marland and Rotty, 1984; WEC, 1993; Andres et al.,
1994). Average (1980 to 1989) fossil emissions were
estimated to be 5.5 GtC/yr (Andres et al., 1994). During
1991, the reported emissions totalled 6.2 GtC (Andres et
al., 1994). The cumulative input since the beginning of
the industrial revolution (1751 to 1991) is estimated to
be approximately 230 GtC (Andres et al., 1994).
Uncertainties associated with these estimates are less than
10% for the decade of the 1980s (at the 90% confidence
level) based on the methods presented in Marland and
Rotty (1984).

1.3.3.2 Atmospheric increase

The globally averaged CO, concentration, as determined
through analysis of NOAA/CMDL data (Boden et al.,
1991; Conway et al., 1994), increased by 1.53 = 0.1
ppmv/yr over the period 1980 to 1989. This corresponds to
an annual average rate of change in atmospheric carbon of
3.2 £ 0.2 GtC/yr. Other carbon-containing compounds like
methane, carbon monoxide, and larger hydrocarbons,
contain ~1% of the carbon stored in the atmosphere and
can therefore be neglected in the atmospheric carbon
budget.

1.3.3.3 Ocean exchanges

The ocean contains more than 50 times as much carbon as
the atmosphere. Over 95% of the oceanic carbon is in the
form of inorganic dissolved carbon (bicarbonate and
carbonate ions); the remainder is comprised of various
forms of organic carbon (living organic matter, particulate
and dissolved organic carbon) (Druffel ef al., 1992).

The role of the oceans in the global carbon cycle is
twofold: first, it represents a passive reservoir which
absorbs excess atmospheric CO,. It is this role that is
discussed in this section. Second, changes in the physical
state of the ocean (temperature, circulation) and the marine
biota may affect the rate of air-sea exchange, and thus
future atmospheric CO,. This second role, subsumed under
“feedbacks”, is addressed in Section 1.4.3.

The oceanic uptake of excess CO, proceeds by (1)
transfer of the CO, gas through the air-sea interface, (2)
chemical interactions with the oceanic dissolved inorganic
carbon, and (3) transport into the thermocline and deep
waters by means of water mass transport and mixing
processes. Though there are large geographical and
seasonal variations of the surface ocean partial pressure of
CO,, averaged globally and annually, the surface water
value is close to that for equilibrium with the atmosphere.
Therefore, processes (2) and (3) are the main factors
limiting the capacity of the ocean to serve as a sink on
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decadal and centennial time-scales. The chemical buffering
reactions between dissolved CO, and the HCO;~ and
CO§_ ions reduce the rate of oceanic CO, uptake. At
equilibrium, an atmospheric increase in CO, concentration
of 10% is associated with an oceanic increase of dissolved
inorganic carbon of merely 1%. This potential uptake
occurs only in those parts of the ocean that are mixed with
surface waters on decadal time-scales. Therefore, on time-
scales of decades to centuries, the ocean is not as large a
sink for excess CO, as it might seem from comparison of
the relative sizes of the main carbon reservoirs (Figure
1.1). While carbon chemistry is known in sufficient detail
to perform accurate calculations, oceanic transport and
mixing processes remain the primary uncertainties in the
determination of the oceanic uptake of excess CO,.

The marine biota, if in steady state, are believed to play
a minor role, if any at all, in the uptake of excess
anthropogenic CO,. The marine biota, however, play a
crucial role in maintaining the steady-state level of
atmospheric CO,. About three-quarters of the vertical
gradient in dissolved inorganic carbon is generated by the
export of newly produced carbon from the surface ocean
and its regeneration at depth (a process referred to as
“biological pump”). In the open ocean, however, this
process is believed to be limited by the availability of
nutrients, light, or by phytoplantkon population control via
grazing, and not by the abundance of carbon (Falkowski
and Wilson, 1992). Therefore, a direct effect of increased
dissolved inorganic carbon (less than 2.5% since pre-
industrial times) on carbon fixation and export is unlikely,
although a recent study by Riebesell et al. (1993)
suggested that under particular conditions the rate of
photosynthesis and hence phytoplankton growth might
indeed be limited by the availability of CO, as a dissolved
gas. The glebal significance of this effect, however,
remains to be assessed. (See Section 1.4.3 for a discussion
of the potential indirect effects of increased dissolved
inorganic carbon.)

Flux of carbon from the terrestrial biosphere to the
oceans takes place via river transport. Global river
discharge of carbon in organic and inorganic forms may be
~1.2-1.4 GtC/yr (Schlesinger and Melack, 1981; Degens et
al., 1991; Maybeck, 1993). A substantial fraction of this
transport (up to 0.8 GtC/yr), however, reflects the natural
geochemical cycling of carbon and thus does not affect the
global budget of the anthropogenic CO, perturbation
(Sarmiento and Sundquist, 1992). Furthermore, the
anthropogenically induced river carbon fluxes reflect, to a
large extent, increased soil erosion and not a removal of
excess atmospheric CO,.

The role of coastal seas in the global carbon budget is
poorly understood. Up to 30% of total ocean productivity
is attributed to marine productivity in the coastal seas,
which comprise only ~8% of the oceanic surface arca.
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Here, discharge of excess nutrients by rivers might have
significantly stimulated carbon fixation (up to 0.5-1.0
GtC/yr). At present, however, it is not known how much of
this excess organic carbon is simply reoxidised, and how
much is permanently sequestered by export to the deep
ocean, or in sediments on the shelves and shallow seas.
Because of the limited surface area, a burial rate
significantly exceeding 0.5 GtC/yr is not very likely, as it
would require all coastal seas to be under-saturated in
partial pressure of CO, by more than 50 gatm on annual
average, in order to supply the carbon from the
atmosphere. Such under-saturations have been
documented, ¢.g., in the North Sea (Kempe and Pegler,
1991), but these measurements arc unlikely to be
representative of all coastal oceans. Based on the above
considerations, the role of the coastal ocean is judged most
likely to be small, but, at present, cannot be accurately
assessed and so is neglected in the budget presented in this
chapter (Table 1.3).

Exchanges of carbon between the atmosphere and the
occans (net air-sca fluxes) can be deduced from
measurements of the partial pressure difference of CO,
between the air and surface waters. This calculation also
requires knowledge of the local gas-exchange coefficient,
which is a relatively poorly known quantity (Watson,
1993). Furthermore, while the globally and seasonally
averaged partial pressure of surface waters is close to the
value for cquilibrium with the atmosphere, large
geographical and scasonal variations exist, induced both
by physical processes (upwelling, vertical mixing, sea
surface temperature fluctuations) and by the activity of the
marine biota. Representative estimates of the seasonally
and regionally averaged net air-sea carbon transfer thus
necessitates sampling with high spatial and temporal
resolution (Garcon et al., 1992). Estimates of the regional
net air-sea carbon fluxes have been obtained, albeit with
considerable error margins. However, the global oceanic
carbon balance is more difficult to deduce by this method,
as it represents a small residual computed from summing
up the relatively large emissions from super-saturated and
uptake in under-saturated regions (Tans et al., 1990;
Takahashi er al.. 1993; Wong et al., 1993; Fung and
1994). The World Ocean Circulation
Experiment (WOCE) survey nevertheless
demonstrated the feasibility of direct measurement
programmes, and the importance of mecasurements as a
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cross-check for other approaches should not be underrated.

The oceanic contribution to the global carbon budget
can also be assessed by direct observations of changes in
the oceanic carbon content. This approach also suffers
from the problem of determining a very small signal
against large spatial and temporal background variability.
Model estimates of the rate of change induced by the
anthropogenic perturbation are of the order of 1 part in
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2000/yr. Therefore, on a 10-year time-scale, variations in
dissolved inorganic carbon would have to be measured
with an accuracy of better than 1% in order to determine
the carbon balance in a particular oceanic region. While
such accuracy can be obtained, a substantial sampling
effort is required (Keeling, 1993). Determination of the
global oceanic budget by this approach does not appear
feasible in the near future. However, repeated
observational surveys might reveal regional carbon
inventory changes, and thus might provide a cross-check
for other approaches.

Model results

The present-day oceanic uptake of excess CO, is estimated
using ocean carbon model simulation experiments, with
observed atmospheric CO,, concentration as a prescribed
boundary condition. It is only necessary to model the
transport and mixing of the excess carbon perturbation if
the marine biota are assumed to remain on an annual
average in a steady state, as excess CO, will disperse
within the ocean like a passive tracer, independent of the
background natural distribution of dissolved inorganic
carbon. In particular, the perturbation excludes a natural
cycle of carbon transported by rivers, outgassed by the
oceans and then taken up by the terrestrial biota.

Until recently, most models of the oceanic uptake of
anthropogenic CO, consisted of a series of well-mixed or
diffusive reservoirs (“boxes”) representing the major
oceanic water masses, connected by exchange of water
(Oeschger et al., 1975). Global transport characteristics of
these models were obtained from simulation studies of the
oceanic penetration of bomb radiocarbon (14C) validated
by comparison with observations (Broecker et al., 1985).
Bomb radiocarbon, however, does not accurately track the
oceanic invasion of anthropogenic carbon, because oceanic
concentration changes of carbon isotopes depend on the
full time history of those inputs and '4C entered the ocean
with an atmospheric history different from that of natural
CO,. Furthermore, CO, uptake depends on chemical
interactions with dissolved inorganic C, while uptake of
I4C does not. Nevertheless, bomb radiocarbon provides a
powerful constraint on ocean carbon models, a constraint
which may be supplemented by analyses of other steady
state and transient tracers, such as halocarbons, tritium
from nuclear weapon testing, and possibly 13C.

Recently, three-dimensional oceanic general circulation
models (OGCMs) have been used for modelling CO,
uptake by the oceans (Maier-Reimer and Hasselmann,
1987; Sarmiento et al., 1992; Orr, 1993). These modecls
calculate oceanic circulation on the basis of the physics of
fluid dynamics, and the few adjustable model parameters
are primarily tuned to reproduce the relatively well-known
large-scale patterns of ocean temperature and salinity. It is
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known that the OGCMs used in published global carbon
cycle studies show significant and similar deficiencies
(e.g., too weak a surface circulation, inaccurate deep
convection, absence of high resolution features).
Simulation of transient tracers, bomb radiocarbon in
particular, provides an important validation test.

The average of modelled rates of oceanic carbon uptake
is 2.0 GtCl/yr over the decade 1980 to 1989 (Orr, 1993;
Siegenthaler and Sarmiento, 1993). This value is
corroborated by model experiments projecting future
concentrations of atmospheric CO, (see Section 1.5, and
Enting et al., 1994b) and by a simulation with a newly-
developed two-dimensional global ocean model (Table
1.1; Stocker et al., 1994). The spread of the modelled
uptake rates corresponds to a statistical uncertainty of only
about * 0.5 GtC/yr (at the 90% confidence level).
However, recent assessments of the global radiocarbon
balance (Broecker and Peng, 1994; Hesshaimer et al.,
1994) suggest that the oceanic carbon uptake estimates of
box models tuned by bomb radiocarbon might have to be
revised downwards by up to 25%. Furthermore, the spread
of the OGCM results listed in Table 1.1 might be
fortuitously small in view of the similar deficiencies in
these models. Based on these considerations we do not
change the estimate of the uncertainty of the ocean uptake
from the value of + 0.8 GtC/yr as given by IPCC in 1990
(Watson et al., 1990) and in 1992 (Watson et al., 1992).

1.3.3.4 Terrestrial exchanges

In previous assessments (IPCC, 1990; 1992), the
remaining intact terrestrial biosphere has often been
assumed to be a significant sink for carbon dioxide,
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balancing or exceeding emissions derived from changing
land use. The calculated imbalance, which has been a
persistent feature of global carbon cycle calculations
(Broecker et al., 1979), arises from the difference between
measured atmospheric changes, statistically derived fossil
fuel and cement emissions, modelled ocean uptake, and
estimated emissions from changing land use. In this
assessment, part of the previously calculated imbalance is
accounted for by effects of changing land use in the middle
and high latitudes (0.5 + 0.5 GtC/yr: Table 1.3). Several
processes may contribute to increased terrestrial carbon
storage (Table 1.2), but the problem of detecting these
increases is troublesome.

Difficulty in quantifying the role of the terrestrial
biosphere in the global carbon cycle arises because of the
complex biology underlying carbon storage, the great
heterogeneity of vegetation and soils, and the effects of
human land use and land management. We consider the
following issues:

* Deforestation and change in land use. CO, is
emitted to the atmosphere as a result of land use
changes such as biomass burning and forest harvest
through the oxidation of vegetation and soil carbon.
These “emissions from changing land use” are
currently largest in the tropics, but prior to the 1950s,
the middle latitudes were a larger source than were
the tropics.

* Forest regrowth. Carbon is absorbed by regrowing
forests following harvest. This absorption is included
as a factor in the calculation of net emissions from
disturbed regions. In the tropics, emissions are

Table 1.1: Excess CO, uptake rates (average 1980 to 1989) calculated by various ocean carbon cycle models.

Model Ocean uptake (GtC/yr) Reference
Bomb radiocarbon-based box models
Box-diffusion model 2.32 Siegenthaler & Sarmiento (1993)
HILDA model (“Bern model”) 2.15 Siegenthaler & Joos (1992)
Three-dimensional ocean general circulation models
Hamburg Ocean Carbon Cycle Model (HAMOCC-3) 1.47 Maier-Reimer (1993)
GFDL Ocean General Circulation Model 1.81 Sarmiento et al. (1992)
LODYC Ocean General Circulation Model 2.10 Orr (1993)
Two-dimensional ocean circulation models
21 Stocker et al. (1994)

AVERAGE of all models

2.0
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Table 1.2: Processes leading to increased terrestrial
storage and their magnitudes (GtClyr). average for the
1980s.

Processes

Mid-/high latitude forest regrowth 05=%05
CO, fertilisation 0.5-2.0
Nitrogen deposition 0.2-1.0
Climatic effects 0-1.0

thought to exceed the uptake by secondary growth
following forest harvest, but uptake from regrowth in
the middle and high latitudes apparently results in a
net sink for atmospheric CO, (see below).

* Fertilisation by carbon dioxide. As atmospheric CO,
increcases, plants increase their uptake of carbon,
potentially increasing carbon storage in the terrestrial
biosphere. This mechanism has often been
hypothesised to account for the calculated imbalance
in the global carbon budget (the “missing sink™).
There is strong physiological evidence for
photosynthetic increase with CO, fertilisation (e.g.,
Woodward, 1992), but interspecific differences in
the magnitude of effects on photosynthesis and
growth range from marked enhancement to
negligible and even negative responses. Considerable
unccertainty exists as to how to translate laboratory
and field results into a global estimate of changing
biospheric carbon storage, as ecosystem feedbacks
and constraints are numerous (see Section 1.4.2).

*  Nitrogen fertilisation. Most terrestrial ccosystems
arc limited by nitrogen, as evidenced by increased
carbon storage after nitrogen fertilisation. Additions
of nitrogen to the terrestrial biosphere through both
intentional fertilisation of agricultural land and
deposition of nitrogen arising from fossil fuel
combustion and other anthropogenic processes can
result in increased terrestrial storage of carbon.

*  Climate. The processes of terrestrial carbon uptake
(photosynthesis) and release (respiration of vegetation
and soils) are intluenced by climate. Decadal time-
scale variations in climate may have caused natural
changes in carbon storage by the terrestrial
biosphere, acting in conjunction with or even counter
to the anthropogenic effects described above. This
ctfect on storage is separate from the potential future
changes in carbon storage which might arise from
greenhouse gas-induced changes of climate.
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» Interactions. The processes mentioned above are not
independent, and their magnitudes are not
necessarily additive. For example, much of the
anthropogenic nitrogen has been deposited by the
atmosphere on regrowing forests of the middle and
high latitudes, thereby potentially enhancing carbon
storage in these regions. Recent measurements of
mid-latitude and high latitude forest regrowth may
therefore reflect the combined effects of nitrogen
deposition, elevated CO, concentrations, and climate
variability. Also, CO, fertilisation can affect the
nitrogen cycle and vice versa (see Section 1.4.2). It
is possible that nitrogen deposition will enhance the
effectiveness of carbon storage by offsetting the
increased plant demand for nitrogen caused by
increased concentrations of CO,. Interactive effects
with air pollutants such as tropospheric ozone may
also be important.

1.3.3.4.1 Emissions from changing land use

Deforestation and other changes in land use (including
land management) cause significant exchanges of CO,
between the land and atmosphere. Changes in land use
from 1850 to 1990 resulted in cumulative emissions of 122
*+ 40 GtC (Houghton, 1994a). From the last century
through the 1940s, expansion of agriculture and forestry in
the middle and high latitudes dominated carbon emissions
from the terrestrial biosphere (Houghton and Skole, 1990).
Since then, conversion of temperate forests for agricultural
use has diminished and forests are regrowing in previously
logged forests and on abandoned agricultural lands
(Melillo et al., 1988; Birdsey et al., 1993; Dixon et al.,
1994). Emissions from the tropics have generally been
increasing since the 1950s. Estimates for 1980 range from
0.4 to 2.5 GtC (Houghton et al., 1987; Detwiler and Hall,
1988; Watson et al., 1990).

While uncertainties in the estimated rate of tropical
deforestation are large (FAO, 1993), estimation of
deforestation rates and area of regrowing forests have
improved recently through the use of remote sensing. For
example, satellite imagery has reduced estimated rates of
deforestation in the Brazilian Amazon (INPE, 1992; Skole
and Tucker, 1993). The lack of satellite analyses for other
tropical areas may mean that the flux from the tropics as a
whole has been overestimated.

While there is considerable uncertainty in estimated
emissions from changing land use, the most recent
compilations (Dixon et al., 1994; Houghton, 1994b) agrec
that tropical emissions averaged 1.6 * 1.0 GtC/yr in the
1980s. These analyses take into account the changing
estimates of deforestation rates (INPE, 1992; Skole and
Tucker, 1993) as well as other new data. The uncertainty
estimate reflects the controversy over quantity and
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distribution of biomass (e.g., Brown and Lugo, 1992;
Fearnside, 1992) as well as the errors associated within
and between individual studies. At this writing,
considerable work is in progress; it is possible that the
estimate of emissions from changing land use in the tropics
may be modified in the near future. Of particular concern
is the currently poor evaluation of effects of changing land
use in the drier, open canopy forests of the seasonal tropics
(FAO, 1993), and poor knowledge of carbon accumulation
in regrowing forests.

1.3.3.4.2 Uptake of CO, by changing land use

Several recent analyses suggest a sink of carbon in
regrowing Northern Hemisphere forests. Estimates for the
magnitude of this term range from essentially zero to 0.74
GtC/yr (Melillo et al., 1988; Houghton, 1993; Dixon et al.,
1994). 1t is difficult to assess the magnitude of this sink for
two reasons. The first is the wide disparity in published
regional estimates (e.g., a Russian sink of 0.01-0.06 GtC/yr
(Melillo et al., 1988; Krankina and Dixon, 1994) versus
0.3-0.5 GtC/yr (Dixon et al., 1994)).

A more fundamental problem is the confusion of carbon
uptake via forest growth versus forest regrowth. As a basis
for understanding how fluxes might change in the future,
we seek in this report to separate increases in forest carbon
storage that result from the regrowth of previously
harvested forests versus storage due to processes such as
CO, fertilisation, nitrogen deposition, and changes in fire
frequency, management practices, or climate, all of which
can affect forest growth. Inventory-based estimates of
forest carbon storage are made by multiplying the age
distribution of forest stands (rates of carbon accumulation
generally decrease as stands age) by age-specific rates of
carbon accumulation, estimated from observations.
However, as forest carbon accumulation has been
measured during the period of changing CO, and nitrogen
deposition, and possibly climate, forest inventories cannot
distinguish the amount of accumulation attributable to
individual processes.

The confusion of mechanisms is not important when
inventory data are used to corroborate the results of inverse
modelling (e.g., Tans et al., 1990; Enting and Mansbridge,
1991; Ciais et al., in press), but separation of carbon
storage mechanisms is essential for projections of future
changes in carbon storage. Estimates of carbon storage due
to nitrogen deposition or CO, fertilisation (Peterson and
Melillo, 1985; Schindler and Bayley, 1993; Gifford, 1994)
cannot be added to inventory-based land use sinks ( Dixon
et al., 1994; Houghton, 1994b). Moreover, inventory data
are ill-suited for the task of projecting future carbon uptake
because the inventory-based method does not distinguish
between demographic effects such as forest harvest,
agricultural abandonment, and natural disturbance such as
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fire and wind (Kolchugina and Vinson, 1993). The
problem of quantifying the contribution of individual
mechanisms to total carbon storage is even greater in the
tropics, where few demographic data exist. Thus, it is
inappropriate to rely entirely on inventory-based
measurements for initialisation of terrestrial carbon
models.

In addition to changes on forested lands, the decline in
soil carbon storage in agricultural lands may have been
reversed in the middle latitudes. Best management
practices may even lead to storage increases in the future
(Metherell, 1992). While the world-wide extent of
management changes and their effect on carbon balance is
poorly known, a recent assessment of carbon storage in
USA croplands suggests possible increases over the
coming few decades of 0.02-0.05 GtC/yr; the authors note
that similar changes are likely to have occurred over the
past few decades (Donigian er al., 1994). In terms of the
global C budget, increases in soil storage are small
(Schlesinger, 1990), although they may be significant at
the regional, or even national, scale.

1.3.3.4.3 Other terrestrial sink processes

While little has been done to increase understanding of
potential sinks in tropical forests, analyses based on
models of forest growth, age distribution data, and the age-
growth relationship suggest carbon accumulation in
Northern Hemisphere forests may be as high as ~1 GtC/yr
(Dixon et al., 1994). Analyses based on obscrved
atmospheric CO, and 13CO2 suggest a strong Northern
Hemisphere terrestrial sink. While various pieces of
evidence support a substantial terrestrial sink in the
Northern Hemisphere, direct observations to confirm the
hypothesis and to establish the processes responsible for
increasing carbon storage are lacking. For example, tree
ring studies of contemporary and pre-industrial forest
growth rates are contradictory. These studies have revealed
enhanced growth in subalpine conifers (LaMarche et al.,
1984), no growth enhancement beyond that explained by
climatic variability (Graumlich, 1991; D’Arrigo and
Jacoby, 1993), and both positive and negative changes in
growth rate dependent upon species and location (Briffa et
al., 1990). Models and observational data to confirm
tropical sinks are even more deficient (e.g., Brown and
Lugo, 1984; 1992; Fearnside, 1992; Skole and Tucker,
1993; Dixon et al., 1994). Improved observations for
identifying terrestrial sinks is necessary for the
improvement of models capable of projecting future states
of the carbon cycle, and also for quantifying regional
contributions to terrestrial sources and sinks. Processes
that may contribute to a terrestrial sink are explored below
(sce Table 1.2).
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CO, fertilisation

Experimental studies of agricultural and wild plant species
have shown growth responses of typically 20-40% higher
growth under doubled CO, conditions (ranging from
negligible or negative responses in some wild plants to
responses of 100% in some crop species (Korner and
Arnone, 1992; Rochefort and Bazzaz, 1992; Coleman et
al., 1993; Idso and Kimball, 1993; Owensby et al., 1993;
Polley et al., 1993; Idso and Idso, 1994)). The majority of
these studies were short-term and were conducted with
potted plants (Idso and Idso, 1994). The effect of increased
growth under elevated CO, conditions, known as the CO,
fertilisation effect, is often assumed to be the primary
mechanism underlying the imbalance in the global carbon
budget. This assumption implies a terrestrial sink that
increases as CO, increases, acting as a strong negative
feedback. However, while the potential effect of CO2 in
experimental and some field studies is relatively strong
(c.g., Drake, 1992; Idso and Kimball, 1993; see also
review by Idso and Idso, 1994), natural ecosystems may be
less responsive to increased levels of atmospheric CO,,.
Evidence that the effects of CO, on long-term carbon
storage may be less than is suggested by short-term pot
studies of photosynthesis or plant growth includes:

(1) Ficld studies showing reduced responses over time
(Occhel et al., 1993) and zero, small, or statistically
insignificant responses (Norby et al., 1992; Jenkinson et
al., 1994);

(2) Evidence that plants with low intrinsic growth rates, a
common trait in native plants, are less responsive to CO,
increases than are rapidly growing plants, such as most
crop species (Poorter, 1993);

(3) Results of model simulations which suggest that
increases in carbon storage eventually become nutrient-
limited (Comins and McMurtrie, 1993; Melillo et al.,
1994; reviewed in Schimel, 1995). (Long-term nutrient
limitation is different from the short-term nutrient
limitation of photosynthesis and plant growth observed in
experimental studies; it reflects the need for nutrients in
addition to carbon to increase organic matter production.)

There is also evidence that while water- or temperature-
stressed plants are more responsive to CO, increase than
are unstressed plants (because CO, increases water-use
efficiency (Polley et al., 1993)), nitrogen-limited plants are
less sensitive to CO, level (Bazzaz and Fajer, 19925
Comins and McMurtric, 1993: Diaz et al., 1993; Melillo et
al.. 1993; Ojima et al., 1993: Idso and Idso, 1994). The
reduction in response of short-term photosynthesis and
plant growth to CO, caused by nitrogen limitation is
highly variable and may on the whole be small (Idso and
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Idso, 1994), but as all organic matter contains nitrogen,
carbon storage increases should eventually become limited
by the stoichiometric relationships of carbon and other
nutrients in organic matter (Comins and McMurtrie, 1993;
Diaz et al., 1993; Schimel, 1995).

While current models assume that nitrogen inputs are
not affected by CO, fertilisation, this may not be true
(Thomas et al., 1991; Gifford, 1993; Idso and Idso, 1994).
CO, fertilisation could stimulate biological nitrogen
fixation, because nitrogen-fixing organisms have high
energy (organic carbon) requirements. If nitrogen inputs
are stimulated by increasing CO,, acclimation of carbon
storage to higher CO, levels could be temporarily offset.
However, evidence from native ecosystems suggests that
other nutrients, such as phosphorus, may be more limiting
to nitrogen fixation than is energy (Cole and Heil, 1981;
Eisele et al., 1989; Vitousek and Howarth, 1991).

As a sensitivity analysis, the effects of CO, enrichment
was varied in one model over the plausible range of values
(by the equivalent of 10, 25 and 40% increases in plant
growth at doubled CO,). The results indicate terrestrial
carbon storage rates (increased net ecosystem production:
NEP) due to CO, fertilisation were 0.5, 2.0 and 4.0 GtC/yr
during the 1980s (Gifford, 1993). A modelling experiment
by Rotmans and den Elzen (1993) indicated the strength of
CO, fertilisation might be ~1.2 GtC/yr. Overall, it is likely
that CO, fertilisation plays a role in the current terrestrial
carbon budget, and may have amounted to storage of 0.5 to
2.0 GtC/yr during the 1980s.

Nitrogen fertilisation

Many terrestrial ecosystems are nitrogen limited: added
fertiliser will produce a growth response and additional
carbon storage (e.g., Vitousek and Howarth, 1991:
Schimel, 1995). Nitrogen deposition from fertilisers and
oxides of nitrogen released from the burning of fossil fuel
during the 1980s is estimated to amount to a global total,
but spatially concentrated, 0.05-0.06 GtN/yr (Peterson and
Melillo, 1985; Duce et al., 1991). The carbon sequestration
which results from this added nitrogen is estimated to be of
the order 0.2-1.0 GtC/yr (Peterson and Melillo, 1985;
Schindler and Bayley, 1993; Schlesinger, 1993).
depending on assumptions about the proportion of nitrogen
that remains in ecosystems. Estimates significantly higher
than 1 GtC/yr are unrealistic because they assume that all
of the N would be stored in forms with high carbon-to-
nitrogen ratios, while much atmospheric nitrogen is in
reality deposited on grasslands and agricultural lands
where storage occurs in soils with low average carbon to
nitrogen ratios. Uptake of carbon due to long-term
increases in nitrogen deposition could increase as nitrogen
pollution increases; but possibly to a threshold, after which
additional nitrogen may result in ecosystem degradation
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(e.g., Aber et al., 1989; Schulze et al., 1989). Because
most deposition of anthropogenic nitrogen occurs in the
middle latitudes, some of the effect of added nitrogen may
already be accounted for in measurement-based estimates
of mid-latitude carbon accumulation (discussed above).
However, existing analyses do not allow identification of
the fraction of measured forest growth that is due to
nitrogen addition or effects of CO,,.

Climate effects

Climate affects carbon storage in terrestrial ecosystems
because temperature, moisture, and radiation influence
both ecosystem carbon gain (photosynthesis) and loss
(respiration) (Houghton and Woodwell, 1989; Schimel et
al., 1994). While a number of compensatory processes are
possible, warming is thought to reduce carbon storage by
increasing respiration, especially of soils (Houghton and
Woodwell, 1989; Shaver et al., 1992; Townsend et al.,
1992; Oechel et al., 1993; Schimel et al., 1994).
Conversely, cooling would be expected to increase carbon
storage. In nutrient-limited forests, however, warming may
increase carbon storage by “mineralising” soil organic
nutrients, which are generally stored in nutrient-rich, or
low carbon-to-nutrient ratio forms, thereby allowing
increased uptake by trees, which store nutrients in high
carbon-to-nutrient forms (Shaver er al., 1992). This is not
true in nutrient-limited tundra ecosystems, where recent
warming has resulted in a local CO, source (Occhel er al.,
1993). Increases in precipitation will generally increase
carbon storage by increasing plant growth, although in
some ecosystems compensatory increases in soil
decomposition may reduce or offset this effect (Ojima ef
al., 1993). While these effects have been discussed as
components of future responses of ecosystems to climate
change, climate variations during the past century may
have influenced the terrestrial carbon budget. In a
provocative paper, Dai and Fung (1993) suggested that
climate variations over the past decades could have
resulted in a substantial sink. Ciais et al. (in press)
suggested that cooling arising from the effects of Mt.
Pinatubo may have increased terrestrial carbon storage and
contributed to the observed reduction in the atmospheric
growth rate during the 1991 to 1992 period. Palaeoclimate
modelling studies likewise suggest major changes in
terrestrial carbon storage with climate (Prentice and Fung,
1990; Friedlingstein et al., 1992). Modelling and
observations of ecosystem responses to climate and
climate anomalies will be important tools for validating
predictions of future changes; meanwhile, investigations of
the effects of climate on carbon storage remain suggestive
rather than definitive.

1.3.4 Budget Summary

In Table 1.3 we present an estimated budget of carbon
perturbations for the 1980s, shown as annual average
values.

The budgetary inclusion of a Northern Hemisphere sink
in forest regrowth reduces the unaccounted-for sink
compared with earlier budgets (IPCC, 1990; 1992) by
assigning a portion of this sink to forest regrowth. The
remaining imbalance in this budget implies additional net
terrestrial sinks of 1.4 * 1.5 GtC/yr.

1.4 The Influence of Climate and Other Feedbacks on
the Carbon Cycle

1.4.1 Introduction

The description of the carbon cycle in the previous
sections addressed the budget of anthropogenic CO,,
without emphasising the possibility of more complex
interactions within the system. There are, however, a
number of processes that can produce feedback loops. One
important distinction (sece Enting, 1994) is between carbon
cycle feedbacks and CO,-climate feedbacks. The only
dircct carbon cycle feedback is the CO, fertilisation
process described in Section 1.3.3.4.3. In contrast, CO,-
climate feedbacks involve the effect of climate change
(potentially induced by CO, concentration changes) on the
components of the carbon cycle. For terrestrial
components, the most important effects are likely to be

Table 1.3: Average annual budget of CO, perturbations
for 1980 to 1989. Fluxes and reservoir changes of carbon
are expressed in GtClyr, error limits correspond to an
estimated 90% confidence interval.

CO, sources

(1) Emissions from fossil fuel combustion 5505
and cement production

(2) Net emissions from changes in tropical 1.6+ 1.0
land use

(3) Total anthropogenic emissions (1)+(2) 7.1%11
Puartitioning among reservoirs

(4) Storage in the atmosphere 32x02
(5) Oceanic uptake 20=+08
(6) Uptake by Northern Hemisphere forest 0.5+0.5*
regrowth

(7) Additional terrestrial sinks (CO, fertilisation, 1.4 + 1.5

nitrogen fertilisation, climatic effects)

(1) + )] -[(4) +(5) + (6)]

* from Table 1.2
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those involving temperature, precipitation, and radiation
changes (through changes in cloudiness) on net primary
production and decomposition (including effects resulting
from changes in species composition). For marine systems,
the primary effects to be expected arise through climatic
influences on ocean circulation and chemistry. Such
changes would affect the physical and biological aspects of
carbon distribution in the oceans including physical fluxes
of inorganic carbon within the ocean and changes in
nutricnt cycling (Manabe and Stouffer, 1993). The
feedbacks may also include changes in the species
composition of the ocean biota, which determines the
location and magnitude of oceanic CO, uptake.

Factors with a strong influence on the global carbon
cycle that are similar to and/or modify feedback loops also
exist. Among such factors are the effects of increased UV
on terrestrial and marine ecosystems and the anthropogenic
toxification and eutrophication of these ecosystems. While
significant effects of possible changes in mid-latitude and
high latitude UV radiation, tropospheric ozone and other
pollutants have been documented in experimental studies,
there is little basis for credible global extrapolation of
these studics (Chameides et al., 1994). They will not be
discussed further, but should be addressed in subsequent
assessments as more data become available.

1.4.2 Feedbacks to Terrestrial Carbon Storage

The responses of terrestrial carbon to climate are complex,
with rates of biological activity generally increasing with
warmer temperatures and increasing moisture. Because
photosynthesis and plant growth increase with warmer
temperatures, longer growing seasons and more available
watcer, storage of carbon in living vegetation generally
increases as well (Melillo et al., 1993). Storage of carbon
in soils generally increases along a gradient from low to
high latitudes, reflecting slower decomposition of dead
plant material in colder environments (Post et al., 1985;
Schimel et al., 1994). Flooded soils, where oxygen
becomes depleted, have extremely low rates of
decomposition and may accumulate large amounts of
organic matter as peat. Global ecosystem models based on
an understanding of underlying mechanisms are designed
to capture these patterns, and have been used to simulate
the responsces of terrestrial carbon storage to changing
climate. Some models also include the effect of changes in
land use. Model results suggest that future effects of
changing climate, atmospheric CO,. and changing land use
on carbon storage may be quite large (Vloedbeld and
Leemans, 1993),

Effects of temperature and CO, concentration

Ecosvstem models have been used to simulate the response
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of the terrestrial biosphere to changes in climate, rate of
change of climate (“transient” changes), effects of
changing CO,, and the effects of changing land use.
Models may consider only the response of plant growth
and decomposition, or they may also allow movement of
vegetation “types” such as forests and grasslands. The
simplest case, involving a general circulation model-
(GCM-) simulated climate change and stationary
vegetation patterns projected losses of terrestrial carbon of
about 200 Gt over an implicit time period of a few hundred
years (Melillo et al., 1993). When vegetation types were
allowed to migrate, models projected a long-term increase
in terrestrial carbon storage: 60-90 GtC over 100-200 years
(Cramer and Solomon, 1993; Smith and Shugart, 1993). In
Smith and Shugart’s (1993) model, climate change and
vegetation redistribution led to a transient release of CO,
from die back before regrowth (~200 GtC over ~100
years), followed by an eventual accumulation of ~90 GtC.
This study, like those mentioned above, did not
incorporate the effects of CO, fertilisation. The TEM
model of Melillo et al. (1993) was also used to assess the
response of ecosystem carbon storage to CO, fertilisation
under a scenario of climate change resulting from an
instantaneous doubling of CO,. The results of this
experiment showed that, over the period of CO, doubling,
uptake of carbon only occurred when the CO, fertilisation
effect was included (loss of ~200 GtC without the
fertilisation effect, and a gain of ~250 GtC when the effect
was included: Melillo et al., 1994). Rotmans and den
Elzen (1993) used the IMAGE model to assess the effects
of including CO, fertilisation and temperature feedbacks
on their modelled carbon budget. Estimated biospheric
uptake increased by 1.2 GtC/yr over the decade of the
1980s when CO, and temperature feedbacks werc
included. The most complex assessment of the interactive
effects on carbon storage are carried out with models of
transient changes in climate that include CO, fertilisation.
Esser (1990) simulated an increase of 170 GtC over 200
years with transient changes of climate and CO,
fertilisation (this model does not take vegetation
redistribution into account). Alcamo et al. (1994b)
performed a similar experiment, but included redistribution
of vegetation. Their results revealed eventual increased
carbon storage of ~200-250 Gt, depending on assumptions
of future land use. Results from ecosystem models suggest
that changes in climate associated with CO, doubling arc
likely to lead to a significant transient release of carbon
(1-4 GtC/yr) over a period of decades to more than
century (Smith and Shugart, 1993; Dixon et al., 1994).

Effects of land use

Several of these studies also included the effects of
changing land use. For example, Esser (1990) simulated
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gain of 170 GtC due to the effects of climate and CO,
change, but losses of 322 GtC when he assumed areal
reduction of global forests by 50% by the year 2300,
emphasising the importance of maintaining forest
ecosystems for terrestrial carbon storage. In the Cramer
and Solomon (1993) study, inclusion of dense land
clearing also substantially reduced simulated C storage (by
up to 152 GtC). In the Alcamo et al. (1994b) study, global
scenarios that required additional land for agriculture and
biomass energy production resulted in lower carbon
storage.

While the results from global terrestrial models range
widely, all suggest that the terrestrial biosphere could
eventually take up 100-300 GtC in response to warming,
albeit after a significant transient loss (e.g., Smith and
Shugart, 1993). While existing simulations have a number
of shortcomings, including the lack of agreed-upon climate
and land use scenarios that would allow rigorous
comparison of results, they suggest possible exchanges
between the atmosphere and the terrestrial biosphere of the
order of 100s of GtC over decades to a few centuries (e.g.,
Alcamo et al., 1994a).

Soil feedbacks

Because soil carbon is released with increasing
temperature, it has been suggested that global warming
would result in a large positive feedback (Houghton and
Woodwell, 1989; Townsend et al., 1992; Oechel et al.,
1993). In order to evaluate this, the sensitivity of carbon
storage to temperature was assessed using a number of
models (Schimel et al., 1994). Inter-comparison of model
results revealed rates of global soil carbon loss of 11-34
GtC per degree warming. Vegetation growth and C storage
are stimulated in many of these models because as soil
carbon is lost, soil nitrogen is made available to the
modelled vegetation. This fertilisation effect can
ameliorate or even reverse the overall loss of carbon
(Shaver et al., 1992; Gifford, 1994; Schimel et al., 1994).
In the Century ecosystem model, the nitrogen feedback
reduces the effect of warming on soil carbon loss by 50%
(Schimel et al., 1994).

Nutrient limitation of CO, fertilisation

The temperature feedback on nitrogen availability may
interact with CO, fertilisation. CO,-fertilised foliage is
typically lower in nitrogen than foliage grown under
current concentrations of CO, (e.g., Coleman and Bazzaz,
1992). As dead foliage from high-CO, conditions works its
way through the decomposition process, soil decomposer
organisms require additional nitrogen (Diaz et al., 1993),
and, as a result, vegetation may become more nitrogen
limited (attenuating but not eliminating the effects of CO,
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fertilisation (Comins and McMurtrie, 1993; Schimel,
1995)). Additional nitrogen released by warming, as
described above, can alleviate the nitrogen stress induced
by high-CO, foliage: this interaction between warming and
CO, fertilisation is responsible for the large estimated
effect of CO, on carbon storage in Melillo er al. (1993).
Deposition of atmospheric nitrogen could also influence
the effectiveness of CO, fertilisation (Gifford, 1994),
although some modelling studies suggest the effect may be
modest (Rastetter et al., 1992; Comins and McMurtrie,
1993). Empirical studies are few, but a recent analysis by
Jenkinson et al. (1994) revealed no measurable change in
hay yield over the past 100 years despite substantial
increases in nitrogen inputs via precipitation and a 21%
increase in atmospheric CO, concentration during the
period of study. Nutrient feedbacks clearly influence the
response of terrestrial ecosystems to the interactive effects
of climate and CO,.

1.4.3 Feedbacks on Oceanic Carbon Storage

Climate feedbacks influence the storage of carbon in the
ocean through physical, chemical and biological processes.
Changes in sea surface temperature affect oceanic CO,
solubility and carbon chemistry. At equilibrium, a global
increase in sea surface temperature of 1°C is associated
with an increase of the partial pressure of atmospheric CO,
of approximately 10 ppmv (Heinze et al., 1991), serving as
a weak positive feedback between temperature and
atmospheric CO,. During a transient climate change on
time-scales of decades to centuries this temperature
feedback would be even weaker (Maclntyre, 1978).
Changes in temperature might also affect the
remineralisation of dissolved organic carbon. Climatically
driven changes in its turnover time are not expected to result
in significant variations in atmospheric CO,, as the quantity
of dissolved organic carbon in the surface ocean is less than
700-750 Gt (Figure 1.1). Earlier suggestions (Sugimura and
Suzuki, 1988) that this pool might be much larger than
previously thought (i.e., about twice the value shown in
Figure 1.1) are now generally discounted (Suzuki, 1993).
Changes in the oceanic circulation and their effects on
the occanic carbon cycle are more difficult to assess.
Simulation studies of the transient behaviour of the occan-
atmosphere system using coupled GCMs (Cubasch et al.,
1992; Manabe and Stouffer, 1993) indicate a strong
reduction of the deep thermohaline circulation, which is
driven by cooling and sinking of surface water at high
latitudes, especially in the North Atlantic. Smaller effects
are expected on the wind-driven features of the oceanic
general circulation: the shallow upwelling cells at the
equator and the eastern boundaries of the warm sub-
tropical gyres and in the cyclonic arcas in higher latitudes.
A reduction of the vertical water exchange processes
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would impact the oceanic carbon cycle in several ways:

First, the downward transport of surface waters in
contact with the atmosphere and thus enriched with excess
CO, would be reduced, thereby leading to a smaller
oceanic excess CO, uptake capacity.

Second, changes in the vertical water mass transports
would affect the marine biological pump. This would
reduce the flux of nutrients transported to the surface and,
in nutrient-limited regions, result in reduced marine
production. This effect would constitute a weakening of
the marine biological pump (i.e., less export of carbon to
depth), and could potentially lcad to an increase in
dissolved inorganic carbon and partial pressure of CO, at
the surface. Conversely, smaller vertical water mass
transports imply a reduced upward transport of deeper
walters cnriched in dissolved inorganic carbon. The two
effects result from the same process, but affect the surface
concentration of dissolved inorganic carbon, and hence the
partial pressure and the air-sea flux of CO,, in opposite
directions. The latter of the two cffects dominates in
models that use constant carbon to nutrient ratios to
describe the marine biosphere (Bacastow and Maier-
Reimier, 1990; Keir, 1994). These models project a small
increase in oceanic carbon storage as a result of the
reduction of oceanic circulation and vertical mixing.

Initial model results suggest that the effects of predicted
changes in circulation on the ocean carbon cycle are not
large (10s rather than 100s of ppmv in the atmosphere).
However, exploration of the long-term impacts of warming
on circulation patterns has just begun; hence, analyses of
impacts on the carbon cycle must be viewed as
preliminary. For example, changes in the oceanic
environment (temperature and circulation) have the
potential to change the composition of marine ecosystems
in ways not yet included in global models. This could lead
to changes in carbon to nutrient ratios, which are assumed
constant in present models, or to changes in the
relationship between organic and inorganic carbon
fixation, and/or change the efficiency by which marine
organisms utilise available nutrients. Furthermore, the
remineralisation depths of nutrients and carbon might be
affected differently (Evans and Fasham, 1993). An
extreme lower bound may be estimated by assuming
complete utilisation of the oceanic surtace nutrients which
would reduce atmospheric CO, by 120 ppmv. Similarly, an
upper bound is given by assuming extinction of all marine
life, increasing atmospheric CO, by almost [70 ppmv
(Bacastow and Maier-Reimer. 1990: Shaffer, 1993; Keir,
1994). Such large effects, however, are very unlikely to
occur. Indeed. the oceanic carbon system appears to be

rather stable as evidenced by the very small fluctuations of

the atmospheric CO, concentration prior to anthropogenic
perturbation. It has also proven very difficult to account
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for the lower atmospheric CO, concentration in glacial
times (i.e., by 80 ppmv) merely by changing biospheric
parameters within current three-dimensional ocean carbon
models (Heinze et al., 1991; Archer and Maier-Reimer,
1994).

In areas of excess nutrients {e.g., in the equatorial and
subarctic Pacific and in some parts of the Southern Ocean)
the micronutrient iron appears to limit marine primary
production (Martin, 1990). Changes in atmospheric iron
loading thus potentially could affect the biological pump
and impact atmospheric carbon dioxide levels. Modelling
studies have shown, however, that even excessive “iron
fertilisation” of these occanic areas would have a relatively
small impact on atmospheric CO, levels (Joos er al..
1991a; Peng and Broecker, 1991; Sarmiento and Orr,
1991; Kurz and Maier-Reimer, 1993). Therefore, at least
during the past 200 years, it is very unlikely that iron
loading had a significant impact on the present day carbon
balance.

External impacts on the oceanic carbon system not
directly related to global warming must also be considered.
Increased ultraviolet radiation (UV-B, corresponding to
light wavelengths of 280-320 nm) resulting from the
depletion of stratospheric ozone could affect marine life
and thus influence marine carbon storage. However, model
simulation studics show that even a complete cessation of
marine productivity in high latitudes, where increases in
UV-B are expected to occur, would result in an
atmospheric CO, increase of less than 40 ppmv (Sarmiento
and Siegenthaler, 1992). Increased input of anthropogenic
nitrogen or other limiting nutrients might also affect the
oceanic biota. The global effects on atmospheric CO, arc
most likely much smaller than the extreme bounds
discussed above.

1.5 Modelling Future Concentrations of Atmospheric
CoO
2

1.5.1 Introduction

The clear historical relationship between CO, emissions
and changing atmospheric concentrations implies thal
continuing fossil fuel, cement, and land-use-related
emissions of CO, at or above current rates will result in
increasing atmospheric concentrations of this greenhousc
gas. Understanding how CO, concentrations will change in
the future requires quantification of the relationship
between CO, emissions and atmospheric concentration
using models of the carbon cycle. This section presents the
results of a set of standardised calculations, carried out by
modelling groups from many countries, that analyse the
relationships between emissions and concentrations in
number of ways (see Enting et al., 1994b for full
documentation of the modelling exercise).
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Two questions are considered:

*+ For a given CO, emission scenario, how might CO,
concentrations change in the future?

* For a given CO, concentration profile leading to
stabilisation, what anthropogenic emissions are
implied?

As an initial condition, it was required that all
models have a balanced carbon budget in which the
components matched, within satisfactory limits, a
prescribed 1980s-mean budget based on Watson et al.
(1992). Modelling groups were provided with prescribed
future land use fluxes, and a variety of time-series of
concentrations and fossil-plus-cement emissions. Because
the model intercomparison was conducted simultaneously
with the rest of the assessment, the prescribed budget
differs from the budget presented in this chapter (Table
1.3) in that:

+ (i) the 1980s mean concentration growth rate used
(1.59 ppmv/yr or 3.4 GtC/yr) was higher than the
current estimate (1.53 ppmv/yr or 3.2 GtC/yr);

(i) the net flux from changing land use was set at 1.6
GtCl/yr rather than the current estimate of 1.1 GtC/yr;

+ (iii) the only mechanism used in the models to
simulate terrestrial uptake was CO, fertilisation,
whereas we suggest that several other mechanisms
may be important (Table 1.2).

Modellers were required to continue whatever processes
were used to balance the 1980s budget into the future.

The approach used in balancing the budget probably
biases the modelling exercise for this chapter towards
lower concentrations when emission profiles were
employed and higher anthropogenic emissions when
concentrations were prescribed. There are two reasons for
this. First, the effect of forest regrowth and nitrogen
deposition result in changing terrestrial carbon storage
which need not increase with increasing CO,
concentrations as is required by the CO, fertilisation
effect. Second, as noted in previous IPCC reports (Watson
et al., 1990; 1992) climate-related feedbacks may result in
additional transient releases of CO, to the atmosphere. In
contrast, most of the calculations employed in the 1990
IPCC assessment (Watson et al., 1990) assumed constant
terrestrial carbon content after 1990 and probably resulted
in biases in the other direction. Revisions to the 1980s
budget used in model initialisation for this report,
however, are in a direction that would lead to higher
concentrations by 5 to 10% (for given emissions) and
lower emissions by a similar amount (for given
concentrations).
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Results from a range of different carbon cycle models
are considered in order to assess the sensitivity of
calculated emission and concentration profiles to model
formulation. The complexity of the models employed
varies considerably. The most detailed was a model
coupling a three-dimensional ocean circulation and
chemistry model to a terrestrial biosphere model
incorporating a full geographical representation of
ecological processes; but, as with other complex models,
only a small set of calculations could be performed. The
simplest models were designed to simulate only critical
processes and represent terrestrial and oceanic carbon
uptake with a minimum number of equations. Because
most of the models employed incorporate some
representation of terrestrial processes, they tended to have
initially higher rates of CO, uptake from the atmosphere
and produced lower estimates for the effective lifetime of
CO, than the models used in the 1990 IPCC report (Moore
and Braswell, 1994). Thus, the GWPs presented in Chapter
5 of this volume are higher for other trace gases than those
of carlier assessments (Watson et al., 1990; Chapter 5, this
volume).

We chose one model, the “Bern model”, for a number of
important illustrative calculations, because its results were
generally near the mid-point of the results obtained with all
models, and because complete descriptions exist in the
literature (Joos et al., 1991a; Siegenthaler and Joos, 1992).
Selected sensitivity analyses from the model of Wigley
(1993) were also used as the configuration of that model
allowed for rcady modification to consider certain issues.
Both the Bern and Wigley models have a balanced carbon
cycle consisting of a well-mixed atmosphere linked to
oceanic and terrestrial biospheric compartments. In the
Bern model, the ocean is represented by the HILDA
model, which is a box-diffusion model with an additional
advective component. It was tuned to observed values of
natural and bomb radiocarbon (Joos et al., 1991a, b;
Siegenthaler and Joos, 1992) and validated with CFCs and
Argon-39 (Joos, 1992). The Wigley model uses a
representation of the occan based on the ocean general
circulation carbon cycle model of Maier-Reimer and
Hassclmann (1987). Both the models have similar
terrestrial components, with representations of ground
vegetation, wood, detritus, and soil (Siegenthaler and
Oeschger, 1987; Wigley, 1993). A possible enhancement
of plant growth due to clevated CO, levels is taken into
account by a logarithmic dependency between additional
photosynthesis and atmospheric CO,, which, in the Bern
model, probably overestimates biological storage at high
CO, concentrations. The Bern model was chosen for
illustrative purposes in discussions where presentation of
multiple results would be confusing (and where all models
produced similar patterns). This model was also used to
define the reference case for the GWPs presented in
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Chapter 5 of this volume. Neither model is recommended
nor endorsed by the IPCC or the authors of this chapter as
having higher credibility than other models.

1.5.2 Calculations of Concentrations for Specified
Emissions

Six greenhouse gas emissions scenarios were described in
the 1992 IPCC report (Leggett et al., 1992), based on a
wide range of assumptions regarding future economic,
demographic, and policy factors. The anthropogenic CO,
cmissions for these scenarios are shown in Figure 1.9a.
Scenario 1S92¢, which has the lowest CO, emissions,
assumes an cventual decrease in population, low economic
growth, and scverc constraints on the availability of fossil
fuel supplies. The highest emission scenario (1S92e)
assumes moderate population growth, high economic
growth, high fossil fuel availability, and a phase-out of
nuclear power. Concentration estimates for these scenarios
have previously been published (e.g., Wigley, 1993).
Figurc 1.9b shows concentration results from the Bern
model that typify the responses of the wide range of
modcls used for the full analysis. This and the other
models show strong increases in concentration to well
above pre-industrial levels by 2100 (75 to 220% higher).
None of the six scenarios leads to stabilisation of
concentration before 2100, although 1S92c leads to a very
slow growth in CO, concentration after 2050. 15924, b, e,
and f all produce a doubling of the pre-industrial CO,
concentration before 2070, with rapid rates of
concentration growth. Scenarios developed by the World
Energy Council show a similar range of results (Figures
1.11a, b).

In addition to the IS92 emissions cases, three arbitrarily
chosen “science” emissions profiles and the newly
produced World Energy Council (WEC) Scenarios were
also examined. In the former, fossil emissions followed
1S92a to the year 2000 and then either stabilised (DEC0%)
or decreased at 1% or 2%/yr (see Figure 1.10). For the
WEC Scenarios, where only energy-related CO, emissions
were originally given (WEC, 1993), estimates of gas-
flaring and cement production emissions were added (M.
Jefferson and G. Marland, personal communications) to
ensure consistency with the 1S92 Scenarios. Total fossil
emissions are given in Figure 1.11a. In all cases net land
use emissions were assumed to follow 1S92a to 2075. For
the WEC cases, 1S92a was followed to 2100. For the
science scenarios, land use emissions dropped to zero in
2100 and remained zero thereafter. Concentration results
arc shown in Figures 1.10 and 1.11. Perhaps the most
important result (which could be anticipated from the
1S92¢ case) is that stabilisation of emissions at 2000 levels
does not lead to stabilisation of CO, concentration by
2100: in fact, the calculations show that concentrations
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Figure 1.9: (a) Anthropogenic CO, emissions for the 1S92
Scenarios. (b) Atmospheric CO, concentrations calculated from
the scenarios 1S92a-f (Leggett et al., 1992) using the Bern model
(Siegenthaler and Joos; 1992). The typical range of results from
different carbon cycle models is indicated by the shaded area.

continue to increase slowly for at least several hundred
years. The lowest of the WEC Scenarios, where emissions
were based on policies driven by “ecological”
considerations (see WEC, 1993), gives an idea of the sort
of emissions profile that could lead to concentration
stabilisation.

1.5.3 Stabilisation Calculations

The calculations presented in this section illustrate
additional aspects of what may be required to achieve
stabilisation of atmospheric CO, concentrations. The
exercise was motivated by the Framework Convention on
Climate Change (United Nations, 1992), which states:

“The ultimate objective of this Convention and any
related legal instruments that the Conference of the
Parties may adopt is to achieve, in accordance with the
relevant provisions of the Convention, stabilisation of
greenhouse gas concentrations in the atmosphere at a
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Figure 1.10: (a) Anthropogenic CO, emissions calculated by
following the 1S92a Scenario to the year 2000 and then either
fixed fossil fuel emissions (DEC 0%) or emissions declining at
1%/yr (DEC 1%) or 2%/yr (DEC 2%). Land-use emissions
followed the modified 1S92a scenario (see Section 1.5.2). (b)
Atmospheric CO, concentrations resulting from DEC 0%, DEC
1% and DEC 2% emissions. Curves are for the model of Wigley
(1993).

level that would prevent dangerous anthropogenic
interference with the climate system. Such a level should
be achieved within a time-frame sufficient to allow
ecosystems to adapt naturally to climate change, to
ensure that food production is not threatened and to
enable economic development to proceed in a
sustainable manner.”

In the context of this objective it is important to
investigate a range of emission profiles of greenhouse
gases which might lead to atmospheric stabilisation. It is
not our purpose here to consider the climate response (this
will be done in the 1995 IPCC Scientific Assessment
report), nor to define what might constitute “dangerous
interference”, nor to make any judgement about the rates
of change that would meet the criteria of the objective. In
this chapter only CO, is considered; the stabilisation of
other greenhouse gas concentrations is discussed in
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Figure 1.11: (a) Emission scenarios from the World Energy
Council (WEC) modified by including gas flaring and cement
production. (b) Atmospheric CO, concentrations calculated from
the WEC Scenarios using the model of Wigley (1993).
Concentrations resulting from the fixed emissions case (DEC
0%) (see Figure 1.10) using the same model are included for
comparison.

Chapter 2.

Several carbon cycle models have been used to calculate
the emissions of CO, that would lead to stabilisation at a
range of different concentration levels. These calculations
are designed to illustrate the relationship between CO,
concentration and emissions. Concentration profiles have
been devised (Figure 1.12) in which CO, concentrations
stabilise at levels from 350 to 750 ppmv (for comparison,
the pre-industrial CO, concentration was close to 280
ppmv and the 1990 concentration was ~355 ppmv). Many
different stabilisation levels and routes to stabilisation
could have been chosen. Those in Figure 1.12 give a
smooth transition from the 1990 rate of CO, concentration
increase to stabilisation. As a result, the year of
stabilisation differs with stabilisation levels from around
2150 for 350 ppmv to 2250 for 750 ppmv. Further details
on the concentration profiles, and the implied emissions
results are given in Enting et al. (1994b).
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Figure 1.12: CO, concentration profiles leading to stabilisation at 350, 450, 550, 650 and 750 ppmv. These are the profiles prescribed
for carbon cycle model calculations in which the corresponding emission pathways (shown in Figure 1.13) were determined.

Figure 1.13 shows the model-derived profiles of total
anthropogenic emissions (i.e., the sum of fossil fuel use,
changes in land use, and cement production) that lead to
stabilisation following the concentration profiles shown in
Figure 1.12. Initially emissions rise, followed some
decades later by quite rapid and large reductions.
Stabilisation at any of the concentration levels studied
(350-750 ppmv) is only possible if emissions are
cventually reduced well below 1990 levels (Figure 1.13).
For comparison, the emissions corresponding to 1S92a, c,
and ¢ are also shown up to 2100 in Figure 1.13. Emissions
tor all the stabilisation levels studied are lower than those
for ISY2a and e, even in the first few decades of the 21st
century. For the 1S92c Scenario, emissions lie between
those which in this study eventually achieve stabilisation
between 450 and 550 ppmv.

The concentration profiles here are illustrative.
Stabilisation at the same level, via a different route, would
produce different curves from those shown in Figure 1.13.
However, the total amount of emitted carbon accumulated
over time (the arca under the curves in Figure 1.13), is less
sensitive to the concentration profile than to the
stabilisation level. Cumulative emissions and carbon
storage amounts over the period 1990 to 2200 are shown in
Figure 1.14. The separate model results are not shown, but
the maximum and minimum estimates are indicated, along
with the results from the Bern model. identified as a near-
average model. Stabilisation at a lower concentration
implics lower accumulated emissions (Figure 1.14).

The spread in results is large, in part because the problem
of deducing sources given concentrations is inherently less

stable than deducing concentrations from sources,
analogous to the inverse problems described in Section
1.3.2.3. Any inferences regarding emissions strategies
drawn from these results should take into account the
inherent uncertainties in the projections and the limitations
imposed by assumptions made to derive them (see Section
1.5.4 and Enting et al., 1994b), and allow response to
knowledge gained through continuing observation of future
trends in emissions and concentrations.

1.5.4 Assessment of Uncertainties

Two types of uncertainty analysis have been performed for
the emission-concentration modelling studies. First,
because the models used in the intercomparison
incorporate model components of differing structure and
levels of complexity to calculate terrestrial and ocean
uptake, the range of results provides a view of
uncertainties arising from different scientific approaches.
While this is a useful view, it probably underestimates the
overall uncertainty because the experiments werc
constrained to have a specific value for the flux arising
from changing land use during the 1980s, and a terrestriul
sink due solely to CO, fertilisation. Because ocean sink
magnitudes were not constrained, models with smaller
atmosphere-to-ocean fluxes have correspondingly (and
possibly unrealistically) larger terrestrial sinks. None of
the models used for the terrestrial sink process adequately
accounted for the complexities of terrestrial uptake
discussed in Section 1.3.3.4. Because the models were
constrained to match a particular carbon budget during the
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Figure 1.13: Anthropogenic CO, emissions leading to stabilisation at concentrations of 350, 450, 550, 650 and 750 ppmv, via the

specified concentration profiles shown in Figure 1.12, for a range of different carbon cycle models. The bold line indicates emissions

calculated using the Bern model.
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750 T T T T T T T ﬁ-\l_\l\
700

650
600
550
500

CO, concentration (ppmv)

450

400

1990 2000 2010 2020 2030 2040 2050 2060 2070 2080 2090 2100

Year

Figure 1.15: Concentration uncertainties associated with the CO, fertilisation effect for the 1S92a emission scenario. The central curve
shows the concentration projection using “best guess™ model parameters using the model of Wigley (1993), which is similar to
projections using other models. For the upper and lower curves the CO, fertilisation effect was decreased to 10% NPP enhancement
(from 26% for the “best guess™ simulation) and increased to 40% NPP enhancement for a CO, doubling from 340 ppmv to 680 ppmv.
As explained in Wigley (1993), this assessment also captures some of the uncertainties arisinéfrom ocean flux uncertainties, through
the need to balance the contemporary carbon budget within realistic limits.
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1980s, the model’s future projections were closer together
than if the experiment had been less constrained. In
addition, fossil fuel and cement emissions were prescribed
for the 1980s; had the uncertainty in those numbers (about
10%) been allowed for, there would have been a wider
range of model parameters for ocean and biospheric
processes. Moreover, the results in Figures 1.13 and 1.14
do not account for possible climate feedbacks on the
carbon cycle (see Section 1.4).

Although a complete assessment of model sensitivity
and uncertainties (e.g., following Gardner and Trabalka,
1985) was outside the scope of the initial exercise carried
out for this assessment, several specific model sensitivities
have been studied. Figure 1.15 shows the sensitivity of
future concentrations under emission scenario [S92a to
varied strength of biospheric uptake. In this experiment
(Wigley, 1993), the effectiveness of CO, fertilisation was
varied across the range thought to be reasonable (10-40%
enhancements of plant growth for a doubling of CO,).
Significant changes in projected concentrations occur
depending upon the CO, fertilisation factor used, by
approximately + 14% over 1990 to 2100. Figure 1.16a
shows an uncertainty assessment for the emissions
corresponding to the S450 and S650 stabilisation cases,
using the model of Wigley (1993). The effectiveness of
CO, fertilisation was varied from 10% to 40% NPP
enhancement for a CO, doubling (compared with the
baseline case for this model of 26%), leading to lower and
higher emissions, respectively, by up to £1.4 GtC/yr for
5650 and +1.1 GtC/yr for S450. Figure 1.16b shows a
similar assessment of uncertainty associated with
concentrations corresponding to the S450 and S650
stabilisation profiles that result when the strength of
terrestrial uptake of CO, (via fertilisation of plant growth)
is varied.

While the sensitivity of the global carbon budget to the
strength of CO, fertilisation does not appear great, if
biospheric release were to exceed uptake in the future as a
result of climate feedbacks (e.g., Smith and Shugart, 1993)
or land use emissions (e.g., Esser, 1990), atmospheric
concentrations could be significantly greater than those
shown here: effects of changing land use could add 100s of
GtC to the atmosphere (for comparison see Figure 1.14),
over the next one to several centuries. Different
assumptions about land use changes would produce
different results. For example, if large areas were
deforested. in the absence of substantial regrowth the
capacity of the terrestrial biosphere to act as a sink would
be reduced: hence, more CO, would remain in the
atmosphere.

The effects of varying land use practices have not been
assessed directly in the stabilisation exercise to date. but
the changes in biospheric carbon storage trom alternate
land use scenarios, mitigation efforts. and climatic effects
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Figure 1.16: (a) Industrial emission uncertainties for
concentration stabilisation profiles S450 and S650 associated
with the CO, fertilisation effect, obtained using the model of
Wigley (1993). The baseline emissions results are shown by the
bold full lines. These correspond to a CO, fertilisation parameter
equivalent to an increase in NPP of 26% for a CO, doubling. For
the upper and lower (dashed) curves, the CO, fertilisation effect
was increased to 40% NPP enhancement and decreased to 10%
NPP enhancement, respectively. Note that it is the relative effects
that are important here and that the baseline case is only one of
the range of results presented in Figure 1.13. (by Concentration
uncertaintics for stabilization profiles S450 and S650 associated
with the CO, fertilisation cffect. The baseline concentration
profiles are shown as bold full lines. The dashed curves bounding
these represent the range of uncertainty associated with
uncertainties in terrestrial sink processes. They were constructed
by first estimating the industrial emissions using “best guess™
carbon cycle model parameters. which include a 1980s-mean
ocean flux of 2.0 Gt C/yr and a CO2 fertilization parameter
equivalent to an increase in NPP of 26% for a CO, doubling. The
fertilization parameter was then decreased to 10% and increased
to 40% to obtain the higher and lower concentration projections,
Essentially. this answers the question: what if we devise an
industrial emissions policy based on a particular fertilization
effect. and this happens to be either too high or too low? Model
results were obtained using the model of Wigley (1993)
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(c.g., Esser, 1990; Smith and Shugart, 1993; Vloedbeld
and Leemans, 1993) discussed in Section 1.4.2 are large
enough to influence integrated emissions for a given
concentration profile (Figure 1.14) substantially.
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SUMMARY

Methane (CH,)

Atmospheric CH, concentrations have increased from
about 700 ppbv in pre-industrial times to a global mean of
1714 ppbv in 1992. The 1980s were characterised by
declining methane growth rates which were approximately
10 ppbv/yr by the end of the decade. The average growth
rate of 13 ppbv/yr corresponds to an imbalance between
sources and sinks of about 37 Tg(CH,)/yr. If emissions
were frozen at this level, CH, would rise to about 1900
ppbv over the next 50 years. If emissions were cut by 37
Tg(CH,)/yr, then CH, concentrations would remain at
today’s levels. Current estimates of the CH, budget assign
20-40% to natural sources, 20% to anthropogenic fossil
fuel related sources and the remaining 40-60% to other
anthropogenic sources.

The annual CH, increase from 1991 to 1992 was much
smaller than in the previous decade, 1992 to 1993 levels
were unchanged, and in late 1993 CH, apparently started
to increase again. This anomaly was largest at high
latitudes in the Northern Hemisphere, and could be
explained by a rapid drop, of about 5%, in global annual
emissions. Longer-period variations in the growth rate of
CH, have been observed for the 1920s and 1970s from air
trapped in ice cores.

Methane is the only long-lived gas that has clearly
identified chemical feedbacks: increases in atmospheric
CH, reduce the concentration of tropospheric hydroxyl
radical (OH), increase the CH, lifetime and hence amplify
the original CH,, perturbation. A recent analysis has shown
that these feedbacks result in an adjustment time for
additional emissions of CH, equal to 14.5 = 2.5 years
based on a “budget” lifetime of about 10 years that reflects
atmospheric chemical losses alone. It is uncertain how
much the adjustment time would be affected by the small
biological sink, and a range of 11 to 17 years encompasses
this additional uncertainty. This lengthening of the
effective duration of a CH, pulse applies also to any
derived perturbations (e.g., in tropospheric O,).

Several atmospheric chemistry models have calculated
the impact of a 20% increase in CH, concentrations (from
1715 to 2058 ppbv). Two important results were extracted
from these simulations: (1) the chemical feedback of CH,
on OH chemistry results in a reduction of the CH, removal
rate ranging from -0.17% to -0.35% for each 1% increase

in CH, concentration; and (2) predicted increases in
tropospheric O, varied by a factor of three or more across
the models, averaging about 1.5 ppbv throughout most of
the troposphere in both tropics and summertime mid-
latitudes. The first result was used to derive the methane
adjustment time (14.5 = 2.5 yr or about 1.45 times the
lifetime) and the latter to estimate the ratio, about (.25, of
radiative forcing from induced tropospheric O; increase to
that from the CH, increase.

Nitrous oxide (N,0)

Atmospheric N,O concentrations have increased from
about 275 ppbv in pre-industrial times to 311 ppbv in
1992, The trend during the 1980s was +0.25%/yr with
substantial year-to-year variations. A growth rate of (.8
ppbv/yr corresponds to an imbalance between sources and
sinks of about 3.9 Tg(N,O)/yr. If these emissions were
frozen then N,O levels would rise slowly to about 400
ppbv over the next two centuries.

Halocarbons

Tropospheric growth rates of the major anthropogenic
source species for stratospheric chlorine and bromine
(CFCs, CCI4, CH3CCI3 and the halons) have slowed
significantly in response to reduced emissions as required
by the Montreal Protocol and its amendments. Total
atmospheric chlorine from these gases grew by about 60}
pptv (1.6%) in 1992 compared to 110 pptv (2.9%) in 1989.
HCFC growth rates are accelerating as they are being used
increasingly to substitute for CFCs. Tropospheric chlorine
as HCFCs increased in 1992 by about 10 pptv compared to
5 pptv in 1989. Stratospheric chlorine levels are expected
to peak in the next decade, and it is expected that
stratospheric ozone depletion will follow this, recovering
slowly in the first half of the next century.

For these long-lived, well-mixed gases, atmospheric
lifetimes have been derived based on the recent re-
cvaluation of the lifetimes of CFC-11 (50 £ 5 yr) and
CH,CCl, (5.4 £ 0.6 yr). These new lifetimes are slightly
smaller than those given in previous assessments and have
significantly greater certainty. The global mean lifetimes
for the well-mixed gases are used to infer sources and
sinks, and to predict the increase in atmospheric
concentration due to specified anthropogenic emissions.
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Stratospheric ozone (O;)

Trends in total ozone since 1979 have been updated to
May 1994, and estimates of depletion since 1970,
attributed to increases in halocarbons, have been made: (1)
Northern Hemisphere mid-latitude loss is significantly
negative in all seasons, with winter/spring cumulative
losses of 10%; (2) tropical (20°S - 20°N) losses are small
and not statistically significant; (3) southern mid-latitude
losses are significant in all seasons (4-5%/decade since
1979). Unusually low values (lower than would be
expected from an extrapolation of the 1980s trend) were
observed in the 1991 to 1994 period, especially at
Northern mid- and high latitudes. The Antarctic ozone
“holes” of 1992 and 1993 were the most severe on record;
for instance, parts of the lower stratosphere contained
extremely low amounts of ozone corresponding to local
depletions of more than 99%.

The cruption of Mt. Pinatubo in 1991 led to a massive
increase in sulphate aerosol in the lower stratosphere.
Obscervational evidence shows that this thirtyfold increase
in acrosol surface area greatly enhanced the heterogeneous
chemistry and accelerated photochemical loss of Oj.
Further cvidence points to an additional heating of the
stratosphere by Mt. Pinatubo aerosols, resulting in
circulation changes that altered the distribution of O, in the
tropics immediately following the eruption, and possibly
also in mid-latitudes.

Tropospheric ozone (O,)

Tropospheric ozone appears to have increased in many
regions of the Northern Hemisphere. Observations show
that tropospheric ozone, which is formed by chemical
reactions involving other hydrocarbons, carbon monoxide
and some nitrogen oxides (NO,), has increased above
many locations in the Northern Hemisphere over the last
30 years. However, in the 1980s, the trends were variable,
being small or non-existent. At the South Pole, a decrease
has been observed; however in the Southern Hemisphere
as a whole, there are insufficient data to draw strong
inferences. Model simulations and limited observations
together suggest that tropospheric ozone has increased,
perhaps doubled, in the Northern Hemisphere since pre-
industrial times.

NO, and other short-lived tropospheric ozone
precursors

Uncertainties in the global budget of tropospheric ozone
are associated primarily with our lack of knowledge of the
distribution of O, its short-lived precursors (NO,,
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hydrocarbons, CO), and atmospheric transporl.
Observations of NO, are just beginning to describe the
global atmospheric distribution and they show the large
variability in this ozone-producing species. Even with the
observed distributions we cannot define the importance of
anthropogenic sources (transport of surface pollution out
of the boundary layer, direct injection by aircraft) relative
to natural sources (lightning, stratospheric input) in
controlling the global NO, distribution. Current estimates
of anthropogenic NO, sources attribute 24 Tg(N)/yr to
fossil fuel combustion at the surface, 0.5 Tg(N)/yr to
aircraft emissions, 8 Tg(N)/yr to biomass burning and as
much as 12 Tg(N)/yr release from soils, including
fertilised fields. Anthropogenic emissions dominate natural
sources in magnitude, but natural emissions may dominate
a large fraction of the atmosphere remote from
anthropogenic emissions.

Changes in ozone concentrations in the upper
troposphere and lower stratosphere impact the radiative
forcing. In addition to anthropogenic sources of O,
precursors from the lower troposphere, aircraft currently
represent a direct anthropogenic source of NO_ in that
altitude range. Research evaluating the climatic effect of
the current subsonic fleet is incomplete, but initial
estimates of the possible changes to O; show that this
radiative forcing is similar to, but not greater than, that of
the CO, from the combustion of aviation fuel, about 3% of
all fossil fuel combustion.

For compounds with lifetimes much shorter than 6
months, mixing within the troposphere is not rapid enough
to average over variations in chemical loss. For these
short-lived gases (e.g., NO,, hydrocarbons, O, and CO).
the mean concentration cannot be accurately calculated
from the product of emissions or production and a global
mean lifetime, but their distribution and impacts may be
evaluated in future assessments by the more advanced
three-dimensional atmospheric chemistry models.

Intercomparisions of atmospheric chemistry models

Two model intercomparison exercises have becn
conducted to test the ability of models to simulate (a) the
transport of shortlived tracers and (b) the basic features of
O, photochemistry. More than 20 models participated. A
high degree of consistency was found in the globul
transport of a shortlived tracer within the 3D Chemistry
/Transport Models (CTMs), but distinctly different results
were found amongst 2-D models. General agreement was
also found in the computation of photochemical ratcs
affecting tropospheric O,. These are the first extensive
intercomparisons of global tropospheric models.
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2.1 Introduction

The Earth’s atmosphere is composed primarily of the gases
N, (78% dry), O, (21%) and Ar (1%), whose abundances
are controlled over geologic time-scales by uptake and
release from crustal material, by degassing of the interior
and by the biosphere. Water vapour (H,0) is the next
largest, though highly variable, constituent present mainly
in the lower atmosphere at concentrations as high as 3%,
where evaporation and precipitation control its abundance.
The remaining gaseous constituents are considered trace
gases, comprising less than 1% of the atmosphere, yet
playing a disproportionately important role in the Earth’s
radiative balance. Among these, the greenhouse gases
include ozone (O;), methane (CH,), nitrous oxide (N,0O),
chlorofluorocarbons (CFCs), H,O in the upper atmosphere,
as well as carbon dioxide (CO,). All but CO, are
controlled in one way or another by atmospheric
chemistry. Table 2.1 summarises the mean tropospheric
abundance and atmospheric burdens of the more important
of these gases.

The climatic impacts of the radiatively active trace gases
increase as their global mean abundances increase. It is
important to understand the atmospheric chemical cycles
involving these gases in order to comprehend the changes
in atmospheric composition observed to date and to predict
future composition in response to alterations in natural and
human-induced emissions. This chapter describes the life
cycles of the more important gases, noting how chemical
reactions in the atmosphere balance the emissions. A brief
review of important chemical processes and of the concept
of residence times is followed by a summary of the known
sources, sinks and time-scales affecting CH,, N,O and the
halocarbons (chlorine and bromine containing organic
compounds such as the CFCs). Ozone is a special case
emphasising the complexities of atmospheric chemistry:
direct emissions of O3 are not important; in situ
production, loss and transport by the atmospheric
circulation control its abundance. The net production in the
lower atmosphere is controlled by a suite of short-lived
trace gases (NO + NO, (= NO,), non-methane
hydrocarbons (NMHC) and carbon monoxide (CO)), as
well as CH,. These gases are not significant for their direct
radiative effects, but rather for their ability to control the
abundances of O, and other greenhouse gases such as CH,.

The complexity of the ozone chemistry requires that our
numerical models simulate not only the chemical reactions
directly involving O,, but also the global distributions of
the short-lived species such as NOX, and the related
transport processes. The current models used to predict the
chemistry of the lower atmosphere are, as a class, poorly
analysed in comparison with those used to assess
stratospheric ozone depletion. We examine some recent
model studies, particularly those evaluating the
meteorological transport. Because of current inadequacies
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in the atmospheric models and uncertainties in emissions
of some gases, our assessment of stabilising the radiative
impact of the trace greenhouse gases (i.e., the atmospheric
composition) relies on a combination of models and recent
observations.

2.2 Atmospheric Chemistry

2.2.1 Chemical Processes and the Removal of Trace
Gases

The atmospheric residence times of many gases are
determined primarily by chemical reactions. The bulk of
the atmospheric mass, and of most greenhouse gases, is in
the troposphere, which comprises on average the lowest 13
km of the atmosphere. Nearly all the the remaining
atmosphere (~15%) is in the stratosphere from about 13 to
50 km altitude, the region containing most of the ozone
(O,). Tropospheric removal is dominated by reactions with
the hydroxyl radical (OH); whereas stratospheric removal
is dominated by ultraviolet photolysis. Tropospheric
chemistry involving the production and destruction of O,
is one of the most complex problems addressed by global
atmospheric chemistry models to date.

The time-scales of atmospheric chemistry are carefully
defined here, both in concept and usefulness. We examine
the different loss mechanisms for the long-lived
greenhouse gases and use theoretical models and empirical
data to derive with a fair degree of confidence the
residence times, i.e., the time for a perturbation to decay to
/e (37%) of its original value. Less is known about the
importance of the more complex feedback loops within
atmospheric chemistry. An example shows the far reaching
cffects of increases in CH4, but current understanding does
not allow quantification of the complete range of such
feedbacks.

Photochemistry and Losses

Most atmospheric chemistry is initiated by ultraviolet (UV)
sunlight. Since only light with wavelengths greater than
290 nm reaches the troposphere, the number of compounds
that can be directly photodissociated is limited. Most of the
photochemical chains of interest begin with the dissociation
of ozone (O,) at wavelengths below 320 nm.

0, + UV-sunlight — O, + O('D). 2.1)

A fraction of this highly reactive form of atomic
oxygen, O('D), reacts with water vapour and is the
primary source of tropospheric hydroxyl (OH),

O('D) + H,O — OH + OH. (2.2)

In the troposphere, the OH radical is the most important
chemical removal agent. It reacts with virtually all
molecules containing hydrogen atoms (e.g., CH,); in other
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Table 2.1: Current atmospheric abundances and lifetimes of radiatively active trace gases.

Species Mixing ratio (ppbv) Burden Lifetime
1992 1992 minus pre-ind. (Tg) (y1)
1990
Strat H,0 2,000-6,000
Strat O, 200 10,000 2,900
Trop H,0 10,000-20,000,000
Trop O, 10-200 300
Co, 356,000 2,000 278,000 760,000 (C)Tt see Ch.1
CH, 1,714 14 700 4,850 11-17
N,0 311 14 275 1,480 (N)ft 120
CFC-11 0.268 0.005 0 6.2 50 (£5)
CFC-12 0.503 0.026 0 103 102
CFC-113 0.082 0.005 0 2.6 85
CFC-114 0.020 0.001 0 300
CFC-115 <0.01 0 1,700
Cccl, 0.132 -0.001 0 34 42
CH,CCl, 0.160 0.007 0 35 5.4 (20.6)
CH,CI 0.600 ? 0.600 5.0 1.5
HCFC-22 0.105 0.014 0 1.5 13.3
CH,Br 0.012 0.0006 0.008 0.15 1.3
CF,CIBr 0.0025 0.00014 0 0.08 20
CF;Br 0.0020 0.0003 0 0.05 65
CF, 0.070 0 0.9 50,000
C,F, 0.004 0 10,000
SF, 0.0025 0 3,200
HCFC-123 1.4
HCFC-124 59
HCFC-141b 9.4
HCFC-142b 0.0035 0.001 0 19.5
HCFC-225ca 2.5
HCFC-225¢cb 6.6
HFC-125 36.
HFC-134a 17.7
HFC-143a 55.
HFC-152a 1.5
HFC-227¢a 43

Note: All mixing ratios, except for stratospheric O, and H,O, refer to mean tropospheric values.

T For CH, the adjustment time for decay of a perturbation is shown, rather than a “budget” lifetime - see text. The value of
adjustment time conveyed to Chapter 5 for the calculation of GWPs, 14.5 + 2.5 yrs, does not include possible losses of CH,, ir the
soil.

1 The atmospheric burdens for CO, and N,O are expressed in Tg(C) and Tg(N) respectively.



Other Trace Gases and Atmospheric Chemistry

reactions it oxidises species such as CO, nitrogen dioxide
(NO,) and sulphur compounds (e.g., SO,). In the
unpolluted troposphere, the major reactions of OH are:

OH + CH, + 0,5 CH,0, + H,0
net

OH + CO + 0, — CO, + HO,

(2.3)
(2.4)

The loss of OH is matched by the production of peroxy
radicals (HO,, CH;0,). When OH reacts with other, non-
methane hydrocarbons (NMHC), such as ethane,
analogous organic peroxy radicals are formed. Subsequent
oxidation of CH,0, and its NMHC analogues leads to
production of one or more HO,, which is recycled to OH
by the reactions,

2.5)
(2.6)

HO, + NO — OH + NO,
HO,+ 0, > OH + 0, + 0,.

The reactions (2.3) or (2.4), followed by (2.5) or (2.6),
form a catalytic chain which destroys methane and carbon
monoxide but may regenerate OH. The cycling of OH and
HO, is terminated by reactions involving OH, HO, and
NO,. These regenerate H,O or form peroxides (H,0,,
CH,00H, etc.) which are subsequently removed by clouds
and precipitation. In a polluted environment with large
concentrations of NO,, the major loss of OH is through
formation of nitric acid (HNO).

OH + NO, — HNO, 2.7

This reaction is also the major loss mechanism for NO,
(NO + NO,) throughout the troposphere, since most of the
HNO, is lost from the atmosphere by washout and dry
deposition. Like the OH-HO, pair above, the NO, pair is
tightly linked through the reactions,
NO +0;—NO, + O,

net

NO, + sunlight + O, = O; + NO

(2.8)
(2.9)

In addition to the daytime photochemistry, there are
some night-time reactions that affect O, and NO,. The
most important process is the reaction of NO, with O, to
form a nitrate radical (NO3), which further reacts, e.g., to
form nitrate aerosol, so that the net effect is the removal of
both O; and NO,.

Molecules that escape tropospheric oxidation by OH, or
removal by wet or dry deposition, will reach the
stratosphere where they encounter sunlight with much
shorter wavelengths, as low as 180 nm. These photons
have sufficient energy to dissociate directly many of the
compounds that could not be destroyed in the troposphere.
This photolysis initiates the oxidation processes that, for
example, turn CFCs into CO,, HF and a mix of chlorine
compounds. In addition, concentrations of O('D) from
reaction (2.1) are higher in the stratosphere and contribute
to the loss of the more stable gases. For gases destroyed
primarily in the stratosphere, atmospheric lifetimes range
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from 40 to 200 yr and are limited at the lower range by the
rate of transport into the stratosphere.

A very few greenhouse gases (e.g., CFC-115 and C,F))
are so stable that they are not efficiently photolysed in the
stratosphere. Significant losses of these molecules occur
above 60 km altitude through photolysis with Lyman-alpha
sunlight (121.6 nm). The local rate of photolysis and the
fractional mass of the atmosphere over which these losses
occur are so small that the atmospheric lifetime of these
gases exceeds 1000 yr (Ravishankara et al., 1993) and
their atmospheric abundances equal accumulated
emissions.

Ozone

The sunlight at 180-230 nm is also absorbed by molecular
oxygen (O,), which is photodissociated, generating O, in
the process. This absorption is sufficiently strong to
prevent these wavelengths reaching below about 20 km
altitude in the atmosphere. The stratospheric amount of O,
is controlled by a balance between this production and
transport and the catalytic loss-cycles involving Cl and Br
species, NO,, OH and HO,. The dominant source of
stratospheric Cl today, 80%, is the family of industrial
chlorocarbons, and human activity has also led to increases
in the flux of Br into the stratosphere. Stratospheric NO, is
generated from N,O. Stratospheric H,O (the source of OH
and HO,) will increase along with any increases in
atmospheric CH,. Stratospheric O; is the major spccies
absorbing solar UV between 220 nm and 320 nm. Hence,
depletion of stratospheric O, is likely to change
tropospheric chemistry through: (i) a lowered flux of O,
into the troposphere, and (ii) increased tropospheric UV
flux which enhances the primary production of OH.

While the flux of air from troposphere to stratosphere in
the tropics represents a major loss process for many of the
long-lived species, the return flux in the mid-latitudes
brings significant sources of O; and NO, into the upper
troposphere. On a globally averaged basis this source of
tropospheric Oy is countered by removal through reactions
with alkenes and NO near the Earth’s surface and by dry
deposition at the surface. In addition, comparable sources
and sinks for 0, and even larger sources for NO,, occur
throughout the troposphere.

The sequence consisting of the reactions (2.4), (2.5) and
(2.9) illustrates how molecular oxygen is activated: an
oxygen atom is transferred via HO, (or other peroxy
radicals) to NO,, and eventually leads to a net formation of
0. In the destruction of CO, for example, both OH + HO,,
and NO, are preserved and catalytically generate O;. In the
abscnce of NO, the reaction sequence (2.4) and (2.6)
destroys both CO and O,;. NMHC also play an important
role in producing O, the key being that they enhance
overall the OH and HO, reactions ((2.3), (2.4), (2.6) and
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(2.7)). The balance between in situ production and loss of
O, depends on the NO concentration: production by
reaction (2.5) followed by (2.9) is favoured over loss by
reaction (2.6) when the NO/O; concentration ratio exceeds
about (10 pptv)/(30 ppbv). Thus, in most parts of the
troposphere, the addition of NO will induce additional
production of O,. In heavily polluted urban environments,
where NO, concentrations are already high, addition of
NO can lead to a reduction in local O, concentrations, but
will lead to increased O, levels farther downwind.

2.2.2 Atmospheric Adjustment Times of the Trace Gases
The budget of a trace gas is defined by its sources and
sinks. The lifetime describes the rate at which the
compound is removed from the atmosphere by chemical
processes or by irreversible uptake by the land or ocean. If
emissions are uniform, the concentration of a trace gas
builds up to a steady-state value at which the product of
the global mean abundance (Tg) with the inverse global
mean lifetime (I/yr) balances the emissions (Tg/yr). The
sum over the chemical rates described above defines the
budget of a trace gas (i.e., the sources and sinks) and thus
the time-scale for a small perturbation in its abundance to
disappear. This time is defined formally as the “adjustment
time™, and is the essential quantity used in evaluating indices
such as the Greenhouse Warming Potential (GWP). For a
long-lived trace gas, the average atmospheric adjustment
time is the e-folding time (63% reduction) of an additional
kilogram added to the atmosphere to be removed by
chemical processes. A second time-scale can be defined
based on the integrated loss divided by the total abundance.
This turn-over time, often referred to as the “lifetime™ in
atmospheric chemistry, relates the observed global mean
abundance with the cmissions needed just to sustain it.
These integrated time-scales require global summation
of the local chemical loss processes acting on globally
varying concentrations of the trace gas. For a compound
such as CH,, these vary widely throughout the atmosphere:
the OH abundances depend on sunlight and other short-
fived, highly variable constituents such as NO,, H,O and
052 and the reaction rate of CH, with OH varies by a factor
of 20 over the range of lower atmospheric temperatures.
The atmospheric lifetime collapses all of these local
chemical tosses into a single, global-mean loss frequency.
By integrating CH, losses over the globe for a year (i.e.,
Tg(CH,)/yr) and dividing by the average CH, abundance
(i.c.. Tg(CH,))., one derives the inverse of the atmospheric
lifetime. 1. Becausce the lifetime is defined relative to the
global atmospheric burden. we can add individual inverse
litetimes (i.c.. losses) to get a total inverse lifetime. e.g.,

lt= l/T()]l + l/rs(ml + l/TOCCZlI\ + l/Tl;md + l/Tchcm + 1/T\v;lsh
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where the terms are reaction with tropospheric OH,
stratospheric photolysis, irreversible oceanic uptake, net
destruction at the land surface, additional chemical loss in
the troposphere and removal by precipitation (washout).
respectively. Calculation of these lifetimes is a difficult
problem for global atmospheric chemistry models, but a
good estimate helps constrain the total source of a
compound. If observations indicate steady state, then
sources are balanced by sinks. In the case of gases with
measured trends in atmospheric abundance, the inferred
source equals the loss calculated from the lifetime plus the
annual increase in abundance derived from the trend.

In general, the adjustment time for a trace gas can be
approximated to first-order by the lifetime, for which we
often have a good estimate, either theoretical or empirical.
Most trace gases have little impact on the chemistry of the
atmosphere (e.g., the CH;CCl, abundance is too low to
affect OH concentrations), and for these gases the
adjustment lifetime is equivalent to the lifetime. However
two gases, CH, and N,O, do interact strongly with the
global atmospheric chemistry, and the exact calculation of
their adjustment time requires inclusion of feedbacks and
multiple reservoirs.

For example, it has been known that the CH,-CO-OH
system in the troposphere is highly coupled (Chameides et
al., 1976; Sze, 1977): increased CH, oxidation leads to
additional CO formation; both suppress OH, the major sink
for CH4; and thus the time-scale for decay of the
perturbation lengthens. This feedback was reported by the
global models and treated in IPCC (1990) as an “indirect”
GWP based on model calculations of the decrease in
global OH for CH, increases (Isaksen and Hov, 1987).
However, the concept of an extended adjustment time for
perturbations has not been applied to GWPs until this
assessment. The ratio of adjustment time to lifetime is
greater than one and is independent of the magnitude of
the methane perturbation for modest changes (Prather.
1994). Because of differing NO, and NMHC fields.
models of global tropospheric chemistry differ in the
strength of their CH,-CO-OH coupling (see Section
2.10.2). Thus the adopted adjustment time for CH,, bascd
on atmospheric chemistry alone, is 14 = 2.5 yr using a
chemical sink (OH and stratospheric loss) of 10 yr. If the
biological soil sink were to respond to the atmosphere in
the same way as the chemical sink, the response time
would be reduced to a little under 14 yr. In this chapter we
use the range 14 + 3 (11-17) yr to cover this uncertainty.

The other major compound for which the lifetime and
adjustment time are expected to be different is N,O. The
stratospheric NO,, derived from N,O controls stratospheric
O, and hence the ultraviolet radiation field in the
stratosphere and finally the N,O loss frequency. In contrast
with CH;, one would expect the adjustment time for N,O
to be shorter than its lifetime by about 10% becausc
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increases in N,O lead to a greater photolytic destruction
rate. For N,O, however, there may be additional
complications, similar to those for CO,, due to the
potentially important reservoir of N,O dissolved in the
oceans. If atmospheric N,O concentrations were to change,
such an oceanic reservoir would be likely to interact with
the atmosphere on a time-scale longer than the 120-year
adjustment time given in Table 2.1. Neither of these effects
has been studied sufficiently to be included quantitively
here.

Short-lived trace gases such as NO, (1-10 days) and CO
(1-4 months) have not been included in this discussion
because it is impossible to assign a useful global mean
lifetime. Such gases have highly variable local loss rates,
e.g., CO varies from 1 per month in the tropics, and 0.25
per month at mid-latitudes in spring and autumn, to very
small values in high latitude winter. The atmospheric
circulation does not mix CO from equator to pole within
the troposphere in much less than a season. Thus emissions
of CO in the tropics will decay in a month, whereas high
latitude emissions in winter will accumulate for a season
until they mix to lower latitudes. In the case of long-lived
gases such as CH, with an adjustment time of about 11 to
17 years, the surface emissions become reasonably well-
mixed throughout the troposphere before substantial losses
occur, and thus the adjustment time does not depend on the
location of the sources. For short-lived gases this is not
true and they do not in general have well defined
adjustment times, although a reasonable upper limit can be
made by combining the chemistry with the atmospheric
transport models. Given the finite rate of tropospheric
mixing (about two weeks vertically, about three months
from pole to tropics, and about one year between
hemispheres) the concept of a global adjustment time as
currently used in GWPs is of limited use for molecules
such as NO,, O, or even CO.

The discussion of adjustment time and turn-over time
has assumed that we are dealing with small perturbations
about the current atmosphere. We have observed changes
in CH,, N,O and probably tropospheric O, since the pre-
industrial atmosphere (see following discussion). These
changes have been large, and we expect that the
adjustment times for most gases have changed since 1850
and will continue to change into the future in response to
changing emissions of a wide range of gases. Current
trends in the lifetime of methane appear to be small and
difficult to detect (e.g., Prinn et al., 1992).

2.2.3 Current Tropospheric OH

The lifetimes of many greenhouse gases depend on the
global OH field. Concentrations of OH respond almost
instantly to variations in sunlight, 03, NO,., CO. CH, and
NMHC; and therefore the OH field varies by orders of
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magnitude in space and time. Direct observations of OH
can be used to test the photochemical models under
specific circumstances. but are not capable of mcasuring
the global OH field. Therefore we must rely on numerical
models to estimate the global, seasonal distribution of OH;
these models need to simulate the variations in sunlight
caused by clouds, ozone column and time-of-day in
addition to the local chemical fields. These calculations of
global tropospheric OH and the consequent derivations of
lifetimes have not advanced significantly and are still
much the same as in WMO(1990): we cannot expect such
calculations to achicve an accuracy much better than
*30%.

The modelled OH ficlds can be tested in an averaged
sense by comparison with the budgets for some
compounds which are removed mainly by OH. These
compounds must be reasonably long-lived (and therefore
well mixed), have well-known source strengths and only
small, well-defined losses apart from OH removal. In
addition, their atmospheric burdens must be well measured
and well calibrated. However, this empirical derivation of
a weighted, global-mean OH does not help test that part of
the OH distribution that controls the NO_ lifetime and
hence the net production of O, in the troposphere.

Empirical OH-Lifetimes based on CH,CCl,, 4CO, and
HCFC-22

CH;CCly fulfils all of the above requirements for
calibrating tropospheric OH. A recent assessment (Kaye et
al., 1994) has reviewed and re-evaluated the lifetimes of
two major industrial halocarbons, methylchloroform
(CH,CCly) and CFC-11. An optimal fit to the observed
concentrations of CH,CCl, from the five ALE/GAGE
surface sites over the period 1978 to 1990 was done with
two statistical/atmospheric models: the ALE/GAGE 12-
box atmospheric model with optimal inversion (Prinn ef
al., 1992); and the NCSU/UCI 3D-GISS model with
autoregression statistics (Kaye et al., 1994). There are
well-defined differences in the two atmospheric models’
simulations; while important for modelling CFC-11, these
have no impact on the derived CH,CCl, lifetimes. But the
empirical lifetime and its possible trend are closely tied to
the absolute calibration of CH;CCl; measurements. With
the ALE/GAGE calibration factor, a lifetime of 5.7+ 0.3 yr
in 1990 with a decrease in lifetime of 1+ 0.8%/yr from
1978 to 1990 is obtained. For the calibration factor from
CMDL (0.88 times the ALE/GAGE value, Fraser et al,
1994), a lifetime of 5.1 = 0.3 with a significantly smaller
trend is derived. The interpretation of such a trend as
increasing tropospheric OH is unresolved, since other
factors, including the known geographic change in
CH,CCl; emissions, may influence the observations.
Given the uncertainties in absolute calibration, we choose
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Table 2.2: CH,CCl, Lifetime (yr) and the Range in OH-based Lifetimes

strat

total (range)

(range) ocean (range)

54 (4.8 - 6.0) 45
1/8.2 = 1/6.0 - 1/40 - 1/50

1/6.6 = 1/5.4 - 1/45 - 1/85

1/5.3 = 1/4.8 - 1/50 - 1/infinity

upper limit:
central value:
lower limit:

— tropospheric lifetime due to OH: 6.6 yr (+25%)

(40-50) 85 (50 - infinite)

Note: The lifetimes of many greenhouse gases, including CH,, are determined primarily by the concentrations of tropospheric OH
radicals. Our best calibration of the global average OH is based on the empirical total lifetime for CH;CCl, (5.4 yr), which has threc
identified sinks: tropospheric OH, stratospheric photodissociation, and oceanic hydrolysis. The magnitude of the lifetime with
respect to removal by OH (6.6 yr) is calculated by removing the stratospheric and oceanic components and increases the uncertainty
range. The OH-based lifetime for CH, is 1.65 times that of CH,CCl,, based on the ratio of rate coefficients for reaction with OH. To
that loss, a stratospheric lifetime corresponding to 120 yr must be added to get the atmospheric budget lifetime for CH, of 10 yr.

a CH,CCl, lifetime of 5.4 yr with an uncertainty range,
*().6 yr, to encompass the two calibrations. From this total
atmospheric lifetime of CH,CCl,, the losses to the ocean
and stratosphere are deducted to derive the tropospheric
lifetime for reaction with OH of 6.6 yr (+25%) as shown in
Table 2.2.

Analysis of the tropospheric budget of the radio-isotope
14CO complements the CH,CCl, test of tropospheric OH:
the ™CO is produced primarily in the stratosphere and
upper troposphere by cosmic rays and has a much shorter
lifetime, 1-3 months. Recent modelling (Derwent, 1994b)
has supported the earlier results (Volz et al., 1981);
however, new observations (Brenninkmeijer et al., 1992;
Mak ¢t al., 1992), particularly in the Southern Hemisphere,
have not yet been reconciled with the latitudinal
distribution of OH generated by global atmospheric
chemistry models. The removal of '*CO emphasises more
the upper troposphere in the mid-latitudes, whereas the
loss of CH,CCl; and similar industrial halocarbons is
dominated by the OH in the lower tropical troposphere
(Prather and Spivakovsky, 1990).

Another candidate that might offer a test of model
predicted OH is HCFC-22 (Montzka et al., 1993).
Although HCFC-22 production is well documented
(Midgley and Fisher, 1993), the atmospheric emissions are
too uncertain to improve the accuracy of the global budget
analysis for CH,CCl,.

For well-mixed gases destroyed by OH, the mean OH
estimated from the budget of one species can be
transferred to another by the ratio of their respective rate
cocfficients. The original AFEAS study, and subsequent
assessments (WMO, 1992; IPCC, 1992) have derived
lifetimes relative to that of CH;CCl, by scaling their
respective rate coefficients for reaction with OH at 277 K
(Prather and Spivakovsky, 1990). The values of the
derived lifetimes here rely on the precision of the empirical
derivation of the CH,CCl, lifetime (Prinn et al., 1992).

2.2.4 Other Atmospheric and Surface Removal

For short-lived gases that react rapidly with OH, the
possible impact of other, unidentified removal processes is
likely to be small. On the other hand, for long-lived
compounds (e.g., CFCs, CCl,, HCFCs 142b & 143a),
small additional losses may noticeably reduce the
atmospheric lifetimes calculated here.

The potential role of oceanic uptake and destruction as
well as reactions in clouds of HCFC and HFCs was
examined by Wine and Chameides (1990) and their
conclusion that cloud processes appear unimportant still
seems valid. More recently the role of the oceans in
CH,CCl, loss (Butler et al., 1991) and CH;Br buffering
(Butler, 1994) has been discussed. In general, oceanic loss
is proportional to solubility (very high for CH;Br) and is
limited by the air-sea exchange. Only for these two gases
has oceanic loss been included in the lifetimes (Table 2.3).

Chemical reactions with Cl atoms in the marine
boundary layer, or possibly NO, radicals at night, have
been identified as losses for NMHC and HCFC/HFCs.
Currently, these losses are thought to be small compared
with that from OH. Reactions on biologically or
mineralogically active land surfaces have been identificd
for many long-lived greenhouse gases but none are thought
to be important (see sections on individual gases below):
these have not been included in the atmospheric lifetimes
in Table 2.1.

2.2.5 Lifetimes from Stratospheric Removal

For compounds destroyed only in the stratosphere, a lower
limit can be placed on the total lifetime. It can be derived
simply from an estimate of how fast tropospheric air i~
circulated through the stratosphere, with the limiting
assumption that all of the trace gas entering tht
stratosphere is destroyed. Using the mass flux through the
100 mbar surface in the tropics (Holton, 1990) yields :
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value of 25 yr. The gas which most closely approaches this
limit is CCl,, a rapidly photolysed species, with a lifetime
of about 40 years, somewhat longer than the 25 year value,
because many CCl, molecules re-enter the troposphere.

The derivation of the stratospheric-removal lifetimes in
Table 2.1 is based on current two-dimensional
stratospheric models which have a long history of
development and testing (e.g., Ko et al., 1991; Prather and
Remsberg, 1993). These models calculate vertical profiles
and relative variations of halocarbons, N,O and CH, in the
stratosphere that are consistent with observations. The
model derived lifetimes for CFC-11, ranging from 40 to 60
yr, match the empirically derived value of 50 + 5 years,
based on reconciling emissions with the observed trend
(see Kaye et al., 1994; and recent update, Cunnold et al.,
1994).

2.2.6 Examples of Chemical Feedbacks Affecting
Greenhouse Gases

The varied chemical and physical couplings in the
atmospheric system mean that a perturbation in one trace
gas propagates through a series of interactions into a
perturbation of many other species. Methane has an
especially large number of identified couplings, some of
which are used as an example to illustrate this point. To
first order, a kilogram of CH, released from the surface
becomes well-mixed in troposphere, and a fraction of this
CH,, in proportion to its tropical abundance, is transported
into the stratosphere. This added kilogram of CH, decays
with an adjustment time of 11 to 17 years and not with the
chemical sink time-scale of 10 years due to OH and
stratospheric loss (see Section 2.2.2 above). This enhanced
CH, concentration has a direct radiative effect. In the
stratosphere, CH, directly affects the radical chemistry
(CI/HCI, OH) that controls O4: by reducing the
effectiveness of chlorine catalytic cycles, it would increase
0;. At the same time, oxidation of this CH, increases
stratospheric H,O, leading to enhanced efficiency of the
HO,-catalysed O, loss and potentially increasing
heterogeneous chemistry in the stratosphere by providing
more condensable water. Changes to stratospheric H,O
and O, have direct greenhouse impacts. Any induced
changes to stratospheric O; will feed back on tropospheric
chemistry through changes in UV and O, fluxes into the
troposphere. The additional CH, also impacts tropospheric
chemistry directly through reductions in OH and increased
production of O,. Lower OH increases the lifetimes and
hence the concentrations of a whole host of atmospheric
trace gases, many of which are direct greenhouse gases.
Further, the concentrations of HCFCs and CH,CCl; would
increase with a secondary impact on stratospheric chlorine
levels and hence O;. Another secondary impact is in
tropospheric chemistry where lower OH will reduce the
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oxidation of NO,, which controls tropospheric O,
production and the recycling of OH. To quantify these
interactions, the numerical models must simulate
realistically the atmospheric chemistry and transport of the
troposphere and stratosphere.

2.3 Methane

After water vapour and carbon dioxide, methane (CH,) is
the most abundant greenhouse gas in the troposphere. It is
also a reactive gas, which through various chemical
interactions (detailed in Section 2.2) influences the
concentrations of other greenhouse gases both in the
troposphere and stratosphere, most notably that of ozone.

2.3.1 Methane Sources

CH, is emitted by a large number of sources. These are
listed in Table 2.3 and total 410-660 Tg(CH,)/yr globally.
This range has shifted little from previous estimates in
IPCC (1992). In fact, despite numerous publications of
numerous new flux measurements and estimates, only few
of the contributions from individual sources have been
revised. These revisions are relatively small, usually
concerned with the range rather than with the central
values of the emissions estimates. Thus, recent flux data
from the Amazon region suggest that a large fraction of
CH, is emitted from tropical wetlands (20°N — 30°S), with
a global estimate of ~60 Tg(CH,)/yr (Bartiett et al., 1990;
Bartlett and Harriss, 1993). High latitude tundra studies
indicate emissions ranging from 20 to 60 Tg/yr (Whalen
and Recburgh, 1992; Reeburgh et al., 1993). A re-
evaluation of the ocean source (Lambert and Schmidt,
1993) suggests only ~3.5 Tg/yr are emitted by the open
ocean, but emissions from methane-rich areas could be
higher, pushing the upper limit of the oceanic source to 50
Tg/yr. A recent estimate made by Martius et al. (1993) for
the contribution of termites to the global budget agrees
well with the central value of 20 Tg/yr given in the IPCC
(1992). A new cstimate has been made for methane
originating from geological sources (including methane
hydrates) of 5-15 Tg/yr (Judd et al., 1993).

Studies of the carbon-14 content of atmospheric CH,
indicate that 15 - 25% of total annual CH, emissions are
from fossil carbon sources (IPCC, 1992). However, there
are large uncertainties in the contribution of the various
fossil sources: coal mines, natural gas and the petroleum
industry. New global figures for emissions from coal
mines range from 17 Tg/yr to 50 Tg/yr (CIAB, 1992;
Miiller, 1992; Beck, 1993; Beck et al., 1993; Kirchgessner
et al., 1993). Miiller (1992) estimated an emission from
natural gas activities of 65 Tg/yr, higher than the range
given in IPCC (1992) (2542 Tg/yr). Beck et al. (1993) give
a value of 30 Tg/yr. Khalil et al. (1993a) proposed that low
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Table 2.3: Estimated sources and sinks of methane, Tg(CH j)/yr.

Other Trace Gases and Atmospheric Chemistry

(a) Observed atmospheric increase, estimated sinks and sources derived to balance the budget

Individual Total
estimate
Atmospheric increase 37 (35-40) 37 (35-40)

Atmospheric removal (lifetime = 9.4 yr)

tropospheric OH 445 (360-530)
stratosphere 40 (32-48)
soils 30 (15-45)
Total sinks 515 (430-600)
Implied total sources (atmospheric 552 (465-640)
increase + total sinks)
(b) Inventory of identified sources
Identified sources Individual Total
estimate
Natural
Wetlands 115 (55-150)
Termites 20 (10-50)
Oceans 10 (5-50)
Other 15 (10-40)
Total identified natural sources 160 (110-210)t
Anthropogenic
Total fossil fuel related 100 (70-120)ft
Individual fossil fuel related sources
Natural gas 40 (2550)
Coal mines 30 (1545)
Petroleum industry 15 (530)
Coal combustionft ? (130)
Biospheric carbon
Enteric fermentation 85 (65100)
Rice paddies 60 (20-100)
Biomass burning 40 (2080
Landfills 40 (2070)
Animal waste 25 (2030)
Domestic sewage 25 (15-80)

Total biospheric

275 (200-350)

Total identified anthropogenic sources

375 (300-450)"

TOTAL IDENTIFIED SOURCES

535 (410-660)

TOTAL Global Burden: 4850 Tg(CH,)

Note: The observed increases in methane show that sources exceed sinks by about 35 to 40 Tg each year. All data are rounded to

the nearest 3 Tg.

¥ A pre-industrial level of 700 ppby would have required a source of 210 Tg(CH,)/yr if the lifetime has remained constant, and
280 Tg (CH,yvr if current tropospheric chemical feedbacks can be extrapolated back. The total anthropogenic emissions of CH
based on identifed sources. 375 (300-450). is slightly higher than the inferred range from pre-industrial levels, 270-340. but is

well within the uncertaintices.

% Fractional source from fossil carbon based on a measure of the atmospheric ratio of 14CH_‘ % IZCHJ.

i Judd er al. (1993). Khalil ef al. (1993a)
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temperature combustion of coal (not included previously)
could be a significant source of methane, with a global
emission of 16 Tg/yr and a range of 5-30 Tg/yr. Emissions
of methane from the incfficient combustion of coal may be
significant. However, there is considerable uncertainty in
the magnitude of these emissions and further research is
needed to refine preliminary estimates.

Anastasi and Simpson (1993) estimated a 1990 emission
of 84 Tg/yr from enteric fermentation in cattle, sheep, and
buffalo, which contributes 90% of the total ¢mission from
domestic animals, towards the upper part of the range
given in IPCC (1992) (65-100 Tg/yr). In a complete re-
evaluation of emissions from biomass burning, Andreae
and Warneck (1994) report a total of 43 Tg/yr in good
agreement with the global estimates made in IPCC (1992).
Other recent estimates of CH, from biomass burning are
30 Tg/yr (Hao and Ward, 1993), 35 Tg/yr (Subak et al.,
1993) and 50 Tg/yr (Levine et al., 1994).

Numerous studies of emissions from rice paddies (e.g.,
Bachelet and Neue, 1993; Delwiche and Cicerone, 1993;
Lal et al., 1993; Subak et al., 1993; Wang et al., 1993a,b;
Wassman et al., 1993; Shao e¢f al., 1994; Shearer and
Khalil, 1994) indicate a global source of 60 Tg/yr with a
range of 20-100 Tg/yr.

New estimates of landfills suggest a global source of
about 40 Tg/yr (Miiller, 1992; Subak er al., 1993; Tohjima
and Wakita, 1993).

As Table 2.3 indicates, about 70% of the CH, emissions
(375 Tg/yr) result from human activity and approximately
20% of the total emissions are of fossil origin.

2.3.2 Removal of Methane

As detailed in Section 2.2, CH, is removed from the
atmosphere through reaction with tropospheric OH, about
445 Tg/yr (Table 2.3) and stratospheric removal, 40 Tg/yr.
Another significant sink is the microbial uptake in soils,
about 15-45 Tg(CH,)/yr. A growing number of studies
(reviewed by Reeburgh et al., 1993) show that methane
from the atmosphere, and also that diffusing upward from
deep soils, is consumed by microbial communities in the
upper soils. Methane fluxes at the terrestrial and marine
surface are highly variable because they result from the
difference of two large processes (in situ production and
consumption). It is noted that this oxidation of CH, is also
important in modulating methane emissions from rice
paddies, wetlands and landfills. Disturbance (cultivation,
fertilisation) has been shown 1o reduce the cffectiveness of
the soil sink in temperate soils (Keller et al., 1990; Mosier
et al., 1991; Hutsch et al., 1993; Minami ¢f al.. 1993:
Ojima ef al., 1993).

The budget imbalance depends on the recent trends (see
Section 2.3.4) but sources must have exceeded sinks by
about 7-8% over the last decade.

2.3.3 Atmospheric Distribution

The fact that sources of CH, are essentially land based and
therefore lie predominantly in the Northern Hemisphere
can cxplain much of the latitudinal gradient observed in
CH, with about 6% lower values in the Southern
Hemisphere. This difference corresponds to an excess
Northern Hemisphere source of about 280 Tg(CH,)/yr.
The observed seasonal cycle (£1.2% at mid-latitudes) can
be cxplained in large part by the annual variation in
tropospheric OH concentrations, and to a lesser cxtent by
seasonally varying sources and atmospheric transport. The
scasonal cycle in the Southern Hemisphere also contains a
signal from transport of tropical biomass burning sources
(Lassey et al., 1993; Law and Pyle, 1993).

2.3.4 Trends and Sensitivities

Atmospheric CH, concentrations have changed
considerably over time. Most striking is the increase of
more than a factor of two over the last two centuries,
derived from air trapped in ice cores (Figure 2.1). During
the past decade the rate of that increase has declined.
Measurements from two global observing networks have
derived globally averaged growth rates for methane of
approximately 20 ppbv/yr in 1979-80, 13 ppbv/yr in 1983,
10 ppbv/yr in 1990 and about 5 ppbv/yr in 1992 (Steele et
al., 1992; Khalil and Rasmussen, 1993; Dlugokencky et
al., 19944). The decline in growth rate was more rapid in
the 30°-90°N semi-hemisphere than in the other semi-
hemispheres (Figure 2.2). The change in CH,, from 1991 to
1992 in the Northern Hemisphere was close to zero. The
cause of this global decline in methane growth rates is
unknown and still a matter of speculation. It could, for
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Figure 2.1: Methane mixing ratios from the air bubbles trapped
in ice cores from Antarctica over the past 1,000 years (Law
Dome (DEOS): Etheridge ef al.. 1992; Mizuho: Nakazawa ¢t al.,
1993) and Greenland (Site J: Nakazawa ¢f el., 1993: Summit:
Blunicr et al., 1993). Atmospheric measurements from Cape
Grim. Tasmania. arc included to demonstrate the smooth
transition from ice core to atmospheric measurements.
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Figure 2.2: Scasonal cycles and trends in atmospheric methane over the decade 1983 to 1992. Results from the NOAA-CMDL global
flask network (37 sites) have been gridded to 14-day intervals and averaged over four equal areas of the atmosphere: high northern
(30°N - 90°N), low northern (0 - 30°N), low southern (0 - 30°S) and high southern (30°S - 90°S) semi-hemispheres (Steele et al., 1992:

Dlugokencky et al., 1994c).

example, be explained by a rapid drop of about 5% in
global annual emissions. One suggestion is a decrease in
CH, cmissions from the former Soviet Union
(Dlugokencky et al., 1994b). Additional CH, data from
Antarctica by Aoki et al. (1992) confirm the trends
observed by the NOAA-CMDL stations in the same
region.

A significant depletion in '*CH, has been observed in
the Southern Hemisphere since mid-1991, coincident with
the significant drop in the CH, growth rate between 1991
and 1992, The isotopic data are used to infer that the
change in CH, growth rate is due to decreasing sources
rather than increasing sinks and that it results from a
combination of decreased tropical biomass burning and a
lower release of fossil CH, in the Northern Hemisphere
(Lowe et al., 1994).

Obscrved methane levels in the high Arctic (Alert,
83°N) in 1993 were actually lower than those observed in
1992, The data indicate that both Europe and the former
Soviet Union are major CH, sources, but the cause of the
change has not been identified (Worthy er al., 1994).

The historic record of methane concentrations through
the industrial period has been improved by the analysis of
four new ice cores included in Figure 2.1. An Antarctic ice
core (Law Dome) covers the period from 1840 to 1980 and
overlaps with the direct atmospheric measurements of the
1970x (Etheridge er al., 1992). 1t thus allows the trends of
methane concentration during the industrial period to be

studied in detail. An approximate doubling of methane is
seen, as in previous ice core studies, but the growth rate is
not monotonic, with apparent stabilisation around the
1920s and again during the 1970s (Etheridge et al., 1992;
Dlugokencky et al., 1994c). From Greenland and Antarctic
ice cores, Nakazawa et al. (1993) have extracted methanc
records that begin at about 1300 and 1600 respectively and
continue to about 1950. The pre-industrial global mean and
inter-hemispheric difference were found to be about 720-
740 ppbv and 35-75 ppbv respectively, about one third of
the present day difference, indicating that the pre-industrial
natural sources in the Northern Hemisphere were larger
than those in the Southern Hemisphere. A Greenland ice
core has produced a further methane record over the pust
1000 years (Blunier et al., 1993). A similar pre-industrial
level was found (700 ppbv) and pre-industrial variations of
about 70 ppbv were detected before AD 1500 which are
attributed to the changed oxidising capacity of the
atmosphere, climatic impacts on wetlands and possible
agricultural sources of methane. Further back in time, large
changes in the methane concentration in Greenland icc
cores through the deglaciation and the last glacial period
are observed to be in phase with inferred temperature
(Figure 2.3). The record shows clearly the marked CH,
variations associated with the younger Dryas event as well
as the rapid CH, variations during the glacial periods
associated with rapid Greenland climatic oscillatior-.
Warm periods, each lasting hundreds of years within i
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last glacial period, are associated with methane increases
of about 100 ppbv. New data from the Antarctic Vostok
ice core have extended the methane record from 160
thousand years before present (kaBP) through the
penultimate glaciation to the end of the previous
interglacial, about 220 kaBP (Jouzel et al., 1993). There is
a clear positive correlation of methane with temperature.
Methane minima (300-400 ppbv) occur at times of glacial
maxima with approximately double this amount for the
interglacials.

There are several potential climate feedbacks that could
affect the atmospheric methane budget (IPCC, 1990).
Recent attention has been focused on northern wetlands
and permafrost, where changes in surface temperature and
rainfall are predicted to occur in climate models.
Traditionally, temperature increases are assumed to
generate increases in CH, emissions (Hameed and Cess,
1983). Recent calculations suggest a moderate increase in
CH, emissions in a 2 x CO, scenario (Harriss et al., 1993).
Climate models generally predict lower soil moisture in
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Figure 2.3: The methane record from a Greenland ice core over
the period 7,000 to 40,000 years before the present is shown in
parallel with 8!80 (a surrogate for temperature). The significant
climatic events are named or numbered as interstadial episodes
(Chappelaz et al., 1993).
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mid-continental regions in summer for a 2 x CO, climate
(IPCC, 1990), although changes in soil moisture at high
latitudes are model dependent. Lowering the water table
increases the thickness of the layer over which methane
oxidation can take place, so northern wetlands appear to be
more sensitive to changes in moisture than temperature.
Persistent water table lowering of 50-75 cm resulted in
zero or even slightly negative fluxes (Roulet et al., 1992,
1993), which suggests that a reduction in soil moisture
may significantly reduce methane fluxes from northern
peatlands and wetlands. However, response of high
latitude wetlands to seasonal changes in soil moisture is
not well understood (Reeburgh ef al., 1993).

Recent data on the methane concentration in permafrost
(Kvenvolden and Sorenson, 1993; Rasmussen et al., 1993)
suggest a median concentration of 2-3 mg/kg. Estimates of
future methane emissions from permafrost are less than 10
Tg/yr based on a one-dimensional heat conduction model
that does not consider microbial oxidation (Moraes and
Khalil, 1993).

2.4 Nitrous Oxide

Nitrous oxide (N,O) is an important, long-lived
greenhouse gas that is emitted predominantly by biological
sources in soils and water, which are not well quantified in
global terms (Table 2.4). It is removed mainly in the
stratosphere by photolysis and reaction with excited
oxygen atoms (O(!D)). A small soil sink has been
suggested. The loss of N,O in the stratosphere yields NO,
providing the major input of NO, to the stratosphere, thus
in part regulating stratospheric ozone and influencing the
NO, balance in the upper troposphere.

2.4.1 Sources of Nitrous Oxide

Tropical forest soils are probably the single most important
source of nitrous oxide to the atmosphere. New data on
tropical land-use changes and intensification of tropical
agriculture indicate significant, growing sources of N,O
(Matson and Vitousek, 1990). The flux of N,O depends on
the age of the pasture, with young pasture (<10 years)
emitting 3-10 times more N,O than tropical forests,
whereas older pastures emit less N,O than tropical forest
(Keller et al., 1993). However, further research on tropical
agricultural systems is required before conclusions can be
reached concerning the relative importance of tropical
agricultural systems as growing N,O sources (Keller and
Matson, 1994). The total N,O source from tropical soils
(forest, savannah) is estimated at 4 Tg(N)/yr (range 2.7 -
5.7). The magnitude of N,O emissions from intensively
fertilised tropical agricultural soils has not hbeen quantified.
No attempt has been made to speciate the tropical soil
source into natural and anthropogenic components. More



9)

Other Trace Gases and Atmospheric Chemisiry

Table 2.4: Estimated sources and sinks of N,O typical of the last decade (Tg(N)/yr).

Range Likely
Atmospheric increase 3.1-4.7 3.9f
Sinks
stratosphere 9-16 12.3
soils ?
Total Sinks 9-16 12.3
Implied total sources (atmospheric increase + total sinks) 13-20 16.2
Identified sources Range Likely
Natural
occans 1-5 3
tropical soils
wet forests 22-37 3
dry savannas 05-20 1
temperate soils
forests 0.1-2.0 1
grasslands 05-2.0 1
Total identified natural sources 6-12 9
Anthropogenic
cultivated soils 1.8-53 3.5
biomass burning 02-1.0 0.5
industrial sources 0.7-1.8 1.3
cattle and feed lots 02-05 04
Total identified anthropogenic 3.7-79 5.7
TOTAL IDENTIFIED SOURCES 10-17 14.7

1 The observed atmospheric increase implies that sources exceed sinks by 3.9 Tg(N)/yr.

reliable estimates require better models of N,O emissions
from soils and better data bases of underlying soil and
ccosystem properties.

There is evidence to show that grasslands emit small
amounts of N,O (Mosier ef al., 1981, 1991; Minami et al.,
1993; Mceyer et al., 1994) and Krielman and Bouwman
(1994) estimated a global grassland source of 1.4
Tg(N)/yr. A global value of approximately 1 Tg(N)/yr has
been adopted in Table 2.4.

The Earth’s oceans are significant N,O sources. Nitrous
oxide tluxes from upwelling regions of the Indian (Law
and Owen, 1990) and Pacific (Codispoti et al., 1992)
Oceans suggest that oceans may be a larger source than
previousiy estimated (1.4 - 2.6 Tg(N)/yr: IPCC 1992). The
total pre-industrial N,O source was approximately 9
Te(N)Y vr of which approximately 3 Tg(N)/yr was oceanic

(Weiss, 1994). An isotopic study of atmospheric N,0
(Kim and Craig, 1993) suggests a large gross flux of N,O
between the atmosphere and the ocean, but the possible
implications for net fluxes are not clear. The ocean flux
estimate that has been adopted for this assessment is 3
Tg(N)/yr (range 1-5).

New research suggests that N,O emissions {rom
cropped, nitrogen-fertilised (by mineral, manure und
legumes) agricultural systems are significant on a globul
scale. Such sources have been extensively evaluated by
IPCC Working Group II (personal communication) and
estimated at 3.5 Tg(N)/yr (range 1.8 - 5.3).

Nitrous oxide is also emitted by a large numbcr of
smaller sources, most of which are difficult to evaluaie.
These include soils of other natural ecosystems. bionuss
burning, degassing of ground water used for irrigation .nd
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specialised industrial processes. There are very few studies
of these sources, particularly in the tropics, and
uncertainties in their emission estimates are large. These
sources are listed in Table 2.4 and are largely based on
IPCC (1992). A few, previously unevaluated sources have
been added including N,O from cattle and feed lots (0.2-
0.5 Tg(N)/yr; Khalil and Rasmussen, 1992) and N,O from
cars fitted with catalytic converters (0.1-0.6 Tg(N)/yr;
Dasch, 1992; Khalil and Rasmussen, 1992; Berger et al.,
1993), the latter having been included in the figure for
industrial sources, along with adipic acid production. The
biomass burning source (0.2-1.0 Tg(N)/yr) may be
underestimated due to unaccounted for enhanced post-
burning biogenic emissions (Levine, 1994).

Table 2.4 indicates that about 40% of N,O sources are
anthropogenic. This figure could be an underestimate
because tropical agricultural soil sources resulting from
human activities have not been separated from natural
tropical soil sources. Nitrous oxide from natural sources is
estimated at 9 Tg(N)/yr (range 6-12), in agreement with
Weiss (1994). These estimates of natural sources fall at the
lower end of those needed to maintain pre-industrial
concentrations of 275 ppbv, about 11 = 3 Tg(N)/yr.

2.4.2 Removal of Nitrous Oxide

The major sink for N,O is photodissociation by sunlight
(wavelengths 180-230 nm) in the stratosphere; a secondary
removal process, about 10%, occurs through reaction with
O('D). The best estimates for the lifetime of N,O come
from the 2D stratospheric chemical transport models that
have been tested against observed distributions and tracer-
tracer correlations (Prather & Remsberg, 1993) and that
include the accurate modelling of transmission of
ultraviolet sunlight (Minschwaner ef al., 1993). The
current best estimate for stratospheric removal is 120 * 30
yr. Mahlman et al. (1986) reached a similar conclusion
based upon 3-D transport model considerations. There is
some evidence that N,O is consumed by some soils (cf.
Donoso et al., 1993), but there are not enough data to
make a reasonable global estimate of this sink. The
consequences of a significant ocean reservoir of nitrous
oxide have been neglected here in the consideration of the
above lifetime. An ocean reservoir could potentially
extend the response time for N,O beyond the above
estimate.

The strengths of these sinks is summarised in Table 2.4.
No estimate is made of the soil sink. The sum of the
stratospheric loss and the atmospheric increase is about 16
Tg(N)/yr (range 12-20). Although not indicated by the
uncertainty ranges, this is probably better known than the
total N,O source (approximately 15 Tg(N)/yr, range 10-
17). Based on these estimates the identified sources exceed
sinks by about 15%, but clearly the uncertainty ranges are
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such that there may not be any major, unidentified sources.
Sources and sinks whose strengths have not been
estimated, or may be underestimated, are tropical
agriculture, biomass burning, temperate grasslands
(sources) and soils (sinks).

2.4.3 Atmospheric Distribution

Owing to its long lifetime, N,O exhibits only small spatial
and temporal variations in the free troposphere. By
empirically scaling with CFC interhemispheric gradients,
the interhemispheric difference of about 1 ppbv (0.3%)
corresponds to a source imbalance with an excess Northern
Hemisphere source of 5 Tg(N)/yr. No seasonal variation
has been observed.

2.4.4 Trends and Sensitivities

Analysis of available global nitrous oxide data indicates a
clear continuous increase in N,O since the pre-industrial
era. The rate of growth over the last decade is small, about
0.25%/yr, and there is difficulty in measuring the global
abundance of N,O with this precision. For example, the
decadal trend from Prinn et al. (1990) is 0.7 to 1.0 ppbv/yr
and that from Khalil and Rasmussen (1992) is 0.5 to 1.2
ppbv/yr. In another recent analysis, Weiss (1994) showed
that the global average abundance at the beginning of 1976
was 299 ppbv and had risen to 310 ppbv at the beginning
of 1993. During 1976-82 the growth rate was about (0.55
ppbv/yr, which incrcased to a maximum of (0.8 ppbv/yr in
1988-89, declining to the current rate of 0.6 ppbv/yr. A
similar result has been observed in the 15-year global
record of NOAA-CMDL (Elkins et al., 1993a, see Figure
2.4). Zander ef al. (1994) have extended atmospheric
measurements of N,O from solar spectra collected at
Jungfraujoch, and derived a mixing ratio of 275 ppbv for
April 1951 together with an increase of about 10% over
the past four decades.

Previously, ice core records of nitrous oxide showed an
increase of about 8% over the industrial period (Etheridge
et.al., 1988; Khalil and Rasmussen, 1988a; Zardini et al.,
1989). A new record covering the last 45,000 years was
obtained from two ice cores from Antarctica and
Greenland (Leucnberger and Siegenthaler, 1992). The
Greenland record covers the period 1780 to 1950 and
suggests a pre-industrial nitrous oxide level of about 26()
ppbv. 10 and 25 ppbv lower than other records. Results
from a new Antarctic core (Machida et al., 1994) indicate
a pre-industrial level of about 273 ppbv. Thus estimates of
pre-industrial levels of N,O average about 275 ppbv with a
range of 260 to 285 ppbv. Nitrous oxide levels have risen
approximately 15% since pre-industrial times. The
Antarctic core shows that nitrous oxide was about 30%
lower than these pre-industrial levels (about 180-190 ppbv)
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Figure 2.4: Nitrous oxide mixing ratios from 1977 to 1993.
Globally averaged values are those reported from the NOAA-
CMDL flask sampling network (Elkins ef al., 1993a).

at the Last Glacial Maximum (LGM) and between the pre-
industrial and LGM levels (220-250 ppbv) between 30 and
50 kaBP, consistent with the hypothesis that soils are a
major natural source of nitrous oxide.

2.5 Halocarbons

Perhalocarbon species such as the CFCs, carbon
tetrachloride (CCly), carbon tetrafluoride (CF,) and the
halons are powerful greenhouse gases, because they
strongly absorb terrestrial infrared radiation and have long
(typically = 50 years) atmospheric lifetimes. The
hydrohalogenated species such as methylchloroform,
HCFCs and CFCs are also significant infrared absorbers
but their shorter atmospheric lifetimes (typically < 15
years) reduce their climatic impact compared to the
perhalocarbon species. All species containing chlorine and
bromine play a role in lower stratospheric ozone depletion,
and hence climate cooling, and this tends to offset their
ability to cause surface warming. The emissions of the
major anthropogenic chlorine- and bromine-containing
species are now largely controlled (> 90%) by the
requirements of the Montreal Protocol. A recent,
comprehensive review (Kaye et al., 1994) has provided
extensive details on the global distributions, trends,
emissions and lifetimes of halocarbons such as CFCs,
halons and related species. This section provides a
summary and update of that review.

2.5.1 Atmospheric Distributions and Trends
2.53.1.1 CFCs and carbon tetrachloride

CFCs-11,-12 and -113 and carbon tetrachloride have been
measured in a number of global programmes and their
tropospheric mixing ratios have increased steadily from the
mid-1970s to 1990, with CFC-11 and -12 increasing by
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about 100%, CFC-113 by about 300% and CCl, by about
20% (Cunnold et al., 1986; Rasmussen and Khalil, 1986,
Makide et al., 1987; Simmonds et al., 1988; Fraser et al..
1994 and references therein). There is now clear evidence
that the growth rates of the CFCs and CCl, have slowed
significantly. CFC-11 and -12 (Figure 2.5) trends in the
late 1970s to late 1980s were about 9-11 pptv/yr and 17-20
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Figure 2.5: Atmospheric abundances of (a) CFC-12, (b) CFC-11.
and (c) CH,CCl, from 1978 to 1992 from the ALE-GAGE globul
sampling network (Prinn et al., 1992, Cunnold et al., 1994: Frascr
et al., 1994, Fraser and Derek, 1994 and unpublished data from the
ALE/GAGE nctwork). Monthly mean clean air values are show:
for three sites: Tasmania, Oregon and Ireland.
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pptv/yr respectively. These declined to about 7 and 16
pptv/yr respectively around 1990 and to about 3 and 11
pptv/yr by 1993 (Elkins et al., 1993b; Simmonds et al.,
1993; Cunnold et al., 1994; Rowland et al., 1994).

Global CFC-113 and CCl, data to the end of 1990 were
recently reviewed (Fraser et al., 1994). A global average
trend CFC-113 of about 6 pptv/yr was observed, with no
sign of the slow-down observed for CFC-11 and -12,
whereas carbon tetrachloride appeared to have stopped
accumulating in the atmosphere. Global CFC-113 data
extended to the end of 1992 now indicate that the growth
rate has started to slow down, presumably in response to
reduced emissions (Fisher et al., 1994; Fraser et al., 1994).
Carbon tetrachloride data collected at Cape Grim,
Tasmania, indicate that the levels of this trace gas have
started to decline (Fraser and Derek, 1994).

2.5.1.2 Methylchloroform and the HCFCs

Global methylchloroform and HCFC-22 data to the end of
1990 have recently been reviewed (Prinn et al., 1992;
Montzka et al., 1993; Fraser et al., 1994), with growth
rates in 1990 of 4-5 and 6-7 pptv/yr respectively. The
methylchloroform data to the end of 1992 (Figure 2.5)
indicate that the slowing of the growth rate observed in
1990 has continued, presumably due to the combination of
atmospheric oxidation and reduced emissions in 1991-92
compared to 1990. Part of the declining methylchloroform
trend has been ascribed to increasing OH levels (1.0 *
0.8%/yr, Prinn et al., 1992). The methylchloroform
calibration problems detailed in Fraser et al. (1994) are
important (see Section 2.2) and have yet to be resolved.
Global HCFC-22 data (Montzka et al., 1993) indicate a
mean mixing ratio in 1992 of 102 = 1 pptv, an
interhemispheric difference of 13 = 1 pptv and a globally
averaged growth rate of 7.4 + 0.3 pptv/yr. Based on the
latest industry estimates of HCFC-22 emissions (Midgley
and Fisher, 1993), the data indicate an atmospheric
lifetime for HCFC-22 of 13.3 (11.8-15.2) years, see Table
2.1. The latest HCFC-22 data indicate that the near linear
trend observed in earlier data has continued. The possible
HCFC-22 calibration problems addressed in Fraser et al.
(1994) have not yet been resolved. HCFC-142b
(CH,CCIF,) and HCFC-141b (CH,CCl,F) have recently
been introduced as CFC substitutes, replacing CFC-11 in
foam-blowing processes. The study of their accumulation
in the atmosphere has only just commenced, but hopefully
will provide essential information about their atmospheric
lifetimes and conversely about OH levels in the
atmosphere. Pollock efr al. (1992) detected upper
tropospheric levels of HCFC-142b at about 1.1 pptv in
1989, growing at 7%/yr. Measurements of these two
species has commenced using the NOAA-CMDL flask
sampling network. The preliminary 1992 annual global
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mean HCFC-142b mixing ratio was 3.6 * 0.1 pptv,
growing at ~ 1 pptv/yr (Elkins et al., 1993b). The
preliminary 1992 and 1993 annual global mean HCFC-
142b mixing ratios for 1992 and 1993 were 3.2 + (.1 and
4.3 + 0.1 pptv respectively, growing by 1.1 pptv/yr. The
1993 mean mixing ratio of HCFC-141b was 0.7 ppbv,
growing at 0.9 ppbv/yr into 1994 (Elkins et al., 1993a;
Montzka et al., 1994).

2.5.1.3 Other chlorinated species

There are a number of other short-lived chlorinated species
such as methylchloride, chloroform, dichloromethane and
chlorinated ethenes that are present in the background
atmosphere. Their atmospheric lifetimes are short and they
do not make a significant contribution to radiative forcing,
but methylchloride is a significant source of stratospheric
chlorine. Available data on the abundance of these species
have been reviewed (Fraser et al., 1994). Global mean
methylchloride (CH,Cl, 600-640 pptv), chloroform
(CHCl,, 10-15 pptv), dichloromethane (CH,Cl,, 30 pptv),
tetrachlorethylene (CCl,CCl,, 10 pptv) and trichloro-
ethylene (CHCICCl,, 2-3 pptv) abundances are indicated.
No long-term trends for these species have been observed,
although they all exhibit distinct annual cycles (summer
minimum, winter maximum). Measurements made in 1989
in the Atlantic (45°N-30°S) showed average
methylchloride levels of 540 pptv, with slightly higher
levels in the SH (550 = 12 pptv) than the NH (532 = 8
pptv). Significant gradients in dichloromethane (366 pptv,
NH; 18 + | pptv, SH), tetrachlorethylene(1-10 pptv, NH;
1-3 pptv, SH) and trichloroethylene (1-15 pptv, NH; <
1pptv SH) were observed consistent with anthropogenic,
largely Northern Hemispheric, sources for these species
(Koppmann et al., 1993). More recent measurements
(1990) in the tropical Pacific Ocean (15°N to 10°S) showed
that the average methylchloride level was 630 pptv;
chloroform, 9 pptv; dichloromethane, 24 pptv; and
tetrachlorethylene, 5 pptv. The methylchloride data
showed no interhemispheric gradient, indicative of a
largely oceanic source, whereas the other species showed
clear gradients (higher in the Northern Hemisphere),
indicative of Northern Hemispheric (presumably
anthropogenic) sources (Atlas et al., 1993).

2.5.1.4 Methylbromide, halons and other brominated
species

Since the IPCC reports of 1990 and 1992, interest in and
understanding of brominated species in the background
atmosphere has expanded considerably, driven by the
recognition of bromine’s significant role in stratospheric
ozone depletion.

Available measurements on the global distribution,
sources and sinks of methylbromide have been reviewed
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(Albritton and Watson, 1993; Penkett ef al., 1994) and re-
analysed (Reeves and Penkett, 1993; Singh and
Kanakidou, 1993). The data suggest global mean levels of
10-15 pptv. Another data set (Khalil ef al., 1993b)
indicates an average level of about 10 pptv, which has
increased over the past four years at about 3 + 1%/yr. Six
years of halon data (H-1211 and H-1301) show that the
global background levels are about 2.5 pptv (H-1211) and
2.0 pptv (H-1301), currently growing at about 3 and 8%/yr
respectively (Butler et al., 1992). These rates have slowed
significantly in recent years, consistent with reduced
emissions (McCulloch, 1992).

Data from the tropical Pacific Ocean (Atlas et al., 1993)
indicate concentrations of methylbromide, dibromomethane
(CH,Br,), bromoform (CHBr,) and dibromochloromethane
(CHBr,CI) of 14, 1.8, 1.8 and 0.2 pptv, respectively. The
methylbromide data did not show an interhemispheric
gradient, in contrast to the Atlantic Ocean data of Penkett
et al. (1985), from which a large anthropogenic source was
inferred. Clearly more research on the global distribution
of methylbromide is required. Bromoform and
dibromochloromethane show distinct equatorial maxima,
indicating a tropical source related to biogenic activity.

2.5.1.5 Other perhalogenated species

Perhalogenated species such as tetrafluoromethane (CF,),
hexafluoroethane (CF,CF,) and sulphur hexafluoride (SF)
strongly absorb infrared radiation, have very long
atmospheric lifetimes and are therefore very powerful
greenhouse gases. The global mean concentration of
tetrafluoromethane was measured in 1979 at 70 + 7 pptv
(Penkett ef al., 1981). Measurements at the South Pole
between the late-1970s and mid-1980s indicate a mean
concentration of 70 pptv growing at about 2%/yr (Khalil
and Rasmussen, 1985). Fabian et al. (1987) have reported
northern mid-latitude values of 70 pptv for
tetrafluoromethane and 2 pptv for hexafluoroethane.
Sulphur hexafluoride is a long-lived atmospheric trace gas
whose current global background level is 2-3 pptyv,
increasing at about 9 = 19%/yr, based on data observed in
the lower stratosphere between 1981 and 1992 (Rinsland et
al., 1993). Column measurements in Europe (1986 to
1990) and North America (1981 to 1990) both show
increases of 6-7%/yr (Zander et al., 1991).

2.5.2 Industrial Production, Use and Emissions

World-wide consumption of CFCs has fallen significantly
following cnactment of the Montreal Protocol. From 1988
to 1992, production of CFCs-11, -12 and -113 fell by about
40¢% as a result of substitution and conservation measures
taken n the refrigeration, foam-blowing. cleaning agent
and acrosol propellant industries. During this same period.
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annual emissions fell by about 35%, somewhat less than
production reductions, due to the time lag between
production and emission. World-wide emissions of
individual halocarbons are shown in Figure 2.6, based on
industrial survey results (AFEAS, 1993; Fisher et al..
1994). Individual CFC compounds show substantial
reductions in emissions over this period which vary among
the compounds due to differences in application, ease of
substitution/replacement and use-banking times.
Allowances are included for production outside the region
surveyed. Emissions of methylchloroform have also
declined over this period, but to a lesser degree than the
CFCs, as allowed by the provisions of the Protocol.
HCFC-22 emissions rose continuously throughout this
period since HCFC-22 has been used as a replacement for
CFCs and its use has not yet been curtailed by the
Protocol. Emissions of halons have been reduced
substantially (McCulloch, 1992) (no data are available for
1991 and 1992). No emission data are available for carbon
tetrachloride due to the fact that its production/use has nol
been surveyed.
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Figure 2.6: Annual emissions of some important industrial
halocarbons from 1972 to 1992 based on production statistics
(AFEAS, 1993; Fisher et al., 1994; Fisher, 1994 and unpublish.d
work from D. Fisher and P. Midgley). For CFC-11, CFC-12.
CFC-113, CH;CCl; and the halons, the estimates are for globa!
use; for HCFC-22, CFC-114 and CFC-115, the estimates are
from reporting companies and may be somewhat less than the
global emissions.
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CH,Cl, and CHCICCI, are used as industrial cleaning
solvents. Sources of 0.9 and 0.6 Tg/yr have been recently
estimated from observed atmospheric abundances
(Koppmann et al., 1993). The aluminium refining industry
is believed to be the major source of CF, (0.018Tg/yr) and
CF,CF; (0.001 Tg/yr) although it still remains an open
question as to what fraction of the atmospheric burden can
be attributed to other sources, such as generation of F,,
reduction of UF, and UF, the use of fluorspar in steel
making, etc. (Cicerone, 1979). No natural sources have
been identified. 80% of SF, production (0.005 Tg in 1989)
is used for insulation of electrical equipment, 5-10% for
degassing molten reactive metals, and a small amount as
an atmospheric tracer (Ko et al., 1993).

2.5.3 Natural Sources

Methylhalides are produced primarily in the ocean, usually
associated with algal growth (Sturges et al., 1993; Moore
and Tokarczyk, 1993), although a significant fraction may
come from biomass burning. Methylchloride, with an
atmospheric abundance of about 600 pptv, is the dominant
halogenated methane species in the atmosphere.
Maintaining this steady-state mixing ratio with an
atmospheric lifetime on the order of two years requires a
production of around 3.5 Tg/yr (Koppman et al., 1993),
most of which comes from the ocean. Sources from
biomass burning have also been identified (Mano and
Andreae, 1994; Rudolph et al., 1994).

Total emissions of methylbromide have been estimated
between 0.075 and 0.12 Tg/yr (Albritton and Watson,
1993; and other model evaluations noted there), but the
identity of the sources is still in question. The ocean is
believed to contribute between 30-70% of atmospheric
methylbromide (Khalil et al., 1993b; Reeves and Penkett,
1993; Singh er al., 1983) and anthropogenic uses, such as
fumigation of soils and fresh produce, are believed to
contribute about 25%, with some arguments for a greater
proportion. It has recently has been suggested that biomass
burning could contribute 10-50% of the total flux (Mano
and Andreae, 1994). Other halogenated methanes, such as
bromoform and mixed halogens, are emitted mainly from
coastal waters, but they do not accumulate significantly in
the atmosphere. CHBr,, CHBr,Cl and CH,Br, are
produced by macrophytic algae (seaweeds) in coastal
regions (Manley et a/., 1992) and possibly by open ocean
phyloplankton (Tokarczyk and Moore, 1994).

2.5.4 Halocarbon Removal Processes

Fully halogenated halocarbons are destroyed primarily by
photodissociation and reactions with O('D) in the mid to
upper stratosphere. These gases have atmospheric lifetimes
of decades to centuries (Table 2.1). Halocarbons

95

containing at least one hydrogen atom, such as HCFC-22,
chloroform, methylchloroform, the methyl halides and
other HCFCs and HFCs, are removed from the troposphere
mainly by reaction with OH. The atmospheric lifetimes of
these gases range from months to decades, see Table 2.1.
However, some of these gases also react with sea water.
About 5-10% of the methylchloroform in the atmosphere
is lost to the ocean, presumably by hydrolysis (Butler et
al., 1991; Wallace et al., 1994). Only about 2% of
atmospheric HCFC-22 is apparently destroyed in the
ocean, mainly in tropical surface waters (Lobert et al.,
1993). Although the occan is probably a net source of
methyl bromide, it is removed from sea water at about 10-
40% per day by hydrogen and halide exchange (Swain and
Scott, 1953; Mabey and Mill, 1978; Elliot, 1984; Elliot and
Rowland, 1993; Gentile et al., 1989). The lifetime of
methyl bromide with respect to tropospheric OH is about 2
yr, but the total lifetime may be significantly less. Butler
(1994) estimated an effective lifetime of 1.2 yr with
respect to increased or decrcased emissions, owing to the
role of the ocean as a “buffer” for atmospheric methyl
bromide. Other, presently unquantified, land-based sinks
may also contribute to a shorter atmospheric lifetime of
methyl bromide (Rasche et al., 1990; Oremland et al.,
1993a,b).

Recent studies show that carbon tetrachloride may also
be destroyed in the ocean. Widespread, negative saturation
anomalies (-6% to 0.8%) of carbon tetrachloride,
consistent with a subsurface sink (Lobert et al., 1993),
have been reported (Butler er al., 1993; Wallace et al.,
1994). Published hydrolysis rates for carbon tetrachloride
are not sufficient to generate the observed saturation
anomalies (Jeffers et al., 1989), which, nevertheless,
indicate that about 20% of the carbon tetrachloride in the
atmosphere could be consumed by the oceans.

Recent investigation of the atmospheric lifetimes of
perfluorinated species CF,, CF,CF; and SF_ indicates
lifetimes of >50,000, >10,000 and 3,200 years
(Ravishankara et al., 1993). Destruction processes
considered include photolysis, reaction with O('D),
combustion and removal by lightning. Loss by uptake into
the oceans is not significant for perfluorinated
hydrocarbons.

2.6 Observed Ozone (O;) and Tropospheric UV

Ozone is found throughout the atmosphere, with about
90% in the stratosphere and the remainder in the
troposphere. In both regions it is continually formed and
destroyed through photochemical processes. In the
troposphere two other important processes are the transport
of ozone rich air from the stratosphere and the destruction
of ozone at the Earth’s surface (see Section 2.2). Ozone is
radiatively important in both the ultraviolet and infrared
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parts of the spectrum and, as described in Section 4.3 of
Chapter 4, the radiative forcing due to ozone changes
depends on whether the ozone is in the stratosphere or
troposphere. This radiative forcing is greatest when the
ozone changes occur near the tropopause and so the trends
of most interest here are those observed in the upper
troposphere and lower stratosphere. We consider the
observed changes in ozone in these regions separately. Our
understanding of and ability to model the processes
controlling tropospheric ozone are discussed elsewhere in
this chapter. Our current understanding of stratospheric
ozone is described in the 1994 WMO/UNEP Ozone
Assessment and is not discussed here. Similarly, a number
of data quality issues which are discussed in some detail in
the 1994 Ozone Assessment are not mentioned here.

2.6.1 Stratospheric Ozone

For some time it has been realised that stratospheric ozone
levels over northern mid-latitudes (30°-60°N, where most
of the ground-based Dobson spectrophotometers which
monitor ozone are) have decreased since around 1970
(WMO, 1990). The losses are greatest in winter and
spring. Satellite measurements from November 1979 to
March 1991 confirmed this finding and showed that
broadly similar mid-latitudc losses have also occurred at
equivalent latitudes in the Southern Hemisphere. Globally,
the most obvious feature is the annual appearance of the
Antarctic ozone hole in September and October. The
October average values are 50-70% lower than those
observed in the 1960s. The ozone loss occurs at altitudes
between 14 and 20 km and is clearly caused by the
chlorine and bromine compounds released in the
stratospheric decomposition of halocarbons (principally
CFCs, halons and methylbromide). The weight of evidence
shows that the mid-latitude ozone loss is due largely to the
same chlorine and bromine compounds. These results and
the effect of more recent data are assessed in the 1994
Ozone Assessment.

The most obvious features in the recent record are the
low values seen in the 1991 to 1993 period. Such effects
occurred regionally, with the largest deviations (15%
below historic levels) observed in the northern mid-
latitudes in the springs of 1992 and 1993 (Bojkov et al.,
1993; Gleason et al., 1993; Kerr et al., 1993; Komhyr et
al., 1994). The globally averaged ozone values were 1-2%
lower than would be expected from an extrapolation of the
trend prior to 1991, allowing for the natural fluctuations
resulting from the solar cycle and the quasi-biennial
oscillation. In the spring of 1994 ozone values were back
in line with the long-term trend seen through the 1980s.

The trends calculated up to May 1991 and May 1994
using data trom the SBUV satellite instruments and
ground-based Dobson instruments (February 1994) are
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shown in Figure 2.7. The first point to note is that SBUV
shows a larger ozone decline, by about 2%/decade, than is
shown by the Dobson network. The best agreement occurs
in northern mid-latitudes where the Dobson network is
strongest. The reason for this difference is being
investigated. Overall the confidence in the trends from the
ground based network is high, although the observed
decreases in sulphur dioxide over Europe since the 1960s
may have induced overestimates in the ozone decreases at
polluted locations (De Muer and De Backer, 1992). The
second point is that by continuing the analysis into 1994,
the effect of the low ozone values in 1992-93 on the
calculated trend is small and is largest in northern mid-
latitudes where the largest ozone anomalies were observed.
The ozone decreases, both long-term and in 1992-93, have
occurred in the lower stratosphere at altitudes between
about 15 and 25 km (e.g., London and Liu, 1992; Kerr et
al. 1993; Hofmann et al., 1993, 1994a; Logan, 1994).
There is some disagreement between instrument types as
to the magnitude of the changes at these altitudes, but at
northern mid-latitudes the observed trends are in the range
-5 to -15%/decade.

The trend in ozone in the tropics reported using data
from the TOMS satellite instrument from November 1978
to March 1991 was effectively zero (WMO, 1991). That
found using data from January 1979 to May 1991 the
SBUV satellite instruments is -0.8 + 2.1%/decade.
Measurements made using Dobson instruments in this
region show a zero trend, but the number of observing sites
is small. It is impossible at the moment to decide which is
the best trend estimate, but it is worth noting that the
SBUYV trends in the tropics are less than 95% significant
and that the claimed stability of each system is about
1%/decade. While ozone levels in the tropics after 1991
were less obviously anomalous than those in the northern
mid-latitudes, some effect on the trend is noticeable. When
the data from 1979 to May 1994 from SBUYV are analysed,
the trend in the tropics is calculated to be -1.8 £
1.4%/decade. The corresponding trend from the ground-
based network is also more negative for the period ending
in May 1994.

Large negative trends (-20 to -30 (x18)%/decade at 16-
17 km) have been reported for the tropics using the SAGE
satellite instrument (McCormick et al., 1993). Limited
tropical ozone sonde records do not indicate significunt
trends between 15 and 20 km for this time period. With
information currently available is difficult to evaluate the
trends below 20 km in the tropics. The effect on the trend
in the total column from any changes at these altitudcs
would be small because only small amounts of ozone e
present.

Ozone values over southern mid-latitudes since 14V]
have not been very different from those seen in the
previous two years, apart from the continuing long-term
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Figure 2.7: The seasonal and latitudinal variation of the total ozone trends calculated from the Dobson ground-based measurement
record and the combined SBUV and SBUV-2 measurement records. The trends are calculated from January 1979 to May 1991 and to
February 1994 (Dobson) and May 1994 (SBUV) so that the effect of the low total ozone values which were observed in the 1991 to
1994 period can be seen. The uncertainties associated with the combined SBUV records are 1-2% (95% confidence limits) except at the
higher latitudes shown in their respective winters where they reach 3-4%. (Adapted from Harris et al., 1994)
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trend. In contrast, the springtime Antarctic depletions in
1992 and 1993 were greater than in carlier years with
record low values observed. Measurements of the vertical
profile over Antarctica show that large volumes of the
lower stratosphere around 18 km altitude contained
extremely low amounts of ozone (Hofmann et al., 1994b).
In addition, depletion of ozone occurred at altitudes above
and below the altitude range where it had occurred in
previous years.

The reasons for the anomalous behaviour in ozone in the
last three years are not known exactly, although a number
of mechanisms have been suggested. One probable major
influence was the eruption of Mt. Pinatubo in the
Philippines in June 1991 which injected large amounts of
gascous SO, into the stratosphere which was then
chemically transformed into sulphuric acid droplets
(acrosols). A thirtyfold increase in the surface area of
stratospheric acrosols was observed. The presence of
acrosols in the stratosphere can change local heating rates
which in turn affect the atmospheric dynamics and ozone
distribution. For instance, tropical stratospheric
temperatures rose in the second half of 1991, with
maximum increases of 2-3°C at 30-50 hPa (Labitske and
McCormick, 1992). At the same time negative ozone
anomalies (about 6% of background values) were observed
(Chandra, 1992; Schoeberl et al., 1992). The presence of
acrosols also affects the chemical balance by providing
surfaces on which chemical reactions involving chlorine
and bromine compounds can proceed, an effect which is
enhanced at lower temperatures. The increased altitude
range of springtime ozone depletion over Antarctica in
1992 and 1993 may be related to the presence of aerosol at
these altitudes (Hofmann et al., 1994b).

An updated analysis of the ground-based total ozone
measurements through 1991 shows that the mid-latitude
trends in the 1980s were significantly larger than those in
the 1970s. This acceleration is consistent with the
increasing halogen levels in the stratosphere and to the
non-lincarity between ozone loss and halogen levels. The
total amount of organic chlorine in the troposphere
increased by 1.6% in 1992, about half the rate of increase
(2.9¢%) in 1989, Peak total of chlorine/bromine loading in
the troposphere is expected to occur in 1994 and the
stratospheric peak will lag by about 3 to 5 years. Thus in
the next few years, stratospheric halogen amounts are
expected to start to decline. In the interim, total ozone
amounts should stop decreasing and then begin a recovery
to pre-1970 values if future halocarbon emissions are
controlled as prescribed in the current Montreal Protocol.
This recovery will take place over decades., determined by
the lifetimes of the CFCs.

While it is possible to reconcile the observed ozone
losses with the increase in chlorinated and brominated
compounds in the stratosphere, the predictive capabilities
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of the models still have significant uncertainties, in part
because of the role of heterogeneous chemistry as
demonstrated by the impact of Mt. Pinatubo. The depletion
is not linear with additional chlorine and hence one cannot
attribute a quantitative O loss to a given CFC, since the
greatest recovery of O, will occur with the first reduction
in chlorine, whatever its source.

2.6.2 Tropospheric Ozone

The state of knowledge regarding ozone trends in the
troposphere, especially in the free troposphere, is not as
good as in the stratosphere. There are a limited number of
ozone sonde stations with records suitable for long-term
trend analysis, and even at these sites a number of
questions about the data quality remain. The stations are
mainly in the Northern Hemisphere in Europe, N. America
and Japan. Even in these regions the data are somewhat
sparse (particularly in Japan) so there is a fair degree of
uncertainty involved in reaching conclusions. Elsewhere
around the globe, especially in the tropics and Southern
Hemisphere, insufficient measurements of good quality
have been made with ozone sondes to allow credible,
regionally-representative trends to be determined.
Available records have been assessed recently by Akimoto
et al. (1994), Furrer et al. (1992), Logan (1994), London
and Liu (1992), Oltmans and Levy (1994) and Tarasick ef
al. (1994).

Over the last 20-30 years, the biggest change in frec
tropospheric ozone has occurred over Europe with an
increase of perhaps 50% since the end of the 1960s. The
change over N. America is less, possibly about 10-15%.
The change over Japan is probably closer to that seen over
Europe than that over N. America. The behaviour during
the 1980s was different. Over N. America there seems to
have been no increase, and over Canada levels have
actually declined. The trend over Europe was also smaller
than before with, for instance, little change seen at
Hohenpeissenberg, Germany since the mid-1980s.

Information is contained in measurements of ozone
made at the Earth’s surface, although care has to be taken
in the interpretation of these data as they are not directly
representative of free tropospheric levels. Staehelin ¢r al.
(1994) reviewed measurements of ozone made at mountain
sites in Europe in the 1930s, 1950s and the present duv.
They concluded that ozone concentrations over Europe (0-
4 km, surface sites) are about a factor of two higher now
than in the earlier period. A number of surfuce
measurements of ozone have been made at remote .nd
high altitude sites since the early 1970s (Wege er al., 1959
Scheel et al., 1990, 1993; Kley et al., 1994; Oltmans .nd
Levy, 1994). All stations north of 20°N show a posiiive
trend in ozone that is statistically significant over e
whole period. Larger positive trends are observed at ¢
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high altitude European sites than elsewhere. In all records
only a small increase, or no change, is seen in the 1980s.
Thus the surface measurements of ozone are in qualitative
agreement with the ozone sonde record. Again, there is
only a limited amount of data in the tropics and Southern
Hemisphere: surface observations at the South Pole show
that ozone has decreased there over the last 10-20 years.
The apparent regional differences in the tropospheric
ozone trends are not fully understood. As discussed
elsewhere in this chapter, NO, and NMHC amounts vary
substantially through the troposphere, and their emissions
have changed both temporally and regionally. Numerical
simulation of tropospheric O, both global distribution and
trends over the past century, is a research task for the three-
dimensional chemical transport models (see Section 2.9).

2.6.3 Tropospheric UV

An important chemical coupling that affects the lifetimes
of CO, CH,, NMHC, HFCs and HCFCs is the change of
solar UV radiation reaching the troposphere due to
changes in stratospheric ozone column density, and
tropospheric ozone (Liu and Trainer, 1988; Briihl and
Crutzen, 1989; Fuglestvedt er al., 1994). Reductions in
stratospheric ozone as observed since the late 1970s have
been observed to lead to enhanced penetration of UV
radiation into the troposphere (Smith et al., 1992; Kerr and
McElroy, 1993) that in turn will yield increased production
of O('D) and OH. Tropospheric UV can also be altered on
regional or local scales by changes in reflecting cloud
cover, absorption by tropospheric O, or back-scattering by
anthropogenic sulphate aerosols (Liu et al., 1991).
Increased tropospheric UV will feed back into the
abundances of CO and hydrogen-containing trace gases by
increasing their sinks. In addition it will speed up the
reactions that both create and destroy tropospheric ozone
(see Section 2.2), which, depending on the NO, abundance
(Fuglestvedt et al., 1994), could lead to a net decrease or a
net increase in tropospheric ozone.

2.7 Tropospheric Nitrogen Oxides

Although of little direct impact on the tropospheric
radiation balance, NO, and NO (NO, ) have a large indirect
effect owing to their importance in tropospheric chemistry.
There, the role of NO, is that of a catalyst promoting the
formation of O and controlling the concentration of OH,
the most important oxidising agent of the troposphere (see
Section 2.2). Through OH, emissions of NO, influence the
adjustment times and thus the abundances of many
infrared absorbing gases.

2.7.1 Sources of Tropospheric NO,

NO, is emitted mainly as NO by a large variety of sources.
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The major sources of tropospheric NO, are summarised in
Table 2.5. Fossil fuel combustion in the stationary power
and transport sectors is the largest source of NO,.
Although emissions from fossil fuel use over North
America and Europe, 6 Tg(N)/yr and 7.3 Tg(N)/yr
respectively, still constitute the largest regional sources,
they have hardly increased since 1979 owing to a levelling
off in fuel consumption and to air quality abatement
measures. The emissions over Asia, however, are
continuing to increase at a rate of 4%/yr, reaching 4.7
Tg(N)/yr in 1987 with an estimated emission of 5.7
Tg(N)/yr in 1991 (Kato and Akimoto, 1992). According to
Hameed and Dignon (1991) the global emissions from
fossil fuel combustion increased from 18.1 Tg(N)/yr in
1970 to 24.3 Tg(N)/yr in 1986. Emissions from aircraft
engines are listed separately from other fossil fuel sources
because they are released predominantly in the free
troposphere at cruise altitudes (8-12 km) rather than at the
surface and are currently increasing at a mean rate of
4%/yr (Baughcum et al., 1993). Although only a small
fraction of the total combustion source, they are potentially
responsible for a large fraction of the NO, found at those
altitudes at northern mid-latitudes (Ehhalt er al., 1992).
Microbial activity in soils also gives continental sources
for NO (e.g., Sanhueza, 1992; Williams et al., 1992).

It is noted that the estimates of NO, sources in Table 2.5
are the means of a range. In the cases of fossil fuel
combustion, aircraft emissions and stratospheric input,
ranges may be as narrow as *30%; but in the case of
natural sources, these are a factor of 2. NO, produced by
lightning is probably the most important natural source in
the free troposphere and has an even larger uncertainty.
Geographical distributions and seasonal variations of these
emissions have been published and are needed to model
properly the atmospheric distribution of NO, (Penner et
al., 1991; Kasibhatala, 1993).

Table 2.5: Estimated global emissions of NO, typical of
the last decade (Tg(N)/yr).

Sources Magnitude
(Tg(N)/yr)
Fossil fuel combustion 24

Soil release (natural and anthropogenic) 12

Biomass burning 8
Lightning 5
NH, oxidation 3
Aircraft 0.4

Transport from stratosphere 0.1 (0.6 total NOy)
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2.7.2 NO, Removal Processes

Atmospheric oxidation of NO, to HNO, by OH in the
daytime and to NO, by O, at night are the most important
removal processes of NO, from the troposphere. Dry
deposition of NO, plays a lesser, but still significant, role.
Some fraction of the NO, so lost is regenerated from
HNO; or NO, in the free troposphere by photo-
dissociation. The tropospheric lifetime of NO, is short and
variable. It varies with altitude, for example, from less than
a day in the boundary layer to about a week at the
tropopause.

Although the removal processes of NO, are reasonably
well identified, the global distribution of NO, is not well
defined by observations and the loss rates are highly
variable. Thus our estimates of the atmospheric budget of
NO, are based on model simulations using highly
uncertain values for NO, sources as noted above.
Fortunately, the fact that, except for the small fraction
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which is dry deposited as NO,, all of the NO, is converted
to nitrate and deposited as such by dry or wet processes
allows an independent check of the removal of NO, from
the troposphere. The various analyses of global nitrate
deposition based on the concentration in precipitation
collected in a number of networks have been summarised
by Warneck (1988). The latest such estimate was made by
Logan (1983), giving a total deposition of (44 * 20)
Tg(N)/yr of which (17 = 5) Tg(N)/yr were due to dry
deposition of HNO;, NO3 aerosol and NO,. This estimate
balances fairly well the emissions at that time, which have
since grown to those given in Table 2.5.

2.7.3 Tropospheric Distribution of NO ,

Because of its complex geographical source pattern and its
short lifetime, the spatial and temporal distribution of
tropospheric NO, is highly variable. That variability is

10 .

B Ground Data
<> Flight Data

Lo11a1)

ANt

NOx (ppbv)
[=]

0.01

0.001 T
0.01 0.1

T T VT TTT

100

T T T TTTIT T

NOy (ppbv)

Figure 2.8: Mcasured NO, and NO, mixing ratios at the Earth’s surface and in the lower and middle troposphere of North America
(from data summarised by Carroll and Thompson, 1994). The location of the symbol indicates the mean of the measurements, the error
bars the mean standard deviation. The NOy mixing ratio given here is calculated from the mean measured NO, ratio and the NOX/NO)_
ratio given by Carroll and Thompson (1994). The letters and numbers within the symbols refer to the following measurement

campaigns:

a ABLE-3a Bethel, Barrow, AK, 0-6 km

A AASE North America 40°N, >59°N,10-12 km
b ABLE-3b Labrador, Hudson, 0—6 km

B Barrow, AK

H Harvard Forest, MA

K Kinterbush, AL

M MLOPEX Mauna Loa Obs., HI

n NACNEMS Egbert, Ontario; Bondville, IL

N Niwot Ridge, CO

P Point Arena, CA

s SOS/SONIA Candor, NC

S Scotia, PA

T TOR Schauinsland, Germany

2 CITE2 Pacific; Continental US, ~5 km

3 CITE3 Natal, Brazil; Wallops US, 0-6 km

summer 1988
winter 1988-89
summer 1990

1990
all year 1990-1992
summer 1990
spring 1988
summer 1988
summer 1984;1987
spring 1985
summer 1991
summer 1986;1988
winter,summer 1989-1990
summer 1986
autumn, summer 1989
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demonstrated in Figure 2.8 which summarises
measurements from rural and remote surface stations as
well as airborne measurements in the lower and middle
troposphere mostly over continental North America. NO,
is plotted against simultaneous measurements of NOy,
which is defined as NO + NO, + NO; + 2 x N,O4 + HNO,
+ HNO; + HNO, + PAN (peroxyacetyl nitrate) and other
organic nitrates, and describes the sum of all reactive
nitrogen compounds. NOy results from the chemical
ageing of NO,, but is longer lived and therefore a more
conservative tracer of NO, sources.

Even in this data set which excludes the high NO,
concentrations around the urban centres and the very low
concentrations in very remote areas, NO, varies over 3
orders of magnitude, the higher mixing ratio being
observed closer to the sources. The mean vertical profiles
included in these data, which reached up to 6 km, showed
little variation with altitude. The highest values were
observed over the east coast of the United States which
was the only profile with a significant vertical gradient.
NOy roughly correlates with NO_, although not well
enough to serve as a substitute for a direct NO,
measurement. As Figure 2.8 demonstrates, at a given NOv
mixing ratio NO, can still vary over two orders of
magnitude.

NO, has now been measured up to the tropopause in a
number of campaigns covering large geographical areas.
Figure 2.9 summarises the means and variability of NO_
measured in the free troposphere from many aircraft
campaigns. Unfortunately at the time of writing some of
the most recent data, notably those from PEM West over
the Pacific in September to October 1991, AASE II over
northern mid-, subpolar and polar latitudes in January to
March 1992, and TRACE A over the tropical Atlantic in
October 1992, are not available for review. However, a
number of broad conclusions can be drawn from data
collected during the STRATOZ 111 campaign in June 1984,
the AASE I effort in January to February 1989, the
TROPOZ Il campaign in January 1991, and the CITE
efforts from 1984 to 1989 (Drummond et al., 1988;
Wahner et al., 1994). The STRATOZ 11l and TROPOZ I
results indicate that:

(i) mixing ratios of NO were lower in the Southern
Hemisphere during both summer and winter;

(ii) NO mixing ratios increased with altitude in both
hemispheres during summer and winter with high values
(several hundred pptv) in the upper troposphere at the
northern mid-latitudes. Due to the generally higher
mixing ratios in the planetary boundary layer over the
continents, a C-shape vertical profile is observed in
continental air. In contrast, very low NO concentrations
are seen in the surface layer in oceanic air, a finding that

101

is shared by observations made, for example, during the
CITE-2 campaign over the eastern Pacific in summer
1986 (Carroll et al., 1992), the CITE-3 campaign over
the western Atlantic in summer and awtumn 1959
(Davis et al., 1993), and the SAGA 3 campaign in the
equatorial Pacific during February to March 1990
(Torres and Thompson, 1993);

(iii) the shape of the vertical profile at the northern mid-
latitudes changes dramatically between
winter.

summer and

In summer the mid-troposphere has relatively low NO.
with average values between 10 and 30 pptv. and the
largest vertical gradient is located between 8 and 10 km
altitude. In winter the troposphere is much more heavily
loaded with NO and sharp gradients spread throughout the
free troposphere. Some of the features obsernved in these
distributions were due to the location of the flight track.
which usually followed continental coast-lines. These are
usually more heavily populated and therefore subject 10
human-made pollution. such that intense continental
plumes would be sampled during times of off-shore winds.
The zonal distribution of NO, sources. in particular thz
difference between the oceanic lack and the continennzl
abundance of surface sources. leads to large gradiemis im
the tropospheric NO, distribution. For example. large
longitudinal gradients of NO mixing ratio were observed 2
all altitudes in the free troposphere across the Novth
Atlantic from 53°N to 65°N latitude. presuwmalbls
dominated by an outflow of poiluted atr from the Ewropeun
continent during STRATOZ 111 {Ehbalt «7 af.. F%92y. Thus.
together with the measurements shown in Frgures 2.5 amd
2.9, indicates that there is no sense im rvimg 1o defime 2
typical, globally averaged. vemiczl NG wen NO, y pcfilz.
The actual profile will alwavs stromgls amd nwpn cali
depend on location. season and lowal) wimd field i ihe
case of NO also on the nme of davy. Im twrm. swclh
information is required for the imiempmenation of it
observed profile and for 3 Setwiled comuparitsionm w1t mpadic]
calculations. The AASE 1 reswlrs prowindbe & dhéfiniomal
evidence for a C-shaped v orvcad pooffile iin cwinivenoniza] s
and for the build-up of achive misro@on spoatres wn e
upper troposphere at mid- o high Faviudics i Whe Nentchonn
Hemisphere in winter (Carrolll «ff @l 1990 T sididiision ire,
these campaigns whero EMCASUICIMCINNS, W oz e
throughout the entive verincall extant off Whe tmepasizitere. +
number of airborne campangms Miavie Hocused ain oo il
mid-tropospheric distributions of NQ_. ieahding v
ABLE-3A flights over Alzska b swormmnen SIS 0l
et al., 1992 and the ABLY 35
Canada in summer {900
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Figure 2.9: The statistical distribution of the NO, mixing ratio (ppbv) observed at various altitudes during several aircraft campaigns.
{Adapted from Carroll and Thompson, 1994)
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2.9, but we have not included here a review of NO, at
remote surface sites such as the MLOPEX campaign
(Carroll et al., 1992).

High mixing ratios of NO (300 to 500 pptv) in the upper
troposphere, observed for instance during both STRATOZ
I and TROPOZ 11, indicate NO sources in addition to the
stratospheric input (Ehhalt er al., 1992). Possible sources
are: NO produced by lightning, aircraft emissions, and fast
upward transport from a polluted boundary layer. There
are a number of observations, where the vertical NO
profile is strongly and unequivocally influenced by one or
the other of these sources, e.g., lightning (Dickerson et al.,
1987; Ridley, private comm.), aircraft emissions (Arnold
et al., 1992), fast vertical transport (Drummond et al.,
1988), which make it clear that all these sources can and
do make a contribution to the NO, in the upper
troposphere. However, at present there are not enough data
to derive their respective global contributions from
atmospheric measurements alone.

2.74 Trends of NO,

Because of the high variability in its tropospheric
concentrations, it is not possible to establish a trend for
NO, from atmospheric measurements. Some of its sources,
predominantly in the Northern Hemisphere, continue to
increase (see Section 2.7.1), and the concentration of
nitrate in Greenland ice cores shows an increase during the
last century. This evidence suggests that tropospheric NO,
has been increasing, at least in the northern mid-latitudes.
There is evidence that tropospheric O5 has increased at
northern mid-latitudes (see Section 2.6) which could be
understood in terms of a combined increase in CH,, CO
and NO,, but a quantitative reconciliation of all causes of
tropospheric O, change has not been achieved.

2.8 Carbon Monoxide and Volatile Organic
Compounds

Carbon monoxide (CO) and volatile organic compounds
(VOCs) have little direct radiative impact on the
atmosphere. However, as described in Section 2.2, these
compounds can strongly influence tropospheric chemistry
and, in particular, O, and OH concentrations, and so could
have an important indirect impact. VOCs include non-
methane hydrocarbons (NMHCs) and other organic
compounds, containing additional elements such as
oxygen.

2.8.1 Sources and Removal Processes of CO

The major sources of CO (Table 2.6) are technological
(including transport, combustion, industrial processes and
refuse incineration), biomass burning, and the oxidation of
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methane and non-methane hydrocarbons (IPCC, 1992). Ocean
sources may also be important (Erikson and Taylor, 1992).
Each of these sources has a large uncertainty. It is estimated
that about two-thirds of CO currently results from
anthropogenic activities, including that derived from anthro-
pogenic CH,. There is a large uncertainty associated with
the magnitude of the CO source from the oxidation of VOC.

The most important removal mechanism for CO is
reaction with OH radicals. Soil uptake and stratospheric
removal are minor sinks of CO (WMO, 1986). In
principle, the atmospheric removal rate for CO can be
calculated from its observed distribution, the modelled
distribution of OH, and the corresponding recaction rate
coefficients. Based on measured CO distributions and an
OH-ficld from model calculations, a removal rate of 2020
Tg(CO)/yr has been obtained. Studies of '*CO indicate
that OH levels in the Southern Hemisphere are
significantly higher than in the Northern Hemisphere
(Brenninkmeijer et al., 1992) and that global CO sinks
may be larger than indicated in Table 2.6 (Mak et al.,
1992). However, simulations of CH,CCl; (e.g.
Spivakovsky et al., 1990) do not require hemispheric
differences in OH and place tight bounds on the CO sink
consistent with the budgets adopted here.

2.8.2 Atmospheric distribution and trends of CO

Measurements made over the past 25 years have shown
that CO mixing ratios in the troposphere range from

Table 2.6: Estimated sources and sinks of CO typical of
the last decade (Tg(CO)/yr)

Sources Range
(Tg(CO)/yr)
Technological 300 - 5507
Biomass burning 300t - 700
Biogenics 60 - 160
Oceans 20 - 200
Mecthane oxidation 400 - 1000
NMHC oxidation 200 - 600
Total sources 1800 - 2700
Sinks
OH reaction 1400 - 2600
Soil uptake 250 - 640
Stratospheric loss ~100

Total sinks 2100-3000

Note: Adapted from IPCC (1992) and *J. Logan (Harvard,
pers. comm.).
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approximately 40 to 200 ppbv (e.g., Novelli er al., 1992).
Annual mean CO levels in the high latitudes of the
Northern Hemisphere are about a factor of 3 greater than
those at similar latitudes in the Southern Hemisphere
(Figure 2.10). Mixing ratios vary seasonally: highest levels
are observed during winter and lowest in summer. CO
levels over continental locations are usually greater than
over the oceans (Kirchhoff and Marinho, 1989; Poulida et
al., 1991), and regional processes, such as biomass
burning, can affect large areas distant from the emission
source (Reichle et al., 1990; Fishman et al., 1991).

Long-term trends in atmospheric CO have been
estimated at several locations world-wide using data
collected over the past 30 years (Khalil and Rasmussen,
1988b; Brunke et al., 1990; Zander et al., 1989). From
these studies a consensus emerged that up to 1990 CO
mixing ratios in the Northern Hemisphere had probably
increased at an average rate of 1%/yr (WMO, 1990). In the
Southern Hemisphere, the rate of change in CO over time
is less than in the Northern Hemisphere (Fraser ¢f al.,
1980; Dianov-Klokov ¢r al., 1989). A review of available
data concluded that there was no significant trend in the
Southern Hemisphere (WMO, 1990).

More recent data (Novelli er al., 1994) indicate that
global CO levels have fallen sharply since about 1990, at
about 7%/yr. The largest decline has been observed at high
latitudes of the Northern Hemisphere. In contrast, Khalil
and Rasmussen (1994) for the period 1987-1992 reported
decreases of 1.4 * 0.9%/yr in the Northern Hemisphere
and 5.2 = 0.7%/yr in the Southern Hemisphere. There is no

known explanation for this rapid decline although

12 1 i PR Y 4 i I 1 ] i I L L 1
| 80 — 100
10 4 40 - 60 100 L
/\
1 _6o0 120 140™~ i
= 8+ 100 L
-‘E< ) 8 1&)\ i
= 0 160 — 180
g 6] (10180
é 1 L
T 44 B
2 | L
0 AL S | — Tt T T T T 1T
90°S 60°S 30°S 0° 30°N  60°N  90°N

Latitude

Figure 2.10: The CO mixing ratios (ppbv) as a function of
latitude and altitude averaged over the four transects that were
measured during the STRATOZ 11 and STRATOZ 111 flights in
April May 1980 and June 1984, During cach of the missions, one
distribution along the cast coast of North America and the west
coast of South America and another along the cast coast of South
America and the west coast of Africa were determined (Sciler
and Fishman, 1981: Marenco er al., 1990).
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hypotheses include increasingly effective emission
controls. The extent to which this trend is a truly global
phenomenon is uncertain, because of the limited spatial
coverage of the observing network for this short-lived gas.

2.8.3 Volatile Organic Compounds
2.8.3.1 Introduction

Non-methane hydrocarbons (NMHCs) constitute a large
class of compounds containing only carbon and hydrogen
atoms. They range from the simplest such as ethane (C,H,)
and acetylene (C,H,) up to complexes with ten or more
carbon atoms. Volatile organic compounds (VOCs)
include the NMHCs and other organic compounds
containing additional elements such as oxygen.

The oxidation of VOCs in the atmosphere has a general
impact on atmospheric chemistry that depends only partly
on the individual compound and thus allows us to consider
them as a class. VOCs have a major influence on
tropospheric chemistry (Derwent, 1994a) through three
processes:

(i) as a source of tropospheric O, on the regional and
global sc